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[1] Ratios of oxygen isotope values obtained from foraminiferal calcite are one of the
most established paleoceanographic proxies. They are used in the context of estimating
variations in ice volume, ocean temperature, and salinity and provide a means to date
marine sediment cores across different ocean basins. Our study addresses the question
how the d18O of the deglacial meltwater signal propagates into the interior ocean, when
large-scale millennial-scale reorganizations of the Atlantic Meridional Overturning
Circulation (AMOC) are present. Analyzing a series of idealized tracer-injection
experiments conducted with an earth system model, we find that a substantial weakening
of the AMOC leads to a massive delay in the export of the glacioeustatic oxygen isotope
signal into the deep ocean, whereas the Atlantic-Pacific lag in benthic oxygen isotope
signals is not increased. Furthermore, it is shown that an AMOC cessation causes a
decoupling of d18O propagation time and water mass age, in particular in the deep Pacific.
Our results lend further support to the notion that benthic oxygen isotope records
obtained from stacks are not a useful global chronostratigraphic tool during periods
of millennial-scale global ocean circulation changes. The regionally varying delay effect
of the deglacial sea level signal studied here adds onto existing uncertainties in the
interpretation and decomposition of benthic oxygen isotope in terms of sea level,
temperature, and hydrographic variations.
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1. Introduction

[2] Since the late 1960s oxygen isotopic records of
planktonic and benthic foraminifera have been used to
reconstruct paleo-temperatures [Emiliani, 1966] and ice
volume changes [Shackleton, 1967]. d18O values [d18O =

18O
16O

� �
sample=

18O
16O

� �
standard � 1) � 1,000] derived from

planktonic or benthic calcite are a function of both the local
temperature in which calcification occurred and the local
isotopic composition of the ambient seawater. The latter can
be altered by hydrographic changes (e.g. changes in the water
mass distribution) and by changes in sea level. Thus, for
benthic calcite d18Ob�cc ~x; tð Þ we can decompose the spatio-
temporal variability as

d18Ob�cc ~x; tð Þ ¼ d18Osl ~x; tð Þ þ d18Otemp ~x; tð Þ þ d18Ohydro ~x; tð Þ;
ð1Þ

with the terms on the right hand side of the equation repre-
senting the sea level component, the temperature-dependent
fractionation component and the water mass (or hydro-
graphic) component, respectively. Distinguishing between
the sea level, local temperature and water mass contributions
in any sediment-based d18O signal poses one of the major
challenges in paleoceanography [Waelbroeck et al., 2011].
The high degree of co-variability between these signals on
glacial timescales further complicates the attribution.
[3] Note, that we have introduced a spatially dependent sea

level contribution d18Osl ~x; tð Þ. We further write d18Osl ~x; tð Þ as

d18Osl ~x; tð Þ ¼ 0:0072414
‰

m
h tð Þ þ d18O′sl ~x; tð Þ; ð2Þ

where h(t) captures the glacioeustatic global sea level
anomalies in meters which is translated into a mean ocean
d18O change through a factor of 1.05 ‰/145 m [Waelbroeck
et al., 2011]. The second term on the right hand side
[d18O′sl ~x; tð Þ] is the regional deviation from this global mean
associated with the propagation of the ice volume d18O signal
from the source to the core region. This regional term will
depend on the circulation state, which, at least on millennial
timescales, is heavily influenced by the deglacial freshwater
forcing in the North Atlantic. The latter is related to the time
derivative of h, abbreviated here as _h tð Þ.
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[4] Symbolically we can hence write

d18Ob�cc ~x; tð Þ ¼ 0:0072414
‰½ �
m

h tð Þ þ d18O′sl~x; _h tð Þ½ �
þ d18Otemp~x; _h tð Þ½ � þ d18Ohydro~x; _h tð Þ½ �: ð3Þ

Older studies [Shackleton, 1967; Broecker and van Donk,
1970; Shackleton and Opdyke, 1973] have almost entirely
attributed changes in benthic d18O to changes in glacioeu-
static sea level. More recent studies [Waelbroeck et al.,
2002; Skinner and Shackleton, 2005] accounted for the
contributions of temperature, regional sea level and hydro-
graphic changes, but combined the regional sea level term
d18O′sl~x; _h tð Þ½ � and the hydrographic term d18Ohydro~x; _h tð Þ½ � in
their analysis of deep ocean oxygen isotope budgets. The
goal of our study is to provide a better understanding of the
spatiotemporal behavior of d18O′sl~x; _h tð Þ½ � and the depen-
dence of the propagation time of a tracer, released into the
North Atlantic, on the ocean circulation state and the
deglacial freshwater forcing.
[5] Comparing benthic d18O records from the Atlantic and

the Pacific, it has been argued that the Pacific d18O lags the
Atlantic by 1,000–4,000 years during the last six terminations
and that age models that are based on the alignment of benthic
d18O are subject to an uncertainty of �4,000 years [Lisiecki
and Raymo, 2009]. It serves well to take a closer look at the
underlying mechanisms and potential explanations.
[6] Recent modeling studies for instance [Wunsch and

Heimbach, 2008; Siberlin and Wunsch, 2011] found a
strong dependence of the equilibration time of passive tra-
cers on the location of tracer injection as well as on other
boundary conditions. Moreover, during glacial terminations
reorganizations of the large-scale ocean circulation may
have affected the spreading of the deglacial meltwater tracer
signal into the interior ocean. As discussed above, this effect
is captured by d18O′sl~x; _h tð Þ½ �. Both effects are likely to fur-
ther limit the applicability of benthic d18O as a global
chronostratigraphic correlation tool, at least on millennial
timescales.
[7] One striking example of non-uniform benthic d18O

variability is the apparent �4,000 year lag between deglacial
benthic d18O changes in the Pacific and Atlantic, reported by
Skinner and Shackleton [2005]. The authors argued that
deep water hydrographic variations can explain some of the
heterogeneity seen in benthic oxygen isotope records in the
Atlantic and Pacific. An alternative explanation was pro-
vided in Gebbie [2012]. Using a steady ocean circulation
field he argued that various regional d18O injection scenarios
can also reproduce the Skinner and Shackleton [2005] data.
One of the key assumptions of Gebbie [2012] is that d18O is
a strictly passive tracer that does not affect the ocean circu-
lation. However, the deglacial d18O injection is inherently
coupled to an equivalent freshwater forcing which is likely
to affect the global ocean circulation and hence the propa-
gation of the tracer in the deep ocean.
[8] In particular during Heinrich event 1 [Hemming, 2004]

(�17–15 ka B.P.), freshwater forcing from melting icebergs,
accompanied by a decrease in North Atlantic surface d18O
(Figure 1b) has been suggested as the trigger for massive
reorganizations of the ocean circulation in the North Atlantic
and Pacific [Vidal et al., 1997; Bard et al., 2000; Clark et al.,
2002; Elliot et al., 2002; McManus et al., 2004; Okazaki

et al., 2010]. These circulation changes must have affected
the propagation of the deglacial d18O signal with potential
implications for the interpretation of inter-basin leads and
lags. If d18O variations originated from deglacial meltwater
changes, the doublet (d18O, salinity) would have to be treated
as an active tracer, thereby challenging the use of empirically
derived steady ocean state transit time distributions (TTD)
[Holzer and Hall, 2000; Peacock and Maltrud, 2006] and
total matrix intercomparisons [Gebbie and Huybers, 2010,
2011] in the context of rapidly occurring ice sheet variability.
[9] Using an earth system model of intermediate com-

plexity we present a series of spatiotemporal solutions for
the regionally varying sea level component of the deglacial
d18O signal. In a first set of idealized experiments we apply
constant d18O-tracer forcing to the surface of the North
Atlantic. Different ocean circulation regimes are obtained by
applying different freshwater forcing scenarios over the
same region of the North Atlantic leading to temporary,
substantial AMOC weakening. The constant d18O-forcing
will allow for an assessment of the different propagation
pathways and equilibration timescales for different circula-
tion regimes. In a second set of experiments we derive a more
realistic transient tracer forcing for the earth system model by
combining paleoceanographic records of planktonic d18O
from the North Atlantic. Capturing the deglacial evolution of
the AMOC and the surface North Atlantic d18O signal due to
disintegrating ice sheets, these experiments provide a more
in-depth understanding of lead-lag relationships between
different ocean basins with the aim to better understand the
dynamics of d18O′sl ~x; tð Þ and to estimate the contributions of
temperature, sea level and water mass changes to benthic
d18O variations in different marine sediment records.
[10] Our paper is organized as follows. In section 2 we

describe the model configuration. The design of the pertur-
bation experiments is outlined in section 3. Our main results
will be presented and discussed in section 4. Section 5 pro-
vides a brief summary of our results and some conclusions.

2. Model Configuration

[11] We conducted a series of experiments using the
atmosphere-ocean-sea ice-carbon cycle model LOVECLIM
[Goosse et al., 2010]. LOVECLIM is a well established
model for paleo-climate simulations. It is based on the
ECBilt-CLIO Earth system model of intermediate complex-
ity extended by components for vegetation and the marine
carbon cycle. The marine carbon cycle component has been
deactivated for our study. LOVECLIM’s sea ice-ocean
component (CLIO) [Goosse et al., 1999] is a primitive
equation ocean model on z coordinates with a horizontal
resolution of 3� � 3� and 20 levels in the vertical with
thicknesses ranging from 10 m to �700 m coupled to a
thermodynamic-dynamic sea ice model. The horizontal
advection of scalars and tracers is discretized by a hybrid
scheme [Rood, 1987; Campin, 1997] which is based on a
weighted upwind scheme and centered scheme. The
weighting factor varies in space and time and is calculated
according to Campin [1997]. Mixing along isopycnals, the
effect of mesoscale eddies on transports and mixing as well
as downsloping currents at the bottom of continental shelves
are parameterized according to Goosse et al. [2010]. The
strength of diapycnal mixing is coupled to the regionally
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varying roughness of bottom topography [Decloedt and
Luther, 2010] as described in detail in Friedrich et al.
[2011]. In this newly developed mixing scheme it is
assumed that the total topography-catalyzed mixing can be
expressed in terms of the topographic roughness. The modi-
fied vertical background mixing scheme employed in our
study has the functional form:

K h; r x; yð Þ½ � ¼ Kb rð Þ 1þ h=h0 rð Þ½ ��2 þ K0 ð4Þ

where the boundary diffusivity Kb(r) and decay scale h0(r)
are simple functions of topographic roughness r(x,y) that
have been determined empirically from �300 microstruc-
ture observations of turbulent kinetic energy dissipation
rates [Decloedt and Luther, 2010]. The diffusivity
K0 = 5.6 � 10�6m2/s is the minimum diffusivity that can be
sustained by the Garret-Munk internal wavefield [Polzin
et al., 1995] assuming a mixing efficiency of C = 0.2. The
topographic roughness r(x,y) and h0(r) were derived from

Figure 1. (a) Region of passive tracer (0–100 m) and freshwater (surface only) forcing for all simulations
(see also Table 1). Locations of sediment cores used for transient forcing are indicated by black crosses.
Blue crosses indicate location of sediment cores that were used for an IRD composite for comparison.
(b) Planktonic d18O (splined) as recorded in the sediment cores and indicated in the panel. Black line
represents splined average of core data. Pink line represents an splined IRD composite (normalized by
individual standard deviations) of cores indicated by blue crosses in Figure 1a. (c) Normalized d18O aver-
age used for transient forcing. A sea level rise of 100 m between 20–10 ka B.P. was assumed [Lambeck
and Chappell, 2001] equivalent to 0.7 permil d18O for scaling.
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altimeter-derived seafloor topography of Smith and Sandwell
[1997] with a resolution of 2 arc-minutes between 72�S–
72�N. In order to incorporate the new vertical background
mixing parametrization into ocean component CLIO, average
diffusivities for each 3� � 3� grid cell were calculated.
[12] The atmosphere model (ECBilt) is a spectral model

in T21 (�5.625� � 5.625�) resolution, based on quasi-
geostrophic equations with 3 vertical levels. Ageostrophic
forcing terms are estimated from the vertical motion field
and added to the prognostic vorticity equation and thermo-
dynamic equation. Diabatic heating due to radiative fluxes,
the release of latent heat and the exchange of sensible heat
with the surface are parameterized. The seasonally and
spatially varying cloud cover climatology is prescribed in
ECBilt. It should be noted that an interactive atmospheric
component is crucial for the simulation of large-scale ocean
circulation changes. The ocean, atmosphere and sea ice
component of the ECBilt-CLIO model are coupled by
exchange of momentum, heat and freshwater fluxes. The
hydrological cycle over land is closed by a bucket model for
soil moisture and simple river runoff scheme and a freshwater
flux correction is applied to account for an underestimation
of the Atlantic/Pacific moisture transport.
[13] Two additional passive tracers are active in CLIO: an

artificial dye tracer to study the effects of ocean advection
and mixing on the propagation of a deglacial d18Osl ~x; tð Þ
signal (details are given in the next section) and an age
tracer. The idealized water mass age tracer is set to zero at
the surface and attains values increasing in time, depending
on advection, diffusion and convection in the system
[England, 1995].
[14] Details on the performance of LOVECLIM under

different climate conditions can be found in Renssen et al.
[2002], Justino et al. [2005], Menviel et al. [2008], Goosse
et al. [2010], and Friedrich et al. [2011].

3. Experiment Design

[15] Two different types of experiments were conducted
using either a constant or a time-varying forcing for a purely
passive tracer in the North Atlantic. In case of constant
forcing a passive tracer is set to the arbitrary concentration of
1,000 over the first 100 m in the orange region shown in
Figure 1a. Everywhere else the tracer is initialized with a
concentration of zero. The concentration of 1,000 is strongly

relaxed in the forcing region over the entire integration time
and can evolve freely in the rest of the model domain. Since
a prescribed concentration represents an infinite source,
a concentration of 1,000 should eventually be reached at
every grid cell through advection andmixing. Four sensitivity
experiments were conducted to study the equilibration time-
scale of the passive tracer under different AMOC regimes
(Figure 2a): The control run (CONST-CTR) uses no fresh-
water (FW) forcing. In three additional runs, FW-forcing was
applied to the surface of the North Atlantic for 1,000 years
(CONST-FW1ka), 2,000 years (CONST-FW2ka) or the
entire integration time of 6,000 years (CONST-noAMOC)
respectively. A summary of the model runs is given in
Table 1. The FW-forcing amounts to 0.5 Sv and was applied
as FW flux over the orange region indicated in Figure 1a. For
the simulations CONST-FW1ka and CONST-FW2ka the
initialization of the passive tracer and the FW-forcing started
simultaneously. In case of the CONST-noAMOC run the
FW-forcing started 600 years prior to the tracer initialization
to allow for the spin-down of the AMOC.
[16] The transient experiments are designed to elucidate

the propagation characteristics of the d18Osl ~x; tð Þ signal
during the Last Glacial Termination. The integrations cover
the time period of 20–10 ka before present (B.P.).
[17] To derive a more realistic transient d18O forcing sce-

nario that captures the effect of deglacial ice sheet melting
we averaged and smoothed the planktonic d18O records of
the northern North Atlantic sediment cores HU-91-045-094
[de Vernal and Hillaire-Marcel, 2000], OCE3326-14GGC
[Keigwin et al., 2005], MD-95-2010 [Dokken and Jansen,
1999] and MD-95-2011 [Dreger, 1999] (see Figure 1b).
To generate a time-dependent d18O deglacial meltwater
forcing signal for T1-CTR and T1-H1, the composite of the
planktonic d18O records was scaled such that the volume
average in our model between the LGM and 10 ka B.P.
amounts to �0.7 permil d18O-equivalent corresponding to
�100 m of deglacial sea level rise (see equation (2))
[Lambeck and Chappell, 2001].
[18] For the experiments TR-CTR and TR-H1 the upper

ocean (100 m) tracer concentration in the orange forcing
region (Figure 1a) is strongly relaxed to the remaining gla-
cioeustatic d18O forcing signal (see Figure 1c). In the rest of
the model domain the oxygen isotope tracer was initialized
with the first value of the forcing time series and allowed to
vary freely thereafter. This is a somewhat arbitrary procedure

Table 1. Abbreviation, Description, “d18O” Forcing and Freshwater (FW) Forcing for All Model Runsa

Model Run Description “d18O” Forcing FW Forcing

CONST-CTR control run to study constant no FW forcing
equilibration timescale

CONST-FW1ka equilibration timescale for constant 0.5 Sv for 1,000 years
�2,000 years AMOC shutdown

CONST-FW2ka equilibration timescale for constant 0.5 Sv for 2,000 years
�3,000 years AMOC shutdown

CONST-noAMOC equilibration timescale for constant 0.5 Sv for entire run
very weak AMOC

T1-CTR control run to study propagation of d18O stack no FW forcing
d18O signal during Termination 1

T1-H1 propagation of d18O d18O stack 0.5 Sv for 2,000 years
including Heinrich event 1

aThe forcing for the passive tracer was applied over the first 100 m of the orange region depicted in Figure 1a. FW forcing was applied to the surface of
the indicated region. The d18O data used for the time-varying forcing are shown in Figures 1b and 1c.

FRIEDRICH AND TIMMERMANN: MELTWATER PULSES AND BENTHIC d18O PA3215PA3215

4 of 14



Figure 2. (a) AMOC in Sv for the different experiments as indicated in the panel. The strength of the
AMOC is defined by the maximum of the overturning in the Atlantic north of 30�N. (b) Passive tracer
concentration for CONST-CTR run in percent of equilibrium concentration averaged for deep (depth >
2,000 m, black) and surface (red) North Atlantic (75�W–30�E/45�N–70�N), deep Southern Ocean (blue,
45�S–80�S, depth > 2,000 m) and deep eastern Equatorial Pacific (green, 120�W–90�W/10�S–10�N,
depth > 2,000 m). (c–e) Same as Figure 2b for experiments CONST-noAMOC, CONST-FW1ka and
CONST-FW2ka, respectively. Basin-averages of half-saturation times are indicated by dashed lines and
numbers in the panels.
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as it removes any spatial d18O gradients which were shown to
be in the order of 5 permil for a present-day ocean [LeGrande
and Schmidt, 2006]. Furthermore it assigns planktonic d18O
values also to regions that are regarded as benthic. However,
as can be seen in Skinner and Shackleton [2005], benthic
d18O concentrations have been virtually identical in the deep
eastern equatorial Pacific and at the Iberian Margin around
20 ka ago. It was not our intention to provide a complete
simulation of the deglacial d18O evolution. Our main goal is
to examine the effects of ocean circulation changes on the
propagation of the temporally evolving d18Osl ~x; tð Þ signal.
[19] The control simulation (T1-CTR, see Table 1) uses

only the transient surface d18O forcing (Figure 1c) and the
tracer is treated as a passive tracer. To account for the effects
of large-scale changes in ocean circulation during H1 on the
signal propagation, an experiment (T1-H1) was designed in
which 0.5 Sv FW-forcing was applied for 2,000 years to
generate a �3,000 yearlong AMOC shutdown starting at
18 ka B.P., in qualitative agreement with reconstructions
from the North Atlantic [Bard et al., 2000; Clark et al.,
2002; McManus et al., 2004]. It should be noted here that
the idealized duration, strength and temporal evolution of
the FW-forcing was chosen according to the AMOC sensi-
tivity of the Earth system model. A value of 0.5 Sv applied
over a period of 2,000 years corresponds to about 90 m sea
level rise which is more than current estimates for H1
[Siddall et al., 2003]. Furthermore, the rectangular shape of
the forcing was chosen for simplicity. It proves very diffi-
cult to derive the exact North Atlantic FW-forcing from
planktonic d18O data.
[20] All simulations were run under preindustrial bound-

ary conditions but with a closed Bering Strait. The passive
d18O tracer is subject to the exact same advection and mix-
ing as temperature and salinity. Surface fluxes and temper-
ature-dependency of d18O are not taken into account. The
FW-hosing experiments were conducted without salinity
compensation.
[21] Our study only considers North Atlantic injections of

the deglacial d18O signal and ignores any potential con-
tributions from Antarctica.

4. Results and Discussion

4.1. Constant Tracer-Forcing in the North Atlantic

[22] The control simulation (CONST-CTR) is character-
ized by a stable AMOC with a mean value of about 28 Sv
(defined by the maximum of the overturning in the Atlantic
north of 30�N) (Figure 2a). The strong overturning is partly
generated by the closed Bering Strait which inhibits salinity
exchange between the Arctic and the Pacific leading to a
saltier North Atlantic [Hu et al., 2010]. NADW production
allows the artificial tracer to reach the deep North Atlantic
within several years to decades (Figure 3a). From here it is
exported along the NADW path in the deep western
boundary current (Figures 4a and 4b) and is detectable in the
Southern Ocean after about 100 years. The spreading into
the Pacific and the Indian Ocean occurs mostly along the
bottom water path. The North Pacific is reached through a
slow process involving vertical mixing. Due to the distinct
propagation path, local equilibration timescales are very
different and do not necessarily reflect the distances to the
source. The water column of the Atlantic north of 40�N and

the Arctic Ocean becomes fully equilibrated after about
1,000 years (Figure 3b). By this time, tracer concentrations
in the intermediate depth range of the North Pacific are still
below 10% of the equilibrium concentration. After about
3,000 model years concentrations in the North Pacific are
half equilibrated. The South Atlantic still exhibits a vertical
gradient with lowest concentration at intermediate depths
(see Figure 3c).
[23] The propagation pathway and ocean ‘turn-over’ time-

scale change dramatically when the AMOC is severely
reduced. The permanent FW-forcing in the CONST-noAMOC
experiment reduces the AMOC down to values of about 2 Sv
(Figure 2a). As a consequence of a shutdown of NADW pro-
duction, the artificial d18O tracer cannot reach the deeper layers
of the North Atlantic (Figure 3e) and the deep western
boundary current ceases to flow to the south (Figure 4e). The
propagation occurs near the surface into the Southern Ocean
and the Pacific (Figures 3f and 3g). Interestingly, upper layers
of the North Pacific are reached faster in case of a weak North
Atlantic overturning. After 1,000 years concentrations in
the North Pacific in the depth range of 1,000 m are higher in
case of AMOC cessation than for CONST-CTR (Figure 3g).
The main reason is the corresponding large-scale circulation
change in the North Pacific. As a result of the AMOC weak-
ening, an overturning circulation develops in the North Pacific
(PMOC) (Figure 3e), in good agreement with reconstructions
for Heinrich event 1 and previousmodel results [Okazaki et al.,
2010]. As shown in Figure 3e, this PMOC reaches in our
model values of about 15 Sv. It increases the influx of water
into the North Pacific at the surface and enhances ventilation of
the intermediate depth range of 800–2,000 m. In the long run,
however, the equilibration timescales are dominated by the
slow efflux of the tracer out of the North Atlantic. At the end of
the integrations after 6,000 years, the artificial tracer con-
centrations are almost everywhere significantly lower in the
CONST-noAMOC run compared to the control experiment
(CONST-CTR) with the North Pacific not even reaching 50%
of the saturation concentration (Figures 3d and 3h and
Figures 2b and 2c).
[24] The experiments CONST-CTR and CONST-noAMOC

can be regarded as the two extreme scenarios of our idealized
simulation of the d18O tracer propagation. They provide
valuable insight into the propagation characteristics that
helps explain features of the simulations of temporary
AMOC weakening in the experiments CONST-FW1ka and
CONST-FW2ka. It takes the AMOC about 200 years in both
simulations to drop to values of 2 Sv (Figure 2a). During this
short time, while NADW formation is still active, a fraction
of the tracer is transported into the deep North Atlantic
leading to a temporary increase in the artificial tracer con-
centration (Figures 2d and 2e). After the complete cessation
of AMOC transport the tracer supply to the deep North
Atlantic is brought to a halt and North Atlantic concentra-
tions decrease again due to the entrainment of waters low
in tracer concentration. Until the AMOC resumes after
about 2,000 and 3,000 years respectively, the evolution of
the averaged tracer concentration in CONST-FW1ka and
CONST-FW2ka resembles that of CONST-noAMOC. With
the beginning AMOC recovery, a transition phase of a few
hundred years can be identified after which the evolution of
the our idealized d18O tracer concentration is similar to the
CONST-CTR experiment.
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[25] The development of a PMOC during the AMOC
shutdown phase leads to a decoupling of the propagation
timescale of our passive tracer from water mass ages in the
Pacific below 1,000 m. Figure 5 illustrates that the ratio G
between d18O tracer half saturation time (for a North
Atlantic deglacial d18O injection) and a water mass age
tracer is significantly larger than one, in the Southern Ocean
and the North Pacific, even in the CONST-CTR simulations.
During the �3,000-yearlong AMOC shutdown that is simi-
lar to the one reconstructed for H1 [Bard et al., 2000; Clark

et al., 2002; McManus et al., 2004] in experiment CONST-
FW2ka, also the ratio in the North Atlantic attains values of
2–3. In this case strong ventilation in the North Pacific
reduces the water mass age considerably. However, the half
saturation time of the d18O signal in the deep North Pacific
increases to up to �5,000 years, thereby generating a very
large North Pacific ratio G of 10–30 in the upper 2,000 m. In
other words, paleo ventilation age estimates obtained for
instance with radio-carbon data, are an unreliable proxy for
the time it takes the deglacial d18O signal to reach the

Figure 3. (a–d) Passive tracer concentration for CONST-CTR run in percent of equilibrium concentra-
tion zonally averaged for Pacific (left) and Atlantic (right) respectively. Times as indicated in the panels.
(e–h) Same as Figures 3a–3d for CONST-noAMOC run. Blue contours in Figures 3a and 3e represent
meridional overturning stream functions (Sv) averaged over the entire runs. Please note the non-linear col-
orscale and the split z-axis.
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location of interest. Hence, arguments invoking radiocarbon
age constraints in the context of benthic d18O spreading
[Duplessy et al., 1991] have to be revisited, as already
pointed out by Wunsch and Heimbach [2008] and Siberlin
and Wunsch [2011].
[26] The experiments described above represent highly

idealized scenarios. However, one immediate implication of
our results is that in case of a North Atlantic tracer injection

the turn-over timescale of the oceans that is often assumed to
be in the order of�1,000–1,500 years [Duplessy et al., 1991]
is significantly smaller than the tracer equilibration timescale
for a North Atlantic surface tracer injection. Furthermore, we
have shown that the latter depends heavily on the state of the
large-scale ocean circulation. Our results also imply that a
�3,000-yearlong AMOCweakening during Heinrich event 1
[Bard et al., 2000; Clark et al., 2002;McManus et al., 2004]

Figure 4. (a–d) Passive tracer concentration for CONST-CTR run in percent of equilibrium concentra-
tion for times and depths as indicated in the panels. Vectors in Figure 4a show the mean deep ocean veloc-
ity for the model simulation averaged between 2,000 and 5,500 m. Vectors north of 40�N and for
velocities <5 mm/s are omitted for clarity. (e–h) Same as Figures 4a–4d for CONST-noAMOC run. Please
note the non-linear colorscale for passive tracer concentration.
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may have caused substantial lags between surface North
Atlantic and deep Pacific d18O reaching up to �4,000 years.

4.2. Transient Tracer Forcing in the North Atlantic

[27] To elucidate how the time-varying deglacial North
Atlantic planktonic d18O signal is propagated through the
ocean under time-varying deglacial freshwater forcing and
d18O, we further study the results of the transient T1-H1
andT1-CTR experiments. Figure 6a reveals that the adopted
freshwater forcing generates an AMOC shutdown, that quali-
tatively resembles the observed evolution of North Atlantic
Pa/Th anomalies [McManus et al., 2004] which are believed to
be indicative of deep ocean ventilation. Note, however, that
given the uncertainties associated with the analysis of Pa/Th
data, their robustness is still a matter of debate [Siddall et al.,
2007; Negre et al., 2010; Burke et al., 2011].
[28] The resumption of the AMOC coincides with the

Bølling Allerød. No attempt was made here to simulate the
AMOC weakening during the Younger Dryas around 13–11
ka B.P.

[29] In the control run that uses only the transient d18O-
forcing but no FW-forcing (T1-CTR), the simulated d18O
concentrations in the North Atlantic below 2,000 m (we
choose the location of the Iberian Margin core MD99-2334
[Skinner and Shackleton, 2005]) show only little phase lag
with respect to the surface values driven by the d18O stack
(Figure 6b). However, as a result of the slow propagation, the
simulated benthic d18O does not capture the H1 freshwater
peak in the planktonic forcing around 16.5 ka B.P. The heavy
smoothing of the planktonic d18O source signal in deep cores
can be described in terms of a convolution of the source
function with the Greens-function of the problem [Wunsch,
2002]. Hence we conclude that benthic d18O sea level
reconstructions are very likely to miss important millennial-
scale and faster variations in deglacial meltwater forcing. The
simulated lag between the deep eastern Equatorial Pacific
(we have chosen the location of the core TR163-31B
[Skinner and Shackleton, 2005]) and the deep North Atlantic
(location of MD99-2334) amounts to about 1,000 years in
T1-CTR (Figure 6b). As a result of a substantial decrease in

Figure 5. (a) Pacific and (b) Atlantic zonal mean of the ratio of d18O half saturation time for a North
Atlantic injection and the water mass age (derived from a water-age tracer), as simulated by CONST-
CTR. (c and d) Same as Figures 5a and 5b, but for experiment CONST-FW2ka averaged for model years
1,800–2,300.
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the strength of the AMOC in T1-H1 the simulated lag
between surface forcing in the Atlantic and benthic d18O
values increases to about 2,500–3,000 years. However, the
Atlantic-Pacific lag in the benthic signal remains virtually
the same.
[30] To further decompose the Iberian margin sediment

core d18O signal into a local glacioeustatic contribution
d18Osl ~x; tð Þ, a temperature contribution d18Otemp ~x; tð Þ and a
water mass contribution d18Ohydro ~x; tð Þ, we subtract the
estimates of the local glacioeustatic d18Osl ~x; tð Þ (simulated
by T1-H1) (Figure 7a, blue line) and the temperature contri-
bution (derived and scaled from the benthic Mg/Ca derived
temperature of core MD99-2334 [Skinner et al., 2003;
Skinner and Shackleton, 2006]) (Figure 7a, purple line) from
the benthic d18O Iberian Margin record (Figure 7a, cyan
line). According to our reasoning, the residual (see Figure 7b,
black line) captures the d18O variations due to hydrographic
changes and shows a massive intrusion of isotopically heavy
waters during Bølling Allerød (BA) and a depletion during
Heinrich event 1 and Younger Dryas. This is consistent with
the notion of an increased intrusion of Antarctic bottom
water (isotopically light in d18O) during H1, and a replen-
ishment of isotopically heavier Atlantic Deepwater during
the BA. An independent confirmation is provided by the
benthic d13C record from the Iberian Margin [Skinner and
Shackleton, 2004] which reveals isotopically lighter water

during Heinrich event 1, reminiscent of Antarctic Bottom
Water and a positive anomaly during BA.
[31] For the deep eastern equatorial Pacific core TR163-

31B, the decomposition leads to very different results.
Overall the magnitudes of the observed benthic d18O change
(Figure 7c, cyan), the simulated deglacial sea level contri-
bution (Figure 7a, blue) and the reconstructed temperature
changes (Figure 7a, purple) are smaller than for the North
Atlantic. The residual (Figure 7d) shows millennial-scale
variability in hydrographic d18O superimposed onto an
overall deglacial trend toward more negative values. A more
detailed interpretation of these results in the context of
changes in AABW and Glacial Pacific Deep water is beyond
the scope of the present study.
[32] Whereas, our approach clearly reveals the state-

dependence of the regional d18O′sl ~x; tð Þ signal, we also see
that both for the Iberian margin core and the deep eastern
equatorial Pacific core, its effects are relatively small com-
pared to the massive deglacial changes in d18Otemp ~x; tð Þ and
d18Ohydro ~x; tð Þ, respectively.

5. Discussion and Conclusions

[33] The main findings of our transient experiments reveal
that an AMOC weakening such as during Heinrich event 1
cannot create a lead-lag relationship in the benthic d18O as

Figure 6. (a) AMOC in Sv for T1-H1 run (blue line) and Pa/Th data (black line) [McManus et al., 2004].
Please note that no attempt was made to simulate the AMOC weakening around 13 ka B.P. The strength of
the AMOC is defined by the maximum of the overturning in the Atlantic north of 30�N. (b) Estimates of gla-
cioeustatic sea level anomalies (relative to the LGM) (symbols) from Lea et al. [2002], Peltier and Fairbanks
[2006], Siddall et al. [2003], and Waelbroeck et al. [2002]. Averaged surface North Atlantic deglacial melt-
water forcing (black), simulated Iberian Margin (2,000–4,000 m, blue) and eastern equatorial Pacific (2,000–
4,000 m, red) d18O(x,y,z,t) anomalies (relative to LGM) for TR-CTR (dashed) and TR-H1 (solid).
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observed by Skinner and Shackleton [2005]. However, our
results also show that a “sluggish” ocean circulation can
create a lag of several thousand years between the (surface)
source region of the meltwater-induced d18O signal and other
parts of the oceans. This result further challenges common
practices of dating cores using benthic d18O stacks [Lisiecki
and Raymo, 2005], at least during times of massive ocean
circulation changes, such as glacial terminations. Further-
more, estimates of non-glacioeustatic contributions [Skinner
and Shackleton, 2005] often rely on the assumption that
benthic d18O stacks represent the actual regional d18O value
due to ice-volume changes. According to our results this
assumption needs to be revisited, since the spatiotemporal
characteristics of the ice sheet melt signal in benthic d18O
can not be ignored. Figure 8 shows the depth-time evolution
of the horizontally averaged error D = d18O(z,t)� d18O(t)
between the horizontally averaged d18O(z,t) and the global
mean d18O(t) (shading) as well as the percentage change
relative to the LGM value � =D/[d18O(t)� d18O(t = 20 ka)]�
100%.

[34] Assuming that the North Atlantic d18O injection
represents the effect of the disintegrating Northern Hemi-
spheric ice sheets, the volume integral of d18O represents the
glacioeustatic sea level component. Figures 8a and 8b dis-
plays the regional manifestation of the sea level component
in d18O as a function of depth, time and ocean circulation.
We observe that for a weak AMOC (Figure 8b), there is a
significant delay of the global deglacial sea level component
in d18O at depths of >2,000 m and an overestimation for
depths shallower than 1,000 m. During H1, when the global
mean benthic d18O sea level signal has already decreased by
0.1–0.2 permil (see Figure 6b), the tracer concentrations in
TR-H1 at depths below 2000 m have only reached 50% of
this value. At the same time the injection of d18O at the sur-
face leads to temporary vertical deviations from the global
mean deglacial signal that attain values of up to 200%. With
the recovery of the AMOC around 15 ka B.P. the situation
reverses and the deep ocean values are even exceeding the
global deglacial signal, whereas the surface values are lag-
ging behind. These results clearly demonstrate that during

Figure 7. (a) Simulated glacioeustatic benthic d18O signal for T1-H1 (blue) at the location of MD99-
2334 in the northeastern Atlantic and at 3150 m depth, reconstructed benthic d18O (cyan) from MD99-
2334 [Skinner and Shackleton, 2004; Waelbroeck et al., 2011], and reconstructed temperature effect on
d18O (purple) obtained from benthic Mg/Ca-temperature data [Skinner and Shackleton, 2005] translated
to d18O. All time series are anomalies relative to the LGM. (b) Residual benthic d18O (black) derived
by subtracting the temperature effect and the simulated regional glacioeustatic effect from the observed
data, benthic d13C from Planulina wuellerstorfi (red) in MD99-2334 [Skinner and Shackleton, 2004].
(c) Same as Figure 7a but for deep eastern equatorial Pacific core TR163-31B [Skinner and Shackleton,
2005]. (d) Residual water mass-related benthic d18O in TR163-31B.
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periods of large changes of the AMOC, substantial errors can
occur in estimating the glacioeustatic signal from benthic
d18O variations.
[35] Our results also demonstrate that ventilation ages or

water mass ages should not be confused with the timescale
it takes the North Atlantic deglacial d18O signal to reach a
particular location (Figure 5), measured in terms of the half
saturation time of a quasi-active tracer, such as d18O.
[36] Furthermore, the large changes in the propagation

pathways that occur in response to the FW forcing in our

study (Figures 3 and 4) call for a revision of concepts that
heavily rely on the assumption of stationarity of the ocean
circulation [Holzer and Hall, 2000; Peacock and Maltrud,
2006; Gebbie and Huybers, 2010; Gebbie, 2012] and short
ocean ‘turn over’ timescales [Duplessy et al., 1991] in the
context of deglacial climate change and millennial-scale
variability associated with Heinrich events and other melt-
water pulses. It remains arguable whether TTDs derived
from OGCMs run under present-day climatological condi-
tions can be used as a tool to explain the temporal evolution

Figure 8. (a) Shading: Hovmöller diagram of the horizontally averaged error [permil] between the
d18O(z,t) and the horizontally and vertically averaged d18O(t) for T1-CTR. (b) Same as Figure 8a but
for T1-H1. Contours: relative error (�) with respect to the horizontally and vertically averaged d18O(t)
change since LGM; � = [d18O(z,t)-d18O(t)]/[d18O(t) � d18O(LGM)] � 100%.
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of paleo-proxies on millennial timescales. However, our
results cannot not rule out the possibility that interbasin lags
in benthic d18O are driven by regionally varying surface
conditions and their constructive and destructive interference
[Gebbie, 2012]. Ideally, the two scenarios should be com-
bined to allow for both a regionally varying surface d18O/FW
forcing and an ocean circulation that responds accordingly.
[37] Summarizing, our paper has demonstrated the com-

plexities in interpreting the d18O of benthic foraminifera in
the context of rapidly varying ocean circulations. Our study
focuses only on the northern hemispheric source of deglacial
d18O. A more refined hemispheric distribution of the d18O
sources may help to improve our current estimates of d18O′sl,
but such results will still be prone to uncertainties in fresh-
water forcing originating from the disintegrating glacial ice
sheets.
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