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[1] Paleoproxy records indicate that a marked weakening of the Atlantic Meridional
Overturning Circulation (AMOC) during Heinrich events was often accompanied by a
notable atmospheric CO2 increase. However, previous modeling studies display
conflicting atmospheric CO2 responses to an AMOC shutdown. Here we use model
simulations combined with paleoproxy records to show that depending on the deep and
bottom water transport in the Northern and Southern Pacific Ocean during an AMOC
weakening, the ocean can act either as a sink or a source of carbon. Results from
idealized meltwater experiments as well as from a transient experiment covering Heinrich
stadial 4 suggest that a shutdown of the AMOC during Heinrich stadials 4 (HS4) and 1
(HS1) led to an enhancement of Antarctic Bottom Water (AABW) and North Pacific
Deep Water (NPDW) transport. We show that enhanced deep and bottom water transport
in the Pacific Ocean ventilates deep Pacific carbon through the Southern Ocean, thus
contributing to a rise in atmospheric CO2. This mechanism yields a good agreement
between paleoproxy records and modeling results, thus highlighting the possible
establishment of an Atlantic-Pacific seesaw during Heinrich stadials. Enhanced AABW
and NPDW transport could account for most of the observed atmospheric CO2 increase
during HS4 and for about 30% of the atmospheric CO2 increase during HS1.
Citation: Menviel, L., M. H. England, K. J. Meissner, A. Mouchet, and J. Yu (2014), Atlantic-Pacific seesaw and its role in
outgassing CO2 during Heinrich events, Paleoceanography, 29, 58–70, doi:10.1002/2013PA002542.

1. Introduction
[2] The last glacial period and the last deglaciation

were punctuated by millennial-scale events during which
the Atlantic Meridional Overturning Circulation (AMOC)
weakened substantially [McManus et al., 2004]. These
events, called Heinrich events [Vidal et al., 1997], occurred
most likely due to the addition of meltwater in the North
Atlantic as a result of ice sheet instabilities [Heinrich, 1988].
A weakening of the AMOC during Heinrich events had
a strong impact on the climate around the North Atlantic
region [Dansgaard et al., 1993; Bond, 1993] and, via oceanic
and atmospheric teleconnections, it also led to significant
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climate change in the tropics [Deplazes et al., 2013], across
Asia [Tada et al., 1999; Wang et al., 2001], and through
the bipolar seesaw effect, in Antarctica [Blunier and Brook,
2001]. However, not all Heinrich stadials display similar
characteristics. Paleoproxy records suggest that Heinrich
stadial 4 (HS4, 40–38 ka B.P.) [Hemming, 2004], was asso-
ciated with a strong cooling over Greenland [Huber et al.,
2006] and the North Atlantic [Bard, 2002; Martrat et al.,
2007] as well as with a significant atmospheric CO2 increase
at the beginning of the cool phase [Bereiter et al., 2012; Ahn
et al., 2012]. Paleorecords display little coherency regard-
ing the amplitude and the timing of Heinrich stadial 3,
maybe because in contrast to other Heinrich events, it origi-
nated from the Fennoscandian ice sheet [Elliot et al., 1998;
Snoeckx et al., 1999; Grousset et al., 2000] . Heinrich sta-
dial 2 also displays a muted climatic response without any
discernible change in atmospheric CO2 [Ahn and Brook,
2008]. Finally Heinrich stadial 1 (HS1), which occurred
right at the beginning of the last deglaciation, is associ-
ated with an atmospheric CO2 increase, but it is still unclear
how much of this increase is due to the abrupt circulation
changes and how much is due to other processes linked to
the deglaciation. Oceanic �14C [Skinner et al., 2010; Burke
and Robinson, 2012] and atmospheric ı13C records [Schmitt
et al., 2012] indicate that greater Southern Ocean ventila-
tion during HS1 could have led to the observed atmospheric
CO2 rise.

[3] Previous studies examined either the terrestrial car-
bon response [Scholze et al., 2003; Köhler et al., 2005],
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Figure 1. Paleoproxy records of Heinrich event 1 compared to idealized meltwater experiments: (left)
Paleoproxy records (where available) and (right) modeling results for experiments L-fNA (solid grey),
L-fNASOEEP (solid red color), U-fNA (dashed grey), and U-fNASOEEP (dashed red color). Time series of
(A) Freshwater flux (Sv) in the North Atlantic (grey) for all experiments and over the Southern Ocean
and the EEP for L-fNASOEEP (red) and U-fNASOEEP (green). (b) Maximum overturning circulation during
the deglaciation as recorded in marine sediment cores from the North Atlantic by McManus et al. [2004]
(black) and Gherardi et al. [2005] (grey); (B) Maximum overturning circulation in the North Atlantic
(Sv); (c) Compilation of ventilation ages (years) from Northwestern Pacific sediment cores [Okazaki et
al., 2010], Benthic-Planktonic foraminifera ages (black circles) with 1� error bar, and smoothed spline
interpolation of averaged BF-PF and projection ages (green); (C) North Pacific Deep Water transport
anomaly (Sv); (d) �Nd from core RC11-83 in the South Atlantic [Piotrowski et al., 2005]; Note that the
6 ka B.P. value is –9.3, thus indicating a greater proportion of AABW relative to NADW during HS1;
(D) Antarctic Bottom Water transport anomaly in the Pacific Ocean (Sv). The AABW is calculated here
as the maximum strength of the overturning in the abyssal cell at 35ıS and positive �AABW indicates
stronger AABW; (E) global export production anomalies (%) (f) opal flux (g/cm2/kyr) in marine sedi-
ment core TNO57-13PC from the South Atlantic [Anderson et al., 2009]; (F) opal production anomalies
(%) for LOVECLIM and marine export production anomalies (%) for the UVic ESCM over the South
Atlantic (50ıW–20ıE, 42ıS–60ıS); (G) Changes in PO4Pref/PO4Tot (%); (h) SSS anomalies in the South
Pacific ocean as derived from planktic ı18O for core MD03-2611 [Calvo et al., 2007] (see section 2); (H)
SSS anomaly averaged over the South Pacific Ocean (120ıE–200ıE, 35ıS–50ıS); (i) atmospheric CO2
anomalies (ppmv) as recorded in the European Project for Ice Coring in Antarctica Dome C ice core,
Antarctica [Parrenin et al., 2013]; (I) simulated atmospheric CO2 anomaly (ppmv). Please note that the
ice core and simulated �pCO2 are on different scales.

the marine carbon cycle response [Marchal et al., 1999;
Chikamoto et al., 2012], or the combined marine and ter-
restrial carbon response [Obata, 2007; Schmittner et al.,
2007; Menviel et al., 2008a; Schmittner and Galbraith,

2008; Bozbiyik et al., 2011; Bouttes et al., 2012; Huiskamp
and Meissner, 2012; Matsumoto and Yokoyama, 2013] to
an AMOC shutdown. While some modeling studies con-
cluded that the oceanic carbon content increased as a result

59



MENVIEL ET AL.: HEINRICH CO2

Figure 2. Decomposition of CO2 changes for idealized meltwater experiments: Time series of (a) sim-
ulated atmospheric CO2 anomaly (ppmv); (b) changes in atmospheric CO2 (ppmv) as calculated from the
different contributions of�SSS,�SST,�ALK, and�DIC (see section 2); (c) global SSS (dashed, g/kg)
and SST (solid, ıC) anomalies; (d) changes in atmospheric CO2 (ppmv) as calculated from �SSS and
�SST; (e) changes in atmospheric CO2 (ppmv) resulting from global surface �DIC (solid) and �ALK
(dashed); (f) changes in atmospheric CO2 (ppmv) resulting from the combined contribution of�DIC and
�ALK for standard meltwater experiments performed with LOVECLIM (L-fNA, blue) and the UVic
ESCM (U-fNA, black) as well as meltwater experiments with a negative freshwater flux in the Southern
Ocean and EEP for LOVECLIM (L-fNASOEEP, red) and the UVic ESCM (U-fNASOEEP, green).

of an AMOC shutdown [Obata, 2007; Menviel et al., 2008a;
Bozbiyik et al., 2011; Chikamoto et al., 2012], others sug-
gested the opposite [Marchal et al., 1999; Schmittner et
al., 2007; Schmittner and Galbraith, 2008; Bouttes et al.,
2012; Matsumoto and Yokoyama, 2013]. Most of the studies
[Marchal et al., 1999; Bouttes et al., 2012; Matsumoto and
Yokoyama, 2013] which concluded that the oceanic carbon
content decreased as a result of an AMOC shutdown, applied
global salt compensation in their experimental design. Sim-
ulating a shutdown of the AMOC due to an ice sheet
collapse presents some technical difficulties as the volume
of the ocean remains constant in most climate models. In
addition, freshwater pathways in the North Atlantic are
affected by model resolution [Condron and Winsor, 2011;
Spence et al., 2013]. It is thus likely that due to a combi-
nation of experimental design, model resolution, and other
model biases, standard meltwater experiments might not
capture the past variability of Pacific deep and bottom water
masses accurately.

[4] Here we show that knowledge of changes not only
in North Atlantic Deep Water (NADW) but also in North
Pacific Deep Water (NPDW) and Antarctic Bottom Water
(AABW) transport is required to fully understand the
responses of the global climate and oceanic carbon cycle
during Heinrich events. We further suggest that a strength-
ening of AABW and NPDW formation during HS1 and HS4
caused a carbon release from the deep Pacific Ocean, thus
leading to an atmospheric CO2 increase.

2. Methods
2.1. Model and Experimental Design

[5] In this study we perform experiments with two Earth
System Models of Intermediate Complexity: LOVECLIM
1.1 [Goosse et al., 2010] and the University of Victoria
Earth System Climate Model (UVic ESCM) v2.9 [Weaver
et al., 2001]. The ocean component of LOVECLIM (CLIO)
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Table 1. Main Results of Idealized Experiments. Changes in Atmospheric CO2 and Carbon
Content (GtC) in the Atlantic, Pacific, Indian, and Arctic Basins as Well as in the Southern
Ocean at Model Years 1990–2000 Compared to the LGM Control Runa

�pCO2 �C Atl. �C Pac. �C Ind. �C SO �C Arctic
Exp. (ppmv) (GtC) (GtC) (GtC) (GtC) (GtC)

LOVECLIM
L-fNA –4.4 366 (216) –397 (–66) –40 24 57
L-fNASOEEP 9.8 344 (172) –430 (–218) –29 31 50
UVic
U-fNA –3.5 280 (167) –344 (–147) –12 41 40
U-fNASOEEP 24 302 (124) –408 (–314) 11 –7 48

aFor the Atlantic and Pacific basins, the first number represents changes integrated over all depths and
the number in brackets represents changes integrated over the deep ocean only (�2000 m).

consists of a free-surface primitive equation model with
a horizontal resolution of 3ı longitude, 3ı latitude, and
20 depth layers. The atmospheric component (ECBilt) is a
spectral T21, three-level model based on quasi geostrophic
equations of motion. LOVECLIM also includes a dynamic-
thermodynamic sea ice model, a land surface scheme, a
dynamic global vegetation model (VECODE), and a marine
carbon cycle model (LOCH) [Menviel, 2008; Mouchet,
2011]. The UVic ESCM consists of an ocean general cir-
culation model (Modular Ocean Model, Version 2) with a
resolution of 3.6ı longitude and 1.8ı latitude and coupled
to a vertically integrated two-dimensional energy-moisture
balance model of the atmosphere including a parameter-
ization of geostrophic wind stress anomalies, a dynamic-
thermodynamic sea ice model, a land surface scheme, a
dynamic global vegetation model [Meissner et al., 2003b], a

marine carbon cycle model [Schmittner et al., 2008], and a
sediment model [Meissner et al., 2012].

[6] First, some idealized experiments are performed with
LOVECLIM and the UVic ESCM under constant Last
Glacial Maximum (LGM, 21 ka B.P.) boundary conditions.
A presentation of the performances of LOVECLIM and the
UVic ESCM under LGM conditions can be found in pre-
vious publications [Menviel et al., 2008a; Meissner et al.,
2003a]. As the sea level was lower during glacial times,
the Bering Strait is closed in all the experiments. Our study
focuses on the marine carbon cycle response to a shut-
down of the AMOC. To avoid the marine carbon cycle
responding to changes in terrestrial carbon, the terrestrial
carbon reservoir is kept constant at its LGM value in all
the experiments performed here. We run two experiments
in which the AMOC is shut down through the addition

Figure 3. Sea Surface Salinity anomalies: SSS (g/kg) anomalies with respect to the LGM control run
averaged for model years 1990–2000 for (top) standard meltwater experiments and (bottom) meltwater
experiments with a negative freshwater input in the Southern Ocean and the EEP for (left) LOVECLIM
and (right) the UVic ESCM.
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Figure 4. Sea surface temperature anomalies: Same as Figure 3 but for SST (ıC) anomalies. Overlaid
is the 0.1 m sea ice thickness contour for austral winter (JJA).

of 0.1 Sverdrup (Sv) (1 Sv = 106 m3/s) freshwater in the
North Atlantic (55ıW–10ıW, 50ıN–65ıN) for 2000 years
(L-fNA and U-fNA, respectively, performed with LOVE-
CLIM and the UVic ESCM). Due to a combination of exper-
imental design, model resolution, and other model biases,
we hypothesize that standard meltwater experiments might
generate anomalously low surface salinity in the Pacific
Ocean. Therefore, two experiments are forced with an addi-
tional compensating salt flux (0.15 Sv for LOVECLIM
and 0.1 Sv for the UVic ESCM) over the Southern Ocean
(40ıS–50ıS, 0ıE–120ıE; 50ıS–62ıS, 120ıE–280ıE) and
the Eastern Equatorial Pacific (0ıN–11ıN, 104ıW–88ıW)
(L-fNASOEEP and U-fNASOEEP) during the first 2000 years.
To simulate the recovery of the AMOC, a salt flux (0.2 Sv)
is added in the North Atlantic between model years 2000
and 3000.

[7] To test the robustness of our results a set of sensitivity
experiments is also performed with both LOVECLIM and
the UVic ESCM adding 0.2 Sv of freshwater in the North
Atlantic for 1000 years. In some experiments, a salt flux
(0–0.2 Sv) is also added over the Southern Ocean, the East-
ern Equatorial Pacific, and/or the North Pacific (Table S1).
In addition, further experiments are performed with LOVE-
CLIM under different initial conditions and employing a
range of values for the Gent and McWilliams thickness dif-
fusion coefficient (GM: 0 m2/s, 200 m2/s (default value),
700 m2/s, and 1400 m2/s) (Table S3).

[8] In a second step, a transient experiment covering
Heinrich stadial 4 (HS4, �40 ka B.P.) is performed with
LOVECLIM. The model is first integrated with boundary
conditions for the period 42 ka B.P.: forcing includes orbital

parameters [Berger, 1978], ice sheet topography and albedo
[Abe-Ouchi et al., 2007], a closed Bering Strait, and an
atmospheric CO2 content of 210 ppmv. Two transient exper-
iments (L-HS4 and L-HS4SOEEP) are then integrated from
42 ka B.P. to 38.5 ka B.P. with all the transient forcing
described above and with prognostic atmospheric CO2. In
the setup used here, even though the vegetation is interac-
tive, the land carbon is set constant at its 42 ka B.P. value.
Both experiments are forced with freshwater fluxes into the
North Atlantic designed to fit the sea surface temperature
(SST) record from the Iberian margin (Figure 9a, black line)
[Martrat et al., 2007; Menviel et al., 2013]. In experiment
L-HS4SOEEP, a negative freshwater flux (–0.15 Sv) is also
applied in the Eastern Equatorial Pacific and the Southern
Ocean between 39.6 and 39.3 ka B.P. (Figure 9a, dashed
blue line).

2.2. Sea Surface Salinity Estimates
[9] In Figure 1h we estimate sea surface salinity (SSS)

anomalies in the South Pacific Ocean core MD03-2611
[Calvo et al., 2007] by subtracting from planktic ı18Oplk
changes in global ice volume (ı18Oice) [Waelbroeck et al.,
2002; Lisiecki et al., 2008]: ı18Oc=ı18Oplk–ı18Oice; taking
out the SST contribution [Shackleton, 1974] estimated by
alkenone content UK0

37: ı18Ow=(SST–16.9 + 4*ı18Oc)/4; and
finally using the ı18Ow-salinity relationship based on surface
ocean data [Schmidt et al., 1999] for latitudes 30ıS–40ıS:
�SSS=1.5678*ı18Ow+34.53. In Figure 9, we use a similar
method to estimate SSS in core MD97-2120 [Pahnke et al.,
2003], but using the ı18Ow-salinity relationship for latitudes
40ıS–50ıS: �SSS=1.465*ı18Ow+34.00.
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Figure 5. DIC anomalies averaged over the Pacific basin and meridional overturning stream function:
Latitude-depth DIC anomalies (�mol/L) compared to the LGM control run, averaged over the Pacific
basin for model years 1990–2000 for (top) standard meltwater experiments performed with (left) LOVE-
CLIM and (right) the UVic ESCM, as well as (bottom) meltwater experiments with enhanced AABW
transport. Overlaid are the meridional overturning stream function (Sv, black) integrated over the Indo-
Pacific basin and the Ross Sea, as well as the South Pacific annual mean isopycnal surfaces (green)
compared to the LGM control run (blue).

2.3. pCO2 Decomposition
[10] The factors controlling surface water pCO2 and, ulti-

mately, atmospheric CO2, include changes in SSS, SST,
dissolved inorganic carbon (DIC), and alkalinity (ALK)
[Sarmiento and Gruber, 2006; D’Orgeville et al., 2011]. We
use the following equations to decompose the pCO2 signal
in Figure 2:

�pCO2 = �pCO2DIC +�pCO2ALK +�pCO2SST +�pCO2SSS (1)

[11] For DIC, ALK, and SSS:

�pCO2X = �X*�X*pCO2Ref/X (2)

where X represents the mean DIC, ALK, or SSS value and
�DIC, �ALK, and �SSS are equal to 10, –9.4, and 1, respectively
[Sarmiento and Gruber, 2006].

[12] The temperature contribution is derived from

�pCO2SST = exp(�SST*�SST)*pCO2Ref – pCO2Ref (3)

where �SST is equal to 0.0423.

3. Results
3.1. Idealized LGM Experiments

[13] The cessation of NADW formation under constant
LGM conditions in LOVECLIM and the UVic ESCM leads
to an oceanic carbon reservoir increase and to a 4 ppmv
atmospheric CO2 decrease (Table 1 and Figure 1I). Figure 2
(d, blue and black lines) shows that the pCO2 decrease due
to the AMOC shutdown may be partially attributed to the
enhanced CO2 solubility in seawater due to the global fresh-
ening of the surface waters (Figure 2c, blue and black lines).
The addition of freshwater into the North Atlantic to sim-
ulate a shutdown of the AMOC leads to strong negative
SSS anomalies across the entire Atlantic basin as well as
throughout the Southern Ocean (Figure 3). A shutdown of
the AMOC also leads to a classic SST seesaw response in
both LOVECLIM and the UVic ESCM, with a strong cool-
ing in the North Atlantic and warming in the Southern Ocean
(Figure 4). The warming simulated over the Southern Ocean
is, however, much greater in LOVECLIM than in the UVic
ESCM.

[14] An increase in surface DIC leads to a greater oceanic
partial pressure of CO2; however, an increase in surface
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Figure 6. Export production anomalies: Same as Figure 3 but for export production anomalies
(gC/m2/yr).

alkalinity decreases oceanic pCO2. The imbalance between
changes in surface DIC and ALK explains a large part of
the atmospheric pCO2 decrease in the first 1000 years of the
experiments (Figures 2e and 2f). For example, in LOVE-
CLIM, the initial pCO2 decrease (�500 years) is partly due
to a low DIC anomaly in the surface waters, resulting from
the greater stratification in the North Atlantic.

[15] Due to the weaker overturning in the Atlantic Ocean,
the residence time of deep waters increases, thus leading to
a greater DIC content in the deep Atlantic Ocean (�200 GtC
after 2000 yrs, Table 1). On the other hand, through oceanic
and atmospheric teleconnections a weak AMOC leads to the
formation of NPDW [Saenko et al., 2004; Okazaki et al.,
2010]. The greater ventilation of the North Pacific Ocean
(Figure 1C) leads to a loss of DIC in the North Pacific
intermediate and deep waters (Table 1 and Figure 5).

[16] In agreement with previous studies [Schmittner,
2005; Obata, 2007; Chikamoto et al., 2012; Mariotti et al.,
2012], reduced global and CaCO3 export production (up to
–9%) are simulated in both models (Figures 1E, grey lines
and 6), mainly due to greater stratification over the Atlantic
region and to a weaker upwelling in the eastern Pacific
region (not shown). However, stratification further leads to
a 6% and 12% increase in nutrient utilization efficiency
(1 – PO4surface/PO4deep) in LOVECLIM and the UVic ESCM,
respectively, thus enhancing the efficiency of the biological
pump and effectively trapping carbon in the ocean interior.

[17] Even though quantitative SSS reconstructions are
associated with large uncertainties [Legrande and Schmidt,
2011], equatorial and South Pacific SSS most likely
increased during Heinrich stadials 1 and 4 [Stott et al., 2002;
Pahnke et al., 2003; Calvo et al., 2007; Leduc et al., 2007],
in contradiction with our initial results (Figures 1h, 1H,
and 3). It has been suggested that as the AMOC weakened,
moisture transport from the Atlantic to the Pacific across
Central America was reduced [Richter and Xie, 2010] and
that the East Asian Summer Monsoon weakened [Wang et
al., 2001]. These processes, best represented in multilevel
high-resolution atmospheric General Circulation Models,
would contribute to increased surface salinity in the Pacific
Ocean, with significant consequences for Pacific deep and
bottom water formation. It is hypothesized that due to the
coarse resolution and simplified atmospheric physics of the
models used in this study, the SSS in the Pacific Ocean might
be underestimated.

[18] We perform further Heinrich-type experiments in
which we try to rectify for the low surface salinity anoma-
lies in the Pacific Ocean. In experiments L-fNASOEEP and
U-fNASOEEP, the surface salinity in the Southern Pacific
Ocean now increases by about 0.5 g/kg, consistent with pale-
oproxy records for Heinrich stadials [Pahnke et al., 2003;
Calvo et al., 2007] (Figures 1h and 1H, green lines). Atmo-
spheric CO2 increases by respectively 10 and 25 ppmv
in LOVECLIM and the UVic ESCM due to lower CO2
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Figure 7. Sea-air �pCO2 and mixed layer depth anomalies: Sea-air �pCO2 anomalies (�atm) for (top)
standard meltwater experiments and (bottom) for experiments in which the AABW and NPDW transport
strengthen, performed with (left) LOVECLIM and (right) the UVic ESCM. Contours indicate austral
winter mixed layer depth anomalies (m). Data shown correspond to the largest rate of pCO2 change: i.e.,
model years 190–200 and 390–400 for LOVECLIM, and 490–500 and 390–400 for the UVic ESCM. Red
colors represent CO2 outgassing into the atmosphere.

solubility as well as enhanced ventilation of the deep and
bottom waters of the Pacific Ocean (Figures 1 and 2).

[19] During the AMOC shutdown, the surface waters get
slightly saltier (0–0.2 g/kg) and warmer (0–0.4ıC), thus low-
ering CO2 solubility (Figures 2c and 2d, green and red lines).
In addition, the SSS increase leads to a strengthening of
AABW in the Pacific Ocean by 3 to 5 Sv (Figure 1D, blue
lines). AABW is calculated here as the maximum strength of
the overturning in the abyssal cell at 35ıS. Stronger NPDW
induces a warming at the surface of the North Pacific Ocean,
particularly in its eastern part (Figure 4). As described else-
where [Saenko et al., 2004; Okazaki et al., 2010; Menviel
et al., 2012b], formation of NPDW weakens the Indonesian
throughflow transport while strengthening the Kuroshio Cur-
rent, thus enhancing the transport of warm tropical waters
to the Northwest Pacific. A strengthening of AABW further
enhances the warming at middle- and high-latitudes in the
Southern Hemisphere (Figure 4) via enhanced poleward heat
transport. In LOVECLIM, enhanced AABW strengthens
the ACC by �15% (not shown). The Antarctic Circumpo-
lar Current (ACC) is not only zonal but has a meridional

component at certain longitudes and thus plays a role in
transporting heat poleward [Volkov et al., 2010]. In addition,
the East Australian Current and the Brazil Current strengthen
by �15% (not shown), thus bringing more warm and salty
water to the South Pacific and South Atlantic.

[20] The combination of strong AABW and NPDW leads
to enhanced ventilation of the Pacific basin (Figure 5). While
the deep Atlantic basin is still a sink of carbon (Table 1),
the transport of DIC-rich deep Pacific waters (Table 1 and
Figure 5) to the surface and CO2 outgassing into the atmo-
sphere is thus significantly enhanced (Figure 7). The more
saline surface waters (Figure 3) induce deep convection
primarily in the Pacific sector of the Southern Ocean as
indicated by the strong (up to 300 m) deepening of the
austral winter mixed layer depth (Figure 7) and a steep-
ening of the isopycnals south of 50ıS (Figure 5). In the
Pacific sector of the Southern Ocean, DIC is advected
equatorward by Ekman transport and CO2 outgassing thus
occurs south of 58ıS. In LOVECLIM, the DIC-rich waters
are also transported by the ACC to the South Atlantic
and the South Indian Oceans, where the CO2 flux to the
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Figure 8. Relation between deep Pacific carbon, Antarctic Bottom Water, and North Pacific Deep Water:
(a) Deep Pacific carbon content anomalies (GtC, �2000m for LOVECLIM and �2200m for the UVic
ESCM) as a function of the change in Antarctic Bottom Water (AABW, Sv) and North Pacific Deep Water
(NPDW, Sv). The stronger AABW and NPDW are, the more carbon is ventilated out of the Pacific Ocean.
(b) Deep Pacific carbon content anomalies (GtC) as a function of the change in NPDW (Sv). (c) Deep
Pacific carbon content anomalies (GtC) as a function of the change in AABW (Sv). Each point represents
the result of a sensitivity experiment for model years 990–1000 (Tables S2 and S3). The multiple linear
regression analysis of deep Pacific carbon content anomalies versus change in AABW and NPDW leads
to a correlation coefficient, R2, of 0.85. Most of the variability is due to changes in AABW (R2=0.80). In
Figure 8a, the colored contour lines indicate values obtained if the linear relationship held perfectly.

atmosphere is enhanced at 40ıS–50ıS. In the UVic ESCM,
the ACC transport is weaker than in LOVECLIM and
the Southern Ocean SST (Figure 4) does not increase
as much; therefore, all the CO2 outgassing occurs in the
Pacific Ocean.

[21] In LOVECLIM, greater ventilation of the Southern
Ocean enhances opal production over the South Atlantic
Ocean, in good agreement with a record from the South
Atlantic (Figures 1f and 1F, magenta lines) [Anderson et al.,
2009]. The global export production also now increases by
10–15% in both models (Figure 1E, red lines).

[22] It should be noted that in the UVic ESCM, once the
AMOC is shut down it does not recover without the addition
of a negative buoyancy flux over the North Atlantic Ocean
(e.g., freshwater extraction from the ocean). Instead, NPDW
formation strengthens and after the freshwater forcing in the
North Atlantic has stopped, the surface salinity of the Pacific
Ocean increases, thus leading to a strengthening of AABW
formation. For example, in experiments performed with the
UVic ESCM and forced with a 0.2 Sv freshwater input in
the North Atlantic for 500 years (see supporting informa-
tion), the AABW transport first weakens by 1.8 Sv then
slowly increases up to 2 Sv compared to the initial state. As
a result atmospheric CO2 first decreases by 5 ppmv and then
increases in phase with AABW to reach a pCO2 anomaly
of +5 ppmv. This result is similar to the one obtained by
Schmittner et al. [2007]; however, it is lower than the 22
ppmv atmospheric CO2 increase simulated by Schmittner
and Galbraith [2008] under the same forcing conditions.
Schmittner and Galbraith [2008] show that the atmospheric
CO2 rise simulated in their experiments was due to the global

increase in the preformed phosphate (PO4Pref) inventory [Ito
and Follows, 2005]. Here we argue that these variations
in PO4Pref are mainly due to changes in the ventilation of
the Pacific bottom and deep water masses, i.e., enhanced
AABW and to a lesser extent enhanced NPDW transport.
In LOVECLIM, changes in atmospheric CO2 content also
reflect changes in AABW and NPDW transport; however,
there is no clear link with changes in PO4Pref inventory. This
is partly due to the small PO4Pref gradient in the deep Atlantic
basin under LGM conditions. In addition, as already shown
in Menviel et al. [2008b], the biological pump in the South-
ern Ocean is very reactive in LOVECLIM. The enhanced
Southern Ocean ventilation leads to a 30% increase in
export production over the Southern Ocean in LOVECLIM,
whereas Southern Ocean export production decreases by 7%
in the UVic ESCM (Figure 6).

[23] Figures 2e and 2f show the different contributions of
DIC and ALK to the pCO2 change. The individual contri-
butions of DIC and ALK are larger in LOVECLIM than in
the UVic ESCM, due to the greater gradient of both DIC
and ALK between the surface and the deep (not shown). The
resulting pCO2 anomalies, however, depend on the relative
contribution of DIC over alkalinity. The imbalance between
alkalinity and DIC is much larger for the UVic ESCM thus
contributing to about 18 ppmv pCO2 increase. This is mainly
due to the much greater DIC gradient between the surface
and the deep compared to the vertical alkalinity gradient
(not shown). DIC and alkalinity gradients are set by the
biological and carbonate pumps in the ocean thus indicat-
ing stronger biological and carbonate pumps in LOVECLIM
than in the UVic ESCM.
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3.2. Changes in AABW and NPDW and Their Impact
on Deep Pacific Carbon

[24] Our results highlight the importance of changes in
AABW and NPDW and their impact on oceanic and atmo-
spheric carbon. Depending on the bottom and deep water
mass transports in the Pacific Ocean, the ocean can act either
as a sink or as a source of carbon through an Atlantic-Pacific
seesaw. The stronger the transport of NPDW and AABW
in the Pacific Ocean, the more carbon is released from
the deep Pacific through the Southern Ocean to the atmo-
sphere. Figure 8 shows the relationship between changes in
deep Pacific carbon, AABW and NPDW transport obtained
from a series of sensitivity experiments (LOVECLIM and
the UVic ESCM, including different freshwater forcing and
Gent McWilliams parametrization coefficients, Tables S1
and S3.)

[25] Deep Pacific carbon release primarily depends on
AABW transport, as indicated by a 0.80 correlation coeffi-
cient between these two model integral metrics. A multilin-
ear regression analysis including both AABW and NPDW
slightly improves the correlation (R2=0.85), thus corrob-
orating the role of stronger NPDW in outgassing CO2.
However, this regression underestimates the role of NPDW
as it only takes into account changes in carbon below 2000
m depth. Stronger NPDW ventilates North Pacific interme-
diate waters and is thus a main factor in controlling the
Pacific carbon budget (Figure 5). This is also confirmed
by the results of meltwater experiments performed with
the coupled Atmospheric Ocean General Circulation model
MIROC 3.2 [Chikamoto et al., 2012], in which atmospheric
CO2 decreases by 15 ppmv. The atmospheric CO2 decrease
is partly due to the enhanced CO2 solubility due to colder
and fresher surface waters. In addition, the NPDW transport
is negligible so that carbon can be stored in both the Atlantic
and Pacific Oceans.

3.3. Validation of the Mechanism for Heinrich Stadial 4
[26] We now run a fully coupled transient simulation of

HS4 from 40.5 to 38.5 ka B.P. forcing LOVECLIM with
a freshwater input in the North Atlantic (Figure 9, black
lines). A shutdown of the AMOC during HS4 leads to sim-
ulated air temperature and SST anomalies over Greenland
and the Iberian margin in reasonable agreement with pale-
oproxy records [Huber et al., 2006; Bard, 2002; Martrat et
al., 2007; Elliot et al., 2002; Cacho et al., 1999]. However,
the simulated SSS over the Eastern Equatorial Pacific (EEP)
and the Southern Ocean decrease by 0.4 g/kg and there is
no significant atmospheric CO2 increase simulated between
39.75 and 39.4 ka B.P.

[27] We run an additional fully coupled transient simula-
tion of HS4, which includes a freshwater flux in the North
Atlantic and a salt flux over the Southern Ocean, and the
EEP to compensate for the low salinity anomaly over the
Pacific Ocean, equivalent to the experiments described in
section 3.1. In this new experiment, the forcing is equivalent
to a 12 m sea level rise, compared to the 20 m sea level rise
in the first experiment. The forcing applied in both experi-
ments is consistent with sea level rise estimates of 10–25 m
for HS4 [Chappell, 2002; Siddall et al., 2003]. The agree-
ment between modeling results and paleoproxies is still good
over Greenland and the North Atlantic (Figure 9, blue lines).
Notably, in the new experiment, the SSS in the EEP and the

Figure 9. Model-paleoproxy comparison for Heinrich sta-
dial 4: Results of transient experiments L-HS4 (black) and
L-HS4SOEEP (blue) compared to paleoproxy records (red).
Time series of (a) Maximum overturning circulation in the
North Atlantic (Sv) (blue) as well as freshwater forcing (Sv)
in the North Atlantic for both experiments (black) and over
the Southern Ocean and the EEP for L-HS4SOEEP (dashed
blue); (b) Changes in sea level (m) resulting from the forc-
ing applied compared to the estimates from the Red Sea
(red) [Siddall et al., 2003] and from Papua New Guinea
(magenta) [Chappell, 2002]; (c) Greenland air temperature
(ıC) as simulated and as recorded in the North Greenland Ice
Core Project (NGRIP) ice core [Huber et al., 2006]; (d) SST
anomalies (ıC) as simulated and as recorded in marine sedi-
ment core MD95-2042 off the Iberian margin [Martrat et al.,
2007]; (e) SSS anomaly in the South Pacific Ocean (175ıE–
260ıE, 35ıS–48ıS) compared to the SSS anomaly estimated
from ı18O and SST from marine sediment core MD97-
2120 [Pahnke et al., 2003]; (f) opal production anomaly
(%) averaged over the South Atlantic Ocean (50ıW–20ıE,
42ıS–60ıS) compared to the opal flux anomaly (%) record
from the South Atlantic marine sediment core TNO57-14PC
[Anderson et al., 2009]; (g) atmospheric CO2 (ppmv) as
simulated and as recorded in Byrd ice core, Antarctica
[Ahn and Brook, 2008].

Southern Ocean increases by 2.0 and 0.6 g/kg, respectively,
in better agreement with paleoproxy records [Leduc et al.,
2007; Pahnke et al., 2003]. In addition, the opal produc-
tion in the Southern Ocean increases significantly (+25%),
consistent with a proxy record from the South Atlantic
[Anderson et al., 2009]. Saltier surface conditions over
the Southern and North Pacific Oceans lead to enhanced
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Figure 10. Mechanism for CO2 release during Heinrich stadials 4 and 1: A shutdown of the AMOC
leads to a greater heat transport to the south and a sea ice retreat in the Southern Ocean. The North Atlantic
cooling induces a southward shift of the Intertropical Convergence Zone, a weakening of the East Asian
Summer Monsoon and a reduced moisture transport from the Atlantic to the Pacific over Central America.
Due to an increased salinity at the surface of the Pacific Ocean, the transport of AABW and NPDW is
enhanced, thus effectively releasing deep Pacific carbon into the atmosphere through the Southern Ocean.
The deep carbon reservoir is reduced in the Pacific, while it increases in the Atlantic Ocean.

formation and transport of NPDW and AABW in the
Pacific Ocean, thus effectively ventilating deep Pacific car-
bon through the Southern Ocean. We simulate a 10 ppmv
atmospheric CO2 increase over 300 years, close to the 15
ppmv atmospheric CO2 rise observed in the Byrd ice core
[Ahn and Brook, 2008; Ahn et al., 2012]. Our results sug-
gest that enhanced deep and bottom water mass transport in
the Pacific Ocean could have played a critical role in raising
atmospheric CO2 during HS4.

4. Discussion and Conclusions
[28] Our results show that solubility effects as well as

changes in the deep and bottom water mass transport in the
Pacific Ocean are the primary control of the marine carbon
cycle during a shutdown of the Atlantic Meridional Over-
turning Circulation (AMOC). Depending on the strength of
Antarctic Bottom Water (AABW) and North Pacific Deep
Water (NPDW), the ocean can act either as a sink or as a
source of carbon through an Atlantic-Pacific seesaw. The
stronger the transport of NPDW and AABW in the Pacific
Ocean, the more carbon is released from the deep and inter-
mediate Pacific to the atmosphere. In addition, changes in
NPDW and AABW have an influence on the climate of the
Pacific region [Menviel et al., 2010, 2012b] and are thus also
important for changes in terrestrial carbon.

[29] Our fully coupled transient simulation of HS4 has
further shown that an increase in AABW and NPDW trans-
port during the AMOC shutdown could have played a major
role in shaping the observed atmospheric CO2 increase
(Figure 9) [Ahn and Brook, 2008]. Around 40 ka B.P., the
Antarctic ice sheet was close to its maximum extent and
presumably covered most of present-day AABW formation
regions: the Weddell and Ross Seas [Denton and Hughes,
2002; Pollard and DeConto, 2009]. At the onset of HS4,
meltwater in the North Atlantic slows down NADW forma-
tion. Reduced moisture transport from the Atlantic to the
Pacific across Central America increases the salinity in the
Eastern Equatorial Pacific [Leduc et al., 2007; Richter and

Xie, 2010; Peterson et al., 2000] (Figure 10). A weaker East
Asian Summer monsoon [Tada et al., 1999; Wang et al.,
2001] also increases the salinity in the North Pacific. Finally,
it has been suggested that a stronger Kuroshio Current cou-
pled to a reduced Indonesian throughflow could lead to the
formation of NPDW [Okazaki et al., 2010]. Through the
Stommel feedback [Stommel, 1961], the NPDW strength-
ening leads to an increase in the salinity of North Pacific
waters. In the Southern Ocean, the increased heat flux due
to the AMOC weakening and the strong Southern Hemi-
spheric high-latitude insolation results in a sea ice retreat. In
addition, positive salinity anomalies that arise in the East-
ern Equatorial Pacific can be advected to the South Pacific
and across the ACC by eddies. We hypothesize that the sea
ice retreat associated with greater surface salinity induces
deep convection around 60ıS primarily in the Pacific sector
of the Southern Ocean [Meissner et al., 2008], thus releas-
ing carbon stored in the deep Pacific Ocean. Both deep
convection and rising atmospheric CO2 provide a positive
feedback, further enhancing the sea ice retreat. A reduction
in the density gradient between the North and South Pacific
could also enhance the AABW transport in the Pacific Ocean
[Watson and Naveira Garabato, 2006]. Such a mechanism
(Figure 10) operating during HS4 is consistent with paleo-
proxy records as it induces a carbonate ion rise in the deep
Indian and Pacific Oceans [Yu et al., 2010, 2013], increases
surface salinity in the Pacific Ocean [Leduc et al., 2007;
Pahnke et al., 2003], enhances AABW transport [Piotrowski
et al., 2005], and leads to greater upwelling of nutrient-
rich waters in the Southern Ocean (Figure 9) [Anderson et
al., 2009], thus effectively increasing atmospheric CO2 [Ahn
and Brook, 2008].

[30] A similar mechanism occurring during HS1 is also
consistent with paleoproxy records as it lowers atmo-
spheric ı13CO2 [Schmitt et al., 2012; Tschumi et al., 2011],
decreases the ventilation age of deep Southern Ocean waters
[Skinner et al., 2010], and enhances mixing of Upper and
Lower Circumpolar Deep Waters [Burke and Robinson,
2012]. It is also consistent with a decrease in atmospheric

68



MENVIEL ET AL.: HEINRICH CO2

�14C [Huiskamp and Meissner, 2012; Matsumoto and
Yokoyama, 2013]. Antarctic ice cores record an atmospheric
CO2 increase of 33 ppmv at the beginning of the last
deglaciation and across HS1 [Monnin et al., 2001]. Our
results suggest that enhanced AABW and NPDW trans-
port during HS1 could have accounted for about 30% of
the observed atmospheric CO2 increase. Such an atmo-
spheric pCO2 increase during HS1 would contribute to the
last deglaciation atmospheric pCO2 increase alongside other
mechanisms [Menviel et al., 2012a].

[31] Our study suggests that an AMOC shutdown associ-
ated with a strengthening of the Pacific AABW and NPDW
during HS4 and possibly HS1 led to a release of carbon
into the atmosphere in agreement with paleoproxy records.
Depending on the background conditions and the magnitude
of the event, not all Heinrich stadials might be associated
with enhanced AABW transport. This could explain the
lack of noticeable atmospheric CO2 increase during HS2,
for example.
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