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Abstract We perform idealized experiments of a Heinrich Stadial using an oxygen-isotope-enabled
Earth System Climate Model. Our results compare relatively well with the planktic and benthic δ18O
records of Heinrich Stadials 1 and 4. We find that changes in surface δ18Oc can be equally attributed to the
“temperature effect” due to fractionation during calcification; the “circulation and climate effect” due to
changes in circulation, precipitation, and evaporation; and the “meltwater effect” due to the addition and
subsequent advection of depleted fresh water from continental ice sheets. In contrast, the meltwater effect
and circulation and climate effect have only a small impact on benthic δ18Oc during the cessation of the
Atlantic Meridional Overturning Circulation (AMOC). Significant temperature changes simulated in both
the deep Atlantic and Pacific Oceans substantially influence benthic δ18Oc during that time. During the
AMOC recovery, however, anomalously low δ18Ow surface waters are advected to the deep Atlantic, thus
generating a large (∼0.5‰) δ18Oc decrease in the deep North Atlantic. This is in contrast to a hypothesis that
links such depletion seen in Atlantic sediment cores during the last glacial stadials to deepwater formation
caused by brine rejection and sea ice formation.

1. Introduction

The last glacial period was punctuated by millenial-scale events during which the formation of North Atlantic
Deep Water (NADW) weakened significantly [e.g., Sarnthein et al., 2001; Kissel et al., 2008; Menviel et al., 2014a].
These events, called Heinrich events [Heinrich, 1988], occurred at the end of longer-term cooling periods and
were associated with massive iceberg discharges into the North Atlantic. Heinrich events had a global impact
on climate [e.g., Wang et al., 2001; Huber et al., 2006; Fleitmann et al., 2009; Deplazes et al., 2013] and the carbon
cycle [e.g., Ahn and Brook, 2014].

Oxygen isotope records from ice cores, corals, and marine sediments can help us to reconstruct these events
and give us a better understanding of the climate feedbacks at play. For example, the oxygen isotope com-
position of calcium carbonate shells (δ18Oc) collected from ocean sediment cores may serve as a proxy record
of seawater temperature [Urey, 1948]. However, δ18Oc does not only depend on temperature but also on the
isotopic composition of the water in which the shells form [Shackleton, 1967]. Heinrich iceberg armadas orig-
inated predominantly from the Laurentide ice sheet [e.g., MacAyeal, 1993; Alley et al., 2006] and to a lesser
extent from other ice sheets surrounding the North Atlantic Ocean [Peck et al., 2007]. These icebergs added
meltwater, which was depleted in 18O, to the North Atlantic. This addition of isotopically light meltwater must
have had a significant effect on the δ18O values of seawater (δ18Ow) and thus foraminiferal δ18Oc. Within a
given sediment core, the variations in foraminiferal δ18Oc can therefore be decomposed into three contri-
butions: the change related to global ice volume variations (and therefore sea level variations); the change
related to local seawater δ18Ow variations; and the change related to local ocean temperature variations.
Distinguishing between these factors is a major challenge in paleoceanography [Waelbroeck et al., 2011], a
challenge that can be tackled with numerical simulations performed with oxygen-isotope-enabled models.

Fully coupled three-dimensional isotope-enabled climate models are a very recent addition to the large
and diverse family of climate models. To the authors’ knowledge, this study is the fifth of its kind simu-
lating δ18O during a glacial stadial with a fully coupled isotope-enabled climate model [Lewis et al., 2010;
Brennan et al., 2012, 2013; Roche et al., 2014]. Lewis et al. [2010] used the coupled oxygen-isotope-enabled GISS
model to study the impact of weakened NADW on the oxygen isotopic composition of precipitation. More
recently, Roche et al. [2014] used the oxygen-isotope-enabled iLOVECLIM model to study the Atlantic basin
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δ18O response to different meltwater sources during Heinrich events. Changes in the oxygen isotopic compo-
sition of Pacific Ocean waters in response to weaker NADW formation rates have not been simulated yet with
coupled oxygen-isotope-enabled models; neither has been the impact of NADW recovery on δ18O.

In this study, we simulate an idealized Heinrich Stadial with the isotope-enabled University of Victoria Earth
System Climate Model (UVic ESCM) [Brennan et al., 2012, 2013] to analyze the respective impacts of the three
main contribution factors to δ18Oc recorded in foraminifera: the addition of 18O-depleted meltwater in the
North Atlantic and its propagation (the “meltwater signal”); anomalies in seawater δ18Ow due to changes in
ocean circulation, evaporation, precipitation, river discharge, sea ice formation, and melt (“circulation and
climate signal”); and changes in water temperature (“temperature effect signal”). Simulated seawater δ18Ow

and carbonate δ18Oc are compared with 36 sediment cores from both the Atlantic and Pacific basins and
covering Heinrich Stadials 1 and 4.

Furthermore, we analyze one puzzling aspect of paleoproxy records from the Nordic Seas during Heinrich
events: depletions in benthic δ18Oc of approximately −1‰ at a time when NADW formation was thought
to be weak or completely shut off [e.g., Rasmussen et al., 1996; Rasmussen and Thomsen, 2004; Dokken and
Jansen, 1999; Kreveld et al., 2000; Hillaire-Marcel and de Vernal, 2008; Meland et al., 2008]. It has been suggested
that rejection of isotopically light sea ice brine was responsible for transporting depleted surface δ18O into
deeper waters [e.g., by Veum et al., 1992; Vidal et al., 1998; Dokken and Jansen, 1999; Waelbroeck et al., 2006;
Meland et al., 2008]. Newly formed sea ice is enriched in 18O relative to seawater, and the expelled sea ice
brine is depleted because of fractionation during sea ice formation [O’Neil, 1968]. These dense brines sink,
bringing the 18O-depleted, high-salinity water into the deep ocean [Hillaire-Marcel and de Vernal, 2008]. This
“sea ice brine hypothesis” is supported by proxy data implying that the Nordic seas were likely ice-free in
the summer [e.g., Weinelt et al., 1996, 2003; Millo et al., 2006] during the Last Glacial Maximum, allowing sea-
sonal ice formation to occur. Dokken and Jansen [1999] proposed that during certain periods of the last glacial
period the deep water formation shifted to a mode driven by brine formation. However, Bauch and Bauch
[2001] argued that the benthic δ18Oc anomalies in northern polar regions were unlikely to be driven by sea
ice brine formation and suggested that the anomalies were more likely to have been caused by an intrusion
of 18O-depleted glacial meltwater and/or an increase in deep water temperature. Rasmussen and Thomsen
[2009] also suggested that low benthic δ18Oc values in the Nordic seas could not be attributed to brines, as
brines with sufficient density to penetrate the deep Arctic and Nordic seas are formed from cold and salty
waters and thus have high δ18Ow. In a recent study, Brennan et al. [2013] found negligible (<0.13‰) shifts in
deep ocean δ18O from interglacial-glacial sea ice variability simulated by the UVic ESCM, insufficient to explain
the ∼1‰ shifts found in paleoproxy. Here we follow up on the study by Brennan et al. [2013] and show that
deep ocean δ18Oc anomalies might have been caused by a large-scale recovery of the Atlantic Meridional
Overturning Circulation (AMOC) at the end of a Heinrich event.

2. Methods
2.1. Model Description
The UVic ESCM, version 2.9, is a fully coupled, intermediate complexity ocean, atmosphere, land surface,
vegetation, sea ice, sediment model, described by Weaver et al. [2001], Meissner et al. [2003], Schmittner et al.
[2008], and Eby et al. [2009].

The ocean component of the model is the Modular Ocean Model, Version 2 [Pacanowski, 1995], an ocean gen-
eral circulation model with 19 vertical levels varying from 50 m at the surface to 500 m at 5 km depth. It is
coupled to a vertically integrated, two-dimensional atmospheric energy and moisture balance model, forced
by seasonally varying solar insolation at the top of the atmosphere, and present-day reanalysis winds from
the National Centers for Environmental Prediction (NCEP) [Kalnay et al., 1996]. Atmospheric heat and moisture
transport is achieved through diffusion and advection by the vertically weighted average of the NCEP monthly
mean winds with superimposed geostrophic wind anomalies calculated as a function of surface tempera-
ture gradient anomalies as described in Weaver et al. [2001]. Moisture diffusion coefficients are described in
Brennan et al. [2012]; they vary with latitude and are held constant in time. Other model components
include a dynamic-thermodynamic sea ice model [Semtner, 1976; Hibler, 1979; Hunke and Dukowicz, 1997], a
sediment model [Archer, 1996; Meissner et al., 2012], and a dynamic global vegetation model MOSES/
TRIFFID [Meissner et al., 2003]. The UVic ESCM also includes two stable water isotopes, H18

2 O and H16
2 O,

which are integrated into the ocean, atmosphere, land surface, and sea ice components of the model
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Figure 1. Locations of cores listed in Table 1. Yellow color indicates the area where fresh water is added in our
simulations.

[Brennan et al., 2012, 2013]. Variations in isotopic content of water, water vapor, and ice result from fluxes
between the model components, as well as from oceanic and atmospheric transport. Isotopic fractionation
takes place during phase changes (evaporation, precipitation, sea ice formation, and melt). One of the main
challenges in simulating oxygen isotopes with a vertically integrated atmospheric model is the lack of atmo-
spheric vertical convection, leading to not sufficiently depleted precipitation when atmospheric water vapor
is transported over grid cells containing higher land elevation. The diffusion coefficient of H18

2 O therefore
needs to be adjusted by an elevation-dependent amount over significant high-elevation regions such as the
Himalayas, Greenland, and Antarctica [Brennan et al., 2012]. In contrast to studies by Friedrich and Timmermann
[2012] and Gebbie [2012], among others, where δ18O is a passive dye tracer affected by ocean circulation only,
here H18

2 O and H16
2 O are two prognostic tracers that are independently transferred across surface bound-

aries. A similar approach was used in a recent study by Roche et al. [2014], with the oxygen isotope-enabled
iLOVECLIM model.

All model components have a spherical grid resolution of 3.6∘ in longitude and 1.8∘ in latitude. During simula-
tions, the model conserves water, energy, carbon, and oxygen isotopes to machine precision and without flux
adjustments. Because of its reduced complexity atmospheric component, the UVic ESCM allows high-speed
simulations with a comprehensive representation of ocean dynamics.

2.2. Experimental Setup
We perform simulations under constant Last Glacial Maximum (LGM) boundary conditions, including an
orbital configuration corresponding to 21 ka B.P. [Berger, 1978], atmospheric pCO2 of 189.65 ppm, increased
elevations based on a reconstruction of Northern Hemisphere and Antarctic ice sheets [Peltier, 1994], and a
corresponding ice albedo. The ocean δ18O is initialized to 1.2‰, 1.1‰ above the preindustrial seawater ini-
tial value of 0.1‰, to allow for LGM seawater enrichment due to larger ice sheets. Model year 0 (control year
in calculating anomalies) is set at the end of a 6000 year equilibrium simulation.

We simulate an idealized large Heinrich event by introducing a freshwater flux into the North Atlantic region
between 61∘W–0∘ and 47∘N–61∘N at a rate of 0.139 sverdrup (Sv, 106 m3/s) for 1800 years, starting at year
200 of the simulation (Figures 1 and 2). The introduced freshwater volume is equivalent to a sea level rise of
approximately 22 m, in agreement with some paleoproxy reconstructions [Siddall et al., 2003, 2008; Rohling
et al., 2004; González and Dupont, 2010]. As the ocean model’s barotropic momentum equations are solved
with a rigid lid approximation, surface freshwater fluxes are represented by fluxes of salt with a constant salt
to freshwater mass ratio of 3.49 ⋅ 10−2. To enable an AMOC recovery in the UVic ESCM, we subsequently force
the model with a “salt flux” of −0.2 Sv (or the equivalent of 7 ⋅ 106 kg salt s−1) until the end of the simulation
in the same region where the freshwater hosing occurred. The salt flux triggering AMOC recovery does not
carry an isotopic signature.

The δ18O isotopic content of meltwater associated with a Heinrich event is uncertain [Hillaire-Marcel et al.,
2008; Stanford et al., 2011], but it was probably within the range of −20 to −40‰. We therefore perform
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Figure 2. (top) Time series of North Atlantic Deep Water
formation (NADW, red), North Pacific Deep Water formation
(NPDW, blue), and Antarctic Bottom Water formation (AABW,
green) rates (Sv). (bottom) A time series of the freshwater flux,
where negative values represent an artificial addition of salt to
force an AMOC recovery.

simulations using different meltwater isotopic
ratios (−20‰, −30‰, and −40‰). As the sim-
ulation forced with meltwater with an isotopic
signature of −20‰ (fw20) agrees best with
paleoproxy data, we only show the results
of that experiment in the following sections.
The results of the other two experiments are
shown in the supporting information.

To estimate the impact of the meltwater flux
on circulation and climate change only, we
perform an additional experiment (fwN) in
which the freshwater hosing is not accompa-
nied by fluxes of water isotope tracers. Hence,
ocean δ18O anomalies in the fwN simulation
are solely due to changes in overturning cir-
culation and resulting changes in climate pat-
terns. By comparing fw20 to fwN, we can
estimate the impact of the addition and subse-
quent advection of δ18O-depleted meltwater.

Our model results show that North Pacific Deep Water (NPDW) formation is initiated by a shutdown of the
AMOC (Figure 2), similar to previous studies [Saenko et al., 2004; Okazaki et al., 2010; Menviel et al., 2011;
Huiskamp and Meissner, 2012]. However, it is still unclear whether such a process occurred during Heinrich
events. Therefore, in order to test a scenario without deep water formation in the North Pacific, additional
simulations were performed, during which an additional freshwater flux without any isotopic signature was
added to the North Pacific at a constant rate of 0.15 Sv for 1800 years, thus stabilizing the water column in
the North Pacific (see supporting information). As the differences between the two scenarios are mostly lim-
ited to the North Pacific Ocean and do not affect the main conclusions of this study, only the results from the
original two simulations will be discussed here.

Model results are compared to paleoclimate records for Heinrich Stadial 4 (HS4) and Heinrich Stadial 1 (HS1)
from 36 marine sediment cores (Tables 1 and 2 and Figure 1). We focus our analysis on HS1 and HS4 because
HS2 and HS3 are often difficult to identify accurately in proxy records [e.g., Menviel et al., 2014a; Lynch-Stieglitz
et al., 2014]. For each core we determine the surface and benthic δ18O Heinrich Stadial anomalies, defined as
the difference between the 500 year δ18O average before the beginning of a Heinrich Stadial and the 500 year
average before the end of a Heinrich Stadial. Since records of the last 35 ka B.P. are generally well dated, we
define HS1 δ18O anomalies as the difference in 500 year averages between 15.5 ka B.P. and 17.5 ka B.P. for each
core. As seen in Table 1, the time periods used to define δ18O anomalies associated with HS4 correspond for
most cores to 38.8 ka B.P. compared to 40.2 ka B.P.

The model simulates δ18O of seawater (δ18Ow), which measures the departure of the sample isotopic compo-
sition from the Standard Mean Ocean Water (‰) [Baertschi, 1976]. On the other hand, the paleoproxy records
represent δ18O of carbonate (δ18Oc), which measures the departure of the sample isotopic composition from
the Pee Dee Belemnite (‰) standard [Craig, 1957]. As the fractionation factor of carbonate precipitation from
seawater is temperature dependent, δ18Oc also includes a temperature effect. To directly compare the model
results with the paleoproxy records, we add a temperature effect to the simulated δ18Ow. For surface (planktic)
δ18O we use the equation derived by Shackleton [1974]:

T = 16.9 − 4.38(δ18Oc − δ18Ow) + 0.10(δ18Oc − δ18Ow)2

while for benthic δ18O we use the equation derived by Marchitto et al. [2014]:

T =
(

0.245 −
√

0.045461 + 0.0044(δ18Oc − δ18Ow)
)
∕0.0022

where T is the water temperature (∘C).
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Table 2. Heinrich Stadial Anomalies in SST Recordsa

ΔSST (∘C) ΔSST (∘C)

Core Latitude Longitude Depth HS4 (ka B.P.) HS1 HS4 Method Reference

SO82-5 59.19 −30.91 1416 m 40.7–39 - −1 census counts Kreveld et al. [2000]

MD01-2443 37.9 −10.18 2925 m 40–38.8 −0.6 −3 alkenones Martrat et al. [2007]

MD99-2339 35.89 −7.53 1177 m 40–38.9 −6 −5 census counts Voelker et al. [2006]

GGC5 33.7 −57.58 4550 m - 2 - Mg/Ca Carlson et al. [2008]

GGC51 32.78 −76.28 1790 m - 0.5 - Mg/Ca Carlson et al. [2008]

MD02-2575 29 −87.12 847 m 40.2–38.8 1 - Mg/Ca Ziegler et al. [2008]

JPC26 24.33 −83.25 546 m - 0 - Mg/Ca Schmidt and Lynch-Stieglitz [2011]

VM28-122 11.57 −78.42 3623 m 40–38.6 1 −0.4 Mg/Ca Schmidt et al. [2004]

GeoB4905-4 2.5 9.39 1328 m - 0.8 - Mg/Ca Weldeab et al. [2005]

MD03-2707 2.5 9.40 1295 m 40.2–38.7 0.8 −0.2 Mg/Ca Weldeab et al. [2007]

GeoB3129 −4.61 −36.64 830 m - 0 - Mg/Ca Weldeab et al. [2006]

GGC36 −27.52 −46.47 1268 m - −0.8 - Mg/Ca Carlson et al. [2008]

MD97-2141 8.78 121.28 3633 m - 1 0 Mg/Ca Rosenthal et al. [2003]

MD98-2181 6.3 125.82 2114 m 40.2–38.8 - −0.2 Mg/Ca Saikku et al. [2009]

MD97-2120 −45.53 174.93 1210 m 40–38.8 0 2.5 Mg/Ca Pahnke et al. [2003]

MD02-2529 8.20 −84.12 1619 m 40.4–39.2 0.5 1 alkenones Leduc et al. [2007]

TR163-22 0.51 −92.4 2830 m 40.2–38.8 1 0 Mg/Ca Lea et al. [2006]
aFor HS1, ΔSST is defined as the difference in 500 year averages between 15.5 and 17.5 ka B.P. The HS4 anomalies are defined by 500 year averages between

38.8 and 40.2 ka B.P., unless otherwise stated in the table. The SST estimates are based on foraminiferal census counts, alkenone records (Uk′
37), and foraminiferal

Mg/Ca ratios.

3. Results
3.1. Changes in Circulation
Both paleoproxy records [McManus et al., 2004; Gherardi et al., 2009; Thornalley et al., 2011; Lynch-Stieglitz et al.,
2014] and modeling studies [Liu et al., 2009; Meissner et al., 2002; Menviel et al., 2011, 2014a] suggest that
North Atlantic Deep Water (NADW) formation was substantially weakened during Heinrich Stadials. In our
simulations, deep water formation rates are represented by the maximum of the stream function of zonally
integrated meridional transport. The release of fresh water in the North Atlantic causes a shutdown of NADW
formation within 200 years and a decrease in Antarctic Bottom Water (AABW) formation (Figure 2). North
Pacific Deep Water (NPDW) formation strengthens over 1300 years. An artificial addition of salt to the North
Atlantic leads to an overshoot recovery of NADW and AABW formation and a shutdown of NPDW formation
within ∼500 years.

3.2. Comparison of Simulated Changes in 𝛅18O and SST With Paleoproxy Records
in the Atlantic Ocean
In order to directly compare our modeling results with paleoproxy records, we perform two types of trans-
formations. First, we estimate model δ18Oc from simulated δ18Ow by adding the temperature effect using
simulated surface and bottom temperatures and the equations of Shackleton [1974] and Marchitto et al. [2014],
respectively. The estimated δ18Oc from the simulated δ18Ow and SST is thus associated with the uncertainty
of the regression slopes (δ18Oc∕SST). In the second transformation, we employ independent paleoproxy SST
information (Table 2) to remove the temperature effect from paleoproxy-derived δ18Oc, thus determining
paleoproxy δ18Ow. The uncertainty for this second transformation is therefore larger, adding the temperature
proxy uncertainty (based on Mg/Ca, alkenones, or census counts) to the uncertainty of the δ18Oc∕SST slope.
We present surface isotope and temperature anomalies (Δ), defined as the difference between 10 year aver-
ages for year 2000 and year 0 (control), in Figure 3. We compare the simulatedΔδ18Ow to the proxy-estimated
Δδ18Ow (Figure 3a) and alternatively the simulated Δδ18Oc to the proxy Δδ18Oc (Figure 3b). Zonal average
results for the deep Atlantic and Pacific Oceans are presented in Figures 4 and 5, respectively.

As seen in Figure 3a, an AMOC shutdown caused by the addition of −20‰ δ18Ow meltwater to the North
Atlantic leads to a δ18Ow decrease of 1 to 2.5‰ at the surface of the North Atlantic and a 0.25 to 1.25‰
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Figure 3. Surface anomalies (Δ, year 2000 minus year 0) simulated in experiment fw20, superimposed by paleoproxy
anomalies for HS1 (squares) and HS4 (diamonds): (a) model δ18Ow and proxy δ18Ow; (b) model δ18Oc and proxy δ18Oc;
(c) meltwater signal (see section 3.3); and (d) model and proxy SST. It should be noted that we are only showing the
results for the model’s first level (0–50 m) because most of the planktic records presented here are of surface-dwelling
foraminifera (Table 1).

decrease at the surface of the South Atlantic. The accompanying reduction in meridional ocean heat trans-
port leads to a simulated North Atlantic SST decrease of up to 5.6∘C in agreement with paleoproxy results
(Figure 3d). At the surface of the North Atlantic, the weaker meridional transport of low-latitude high δ18Ow

waters to high latitudes leads to negative δ18Ow anomalies (Figure 6c). Lower surface temperatures reduce
evaporation, which leads to an additional decrease in δ18Ow. The impact of North Atlantic cooling on δ18Oc

tends to offset the δ18Ow decrease due to meltwater input. But, in agreement with most proxy records for both
HS1 and HS4, δ18Oc decreases at the surface of the Atlantic with the greatest decrease observed in the North
Atlantic (Figure 3b). We overestimate the δ18Oc decrease at the surface of the north East Atlantic by ∼0.8‰.
Since −20‰ is at the higher range of the isotopic signature of meltwater input and since the experiment fwN
underestimates the north East Atlantic δ18Oc decrease (see supporting information), this would indicate that
we are adding too much fresh water in our simulations, i.e., that the sea level increase associated with HS1
and HS4 was more likely on the order of 10 m, in agreement with Chappell [2002].

The model simulates a decrease in δ18Ow over the entire Atlantic basin, ranging from 0.1‰ below 3000 m
depth to more than 1‰ above 600 m depth (Figure 4a). When the temperature effect is included, cooling
in the North Atlantic caused by a partial replacement of NADW by colder AABW results in an increase in the
simulated δ18Oc by up to 0.5‰ between 500 and 4000 m depth (Figure 4b). This is not supported by benthic
paleoproxy records for HS1 (squares in Figure 4b), which consistently show a decrease in δ18Oc at all depths.
However, the simulated δ18Oc is in relatively good agreement with three HS4 records (diamonds) between
1000 and 2000 m depth where δ18Oc does indeed increase. The model-data agreement is also relatively good
at depths greater than 3500 m, where both simulated and recorded δ18Oc decrease by up to 0.5‰ (Figure 4b).

The fact that the recorded change inΔδ18Oc during HS1 and HS4 is of opposite sign between 500 and 2500 m
depth suggests that subsurface Atlantic circulation might have been different during the two stadials. To
test the Δδ18Oc records against different modes of circulation, we show δ18Oc anomalies calculated based
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Figure 4. Anomalies (Δ, year 2000 minus year 0) simulated in experiment fw20 in the Atlantic Ocean (zonal average),
superimposed by paleoproxy δ18Oc anomalies for HS1 (squares) and HS4 (diamonds): (a) δ18Ow; (b) δ18Oc; and (c) δ18Oc
calculated using temperature anomalies from a meltwater experiment performed with LOVECLIM [Menviel et al., 2014b].
(d) Difference between fw20 and fwN δ18Ow anomalies, representing the meltwater signal. Temperature anomalies
averaged over the Atlantic basin for (e) experiment fw20 performed with the UVic ESCM and (f ) a meltwater experiment
performed with LOVECLIM [Menviel et al., 2014b].

on a model simulation without a significant intrusion of AABW in Figure 4c. Figure 4c was generated using
simulated water temperatures obtained in a similar meltwater experiment and performed with the LOVECLIM
model [Menviel et al., 2014b]. Since the version of the LOVECLIM model we use does not include oxygen iso-
topes, we combine the simulated temperature anomalies (Figure 4f ) with the UVic ESCM δ18Ow anomalies
(Figure 4a) to calculate Δδ18Oc shown in Figure 4c. Due to the reduced meridional oceanic heat transport
to the North Atlantic, the North Atlantic cools while the South Atlantic warms in both models. However, the
South Atlantic warming is greater in LOVECLIM, possibly due to weaker southeasterly trades in that model.
The South Atlantic warming penetrates to depth and is maximum at about 500 m depth. Due to the continued
suppression of convection of cold surface water to the deep North Atlantic, the deep North Atlantic slowly
warms by diffusion, in general agreement with a previous study [Brady and Otto-Bliesner, 2011]. The simulated
North Atlantic warming in LOVECLIM leads to a δ18Oc decrease, which agrees within 0.5‰ with most benthic
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Figure 5. Anomalies (Δ, year 2000 minus year 0) simulated in experiment fw20 in the Pacific Ocean (zonal average), superimposed by paleoproxy δ18Oc
anomalies for HS1 (squares) and HS4 (diamonds): (a) δ18Ow; (b) δ18Oc; (c) meltwater signal; and (d) temperature.

paleoproxy records for HS1 (Figure 4c). The largest discrepancy is found in core MD95-2010 where the model
underestimates the decrease by ∼1‰.

3.3. Comparison of Simulated Changes in 𝛅18O and SST With Paleoproxy Records in the Pacific Ocean
NADW cessation leads to a ∼0.2‰ δ18Ow increase at the surface of the North Pacific (Figure 3a). Enhanced
NPDW formation increases the northward heat transport in the North Pacific and the transport of low latitude
18O-rich seawater, resulting in positive SST anomalies of up to 3∘C in the North Pacific. Such seesaw connection
between the North Atlantic and the North Pacific has been found previously [Saenko et al., 2004; Okazaki et al.,
2010; Menviel et al., 2011; Huiskamp and Meissner, 2012].

In the Pacific Ocean, the simulated δ18Ow anomaly exceeds −0.2‰ in the South Pacific above 1000 m depth
(Figure 5a). In the deep North Pacific the simulated anomalies are generally smaller than 0.1‰ and can
be assumed to be too low to be detectable in data. In our simulation, the temperature effect is the domi-
nant reason for δ18Oc anomalies in the North Pacific. For example, the 2∘C temperature increase centered at
600 m depth in the North Pacific (Figure 5d) leads to a δ18Oc decrease of 0.6‰ (Figure 5b). This warming was
identified in a dye tracer propagation analysis (not shown here) as caused by a reduction in AABW and the
formation of relatively warm NPDW. North Pacific cores record anomalies ranging between −0.45‰ (JPC51)
and 0.3‰ (ODP893A). As six out of nine HS records show negative δ18Oc anomalies deviating by less than
0.3‰ from simulated δ18Oc, the model appears to be in relatively good agreement with the data (Figure 5b).
It should be noted that the temporal bounds of the Heinrich Stadials are particularly difficult to establish for
proxy records in the North Pacific due to the weakness of the signal and the probable time lags [Friedrich
and Timmermann, 2012]. In the Pacific HS4 and HS1 are thus set at fixed dates (38.8–40.2 ka B.P. for HS4 and
15.5–17.5 ka B.P. for HS1).

3.4. Deconvolution of the Contributing Factors to 𝛅18O Anomalies
δ18Ow anomalies can be separated into a “meltwater” and a “circulation and climate” effect. The melt-
water effect describes the addition of 18O-depleted meltwater to the North Atlantic and its subsequent
propagation. This part of the signal can be estimated in simulations with non-isotope-enabled models
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Figure 6. Average δ18O anomalies in the North Atlantic (red line) and the North Pacific (blue line) between 30∘N and 60∘N (top row) at the surface and (bottom
row) at 3200 m depth. (a and b) The δ18Oc anomalies for experiment fw20; (c and d) δ18Ow anomalies for experiment fwN; (e and f) difference between Δδ18Ow
(fw20) and Δδ18Ow (fwN), representing the meltwater signal; and (g and h) difference between Δδ18Oc (fw20) and Δδ18Ow (fw20), representing the temperature
effect. Yellow area represents the time span of the freshwater flux.

[Friedrich and Timmermann, 2012; Gebbie, 2012]. The circulation and climate effect describes the impact of
changes in precipitation and evaporation on δ18Ow and also variations in δ18Ow due to changes in ocean
circulation. In addition, the circulation and climate effect also includes changes in sea ice formation and
melt as well as river discharge; however, these have only a minor effect in our simulations. The circulation
and climate effect can only be represented in isotope-enabled models. Finally, changes in δ18Oc will depend
on changes in δ18Ow plus changes in water temperature, as the isotopic fractionation during foraminiferal
calcification is temperature dependent (temperature effect signal).

In simulation fwN, the meltwater added into the North Atlantic does not include an isotopic signature and
thus the meltwater does not directly impact δ18Ow. Therefore, fwN tracks the circulation and climate signal.
We can then estimate the meltwater signal by differentiating between δ18Ow anomalies of experiments fw20
and fwN. As seen in Figure 3c, the addition of low δ18O water into the North Atlantic leads to a negative
δ18Ow anomaly at the surface of the North Atlantic of up to −1.6‰. This anomaly decreases southward and
with depth (Figure 4d). By comparing Figures 3a and 3c, we can also see that the changes in surface currents,
precipitation, and evaporation are responsible for about half of the negative δ18Ow anomalies at the surface
of the Atlantic and for the small positive δ18Ow anomaly at the surface of the North Pacific. The δ18Ow anomaly
due to meltwater input is about −0.2‰ at the surface of the South Atlantic and South Pacific (Figure 5c). The
magnitude of δ18Ow change is sensitive to the isotopic content of meltwater (see supporting information).

Figures 6a and 6b show time series of δ18Oc anomalies for the fw20 simulation, averaged over the North
Atlantic (in red) and the North Pacific Ocean (in blue), at the surface (top row) and at 3200 m depth (bottom
row). In Figures 6c–6h the δ18Oc signal is decomposed into its three contributing factors: the “circulation and
climate change signal” (Figures 6c and 6d, Δδ18Ow in fwN), the meltwater signal (Figures 6e and 6f, differ-
ence between fw20 Δδ18Ow and fwN Δδ18Ow), and temperature effect signal (6g and 6h, difference between
Δδ18Oc and Δδ18Ow in fw20).

At the surface of the North Atlantic (Figure 6, top row, red lines), negative δ18Ow anomalies are due to
weaker advection of low latitude, high δ18Ow waters (Figure 6c). Furthermore, lower SSTs reduce evaporation,
which leads to an additional decrease in δ18Ow. The addition of depleted meltwater contributes an additional
0.9‰ δ18Ow decrease in the North Atlantic (Figure 6e). However, lower SSTs induce a 0.4‰ increase in δ18Oc

(Figure 6g).

At the surface of the North Pacific (Figure 6, top row, blue lines), increased NPDW formation (see section 3.1
and Figure 2) enhances the advection of warm, 18O-rich low latitude waters to the North Pacific. In addition,
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Figure 7. Anomalies simulated in experiment fw20 during the AMOC recovery (year 2300 minus year 2100) (a–c) at
2400 m depth and (d–f ) in the Atlantic Ocean (zonal average). Figures 7a and 7d show δ18Ow anomalies; Figures 7b and
7e show δ18Oc anomalies; and Figures 7c and 7f show temperature anomalies.

higher SSTs in the North Pacific lead to an increase in evaporation, which enhances the δ18Ow increase
(Figure 6c). On the other hand, higher SSTs induce a 0.2‰ decrease in δ18Oc (Figure 6g).

An AMOC resumption and NPDW cessation, which both take place during years 2000–2400 (Figure 2), revert
the circulation and climate signal in the surface ocean (Figure 6c). At the end of the simulations, North Atlantic
and North Pacific meltwater δ18Ow anomalies converge near the equilibrium value expected for the amount
of meltwater released (−0.12‰ for fw20, Figures 6e and 6f).

At depth in the North Pacific (Figure 6, bottom row, blue lines), the NPDW formation induces a warming
(Figure 5d), which leads to a continuous δ18Oc decrease until model year 2200 (Figure 6h).

During the AMOC resumption, deep North Atlantic δ18Oc rapidly decreases by 0.5‰ and subsequently partly
recovers by 0.25‰ within the next 500 years (Figure 6b, red line). Hence, the maximum anomaly in the deep
North Atlantic lags the maximum anomaly in the surface North Atlantic by about 400 years—the time it takes
for the AMOC to recover. The AMOC resumption leads to the advection of low δ18Ow water to the deep North
Atlantic (Figures 6d, 6f, and 7d). The resulting decrease in δ18Oc reaches a maximum of about −0.6‰ below
2000 m depth (Figure 7b and 7e). This signal, seen as a δ18Oc spike in Figure 6b, resembles anomalies found
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in several North Atlantic cores, e.g., MD95-2010 [Dokken and Jansen, 1999], ENAM93-21 [Rasmussen et al.,
1996], and SO82-5 [Kreveld et al., 2000]. These anomalies have been attributed to 18O-depleted surface water
masses, which were entrained to the deep ocean by dense brines, rejected during sea ice formation, while
the large-scale overturning motion was weakened or shut off. The associated mechanism became known as
the sea ice brine hypothesis and places sea ice formation as a main facilitator of local deep convection dur-
ing glacial stadials [Dokken and Jansen, 1999]. However, the spike seen in our simulations is not caused by
sea ice formation. It is due to a rapid and large-scale resumption of NADW formation, transiently bringing
anomalously low δ18Ow surface waters to deeper depths (Figures 7a and 7d). This AMOC resumption is also
associated with a warming of the deep North Atlantic, due to a replacement of cold AABW with warmer NADW.
This warming enhances the deep Atlantic negative δ18Oc spike (Figure 6h). However, the maximum warming
of the deep North Atlantic occurs about 200 years after the maximum δ18Ow decrease seen in the circulation
and climate signal (Figures 6d and 6h). Hence, in our simulation the two signals do not reinforce each other in
forming the δ18Oc spike (Figure 6b) but affect different parts of the ocean at different times. Regardless, the
decrease in δ18Ow is large enough (up to −0.6‰) to still cause a negative spike in δ18Oc if the freshly formed
NADW replaces a warmer water mass, as simulated in our LOVECLIM simulation.

It should be noted that the UVic ESCM has two stable states under LGM boundary conditions: one state with
a weak AMOC and the other with a shutdown AMOC. To switch between these states, external buoyancy
forcing is applied to the North Atlantic. For example, the triggered recovery of AMOC in this study might have
been more vigorous and faster (or slower) than the real recovery of the AMOC at the end of HS1 and HS4.
Contrary to MD95-2010 [Dokken and Jansen, 1999] and ENAM93-21 [Rasmussen et al., 1996] proxy records,
the simulated depleted benthic δ18Oc signal lags the planktic δ18Oc signal by approximately 400 years. This
apparent discrepancy could be due to the relatively slow recovery of the AMOC in our simulations.

Finally, a comparison of the time series in Figures 6c–6h reveals that in both the surface North Atlantic and
the surface North Pacific, the three factors for Heinrich Stadial induced δ18Oc changes of a similar magnitude,
while the deep ocean δ18Oc changes are driven mostly by changes in temperature (Figure 6h). At model year
2000, all three contributing factors to surface δ18Oc anomalies are larger in the North Atlantic than in the North
Pacific, while at 3200 m depth they are of similar magnitude in both basins.

4. Discussion and Conclusions

Despite representing a highly idealized scenario, the simulated surface δ18O anomalies agree in parts reason-
ably well with the paleoproxy records (Figures 3a and 3b). Addition and advection of low δ18Ow meltwater
leads to significant negative δ18Ow anomalies in the entire North Atlantic. In addition, changes in surface
currents, precipitation, and evaporation induced by the weakened AMOC reinforce these negative δ18Ow

anomalies in the North Atlantic surface waters. The associated North Atlantic cooling only partially offsets
this anomaly; therefore, negative δ18Oc anomalies are also simulated over the whole North Atlantic in
agreement with most proxy records (Figure 3). However, this is in contrast with two paleoproxy records
from the Iberian margin (MD95-2040 and MD99-2339), which display positive δ18Oc anomalies during HS4
(Figure 3b, diamonds).

It should be noted that fresh water was added over a broad region of the North Atlantic in our model simula-
tions and that we are using a coarse-resolution ocean model, which cannot resolve eddies or narrow coastal
currents. Therefore, our simulations cannot account for the exact origin and pathway of the low δ18O water
in the North Atlantic [Condron and Winsor, 2012; Spence et al., 2013]. In addition, the meltwater forcing used
here was probably too large, as the freshwater equivalent of 22 m sea level rise leads to an overestimation of
the δ18Oc decrease. Based on our results and the results of Roche et al. [2014], an equivalent 10 m sea level rise
with an isotopic signature of −20‰ would likely lead to a better model-proxy agreement for HS1 and HS4.
In the Pacific Ocean, paleoproxy records and modeling results suggest negative δ18Oc anomalies, except for
marine sediment core MD02-2529, which displays a strong δ18Oc increase. This increase has been interpreted
as a salinification of the Eastern Equatorial Pacific due to reduced moisture transport from the Atlantic to the
Pacific [Richter and Xie, 2010].

A different approach would be necessary to estimate a more accurate time- and location-dependent melt-
water scenario with varying δ18O ratios. For example, a fully coupled and oxygen-isotope-enabled ice sheet,
ocean, sea ice, atmosphere model could provide a better estimate of the isotopic content of meltwater and its
variability over the duration of the Heinrich event. Furthermore, it might provide more accurate magnitudes

BAGNIEWSKI ET AL. δ18O DURING HEINRICH STADIALS 907



Paleoceanography 10.1002/2014PA002751

of the freshwater fluxes associated with Heinrich events. Although Siddall et al. [2003] estimated a sea level rise
of ∼20 m during HS4, other studies provide lower estimates; for example, Chappell [2002] suggests a sea level
rise of about 9 m. Finally, the proxy reconstructions are also likely to reflect processes that are not accounted
for by the model. For example, planktic foraminifera may move vertically in the water column throughout
their life cycle [Duplessy et al., 1981; Bradley, 1999], thus flattening out the Heinrich δ18Oc signal. It should also
be noted that core data may be affected by dating errors and insufficient sampling frequency.

The fact that the simulated subsurface δ18Oc increase in the Atlantic is in better agreement with HS4 records
than with HS1 records (Figure 4b) raises the possibility that temperature anomalies in the North Atlantic were
different between HS1 and HS4, with strong subsurface Atlantic cooling only occurring during HS4. Our results
therefore indicate that the North Atlantic deep and intermediate circulation might have been different during
the two events. They suggest a partial replacement of Glacial North Atlantic Intermediate Water with colder
Southern Hemisphere sourced water masses during HS4, while the residence time of North Atlantic interme-
diate and deep waters might have increased during HS1 leading to a warming due to heat diffusion [Marcott
et al., 2011; Flückiger et al., 2006; Mignot et al., 2007]. The difference between the two events could also simply
be due to the deglacial warming of deep and intermediate Atlantic waters during HS1.

Similar to Friedrich and Timmermann [2012], our study finds a significant lag between the surface and deep
ocean meltwater signals (Figures 6e and 6f) due to an AMOC shutdown. The meltwater signal does not spread
throughout the deep ocean with NADW; instead, as in Rahmstorf [2002], it spreads near the surface into the
Southern Ocean, from where it is exported into the deep ocean with AABW, eventually reaching both the
deep North Atlantic and the deep North Pacific at approximately the same pace (Figure 6f, roughly year 1000
to year 2200). However, since the meltwater signal in the deep ocean is relatively weak, such lag between
the surface and the deep ocean is not seen in Δδ18Oc (Figures 6a and 6b), where the signal is dominated by
the temperature effect signal and the circulation and climate signal. Caution should therefore be taken when
analyzing isotope anomalies simulated as simple passive tracers in non-isotope-enabled models.

Overall, the three contributing factors to changes in surface δ18Oc (temperature effect, circulation and climate
effect, and meltwater effect) are of similar magnitude, while changes in benthic δ18Oc are mainly dictated by
the temperature effect (Figure 6). In the surface ocean, the largest changes are seen in the Atlantic basin, while
in the deep ocean, changes in δ18Oc are of similar magnitude in the Atlantic and Pacific Oceans. Our results are
in agreement with an earlier study by Gebbie [2012], who found, using an inverse method based on a tracer
transport model of modern-day ocean circulation, that changes in glacial-deglacial δ18Oc at an Iberian margin
core were contributed nearly equally by δ18Ow and temperature. However, unlike the results presented here,
Gebbie [2012] finds the δ18Ow influence on δ18Oc to be twice as large as temperature in the eastern Pacific.

Finally, this is to our knowledge the first modeling study that simulates the∼0.5‰ δ18Oc depletion in the deep
North Atlantic found in sediment records during Heinrich Stadials [e.g., Rasmussen et al., 1996; Dokken and
Jansen, 1999; Kreveld et al., 2000; Rasmussen and Thomsen, 2004; Hillaire-Marcel and de Vernal, 2008; Meland
et al., 2008]. Our results (Figures 6b and 7) do not support the hypothesis that such decrease was caused by
sea ice variability and the resulting brine water formation, a mechanism that has been brought forward in
the past [Vidal et al., 1998; Dokken and Jansen, 1999] but which also has been questioned recently [Bauch and
Bauch, 2001; Stanford et al., 2011; Brennan et al., 2013]. Instead, we show that such anomalies could occur as a
consequence of a rapid resumption of the AMOC at the end of a large meltwater or Heinrich event.
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