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Abstract

The free-air gravity in the Marmara Sea reveals that the low density of sedimentary basins is
partly compensated in the lower crust. We compiled geophysical upper crust studies to determine the
sediment basin geometries in and around the Marmara Sea and corrected the gravity signal from this upper
crust geology with the Parker method. Then, assuming long wavelength anomalies in the residual gravity
signal is caused by variations in the Moho topography, we inverted the residual to build the Moho
topography. The result shows that the Moho is uplifted on an area greater than the Marmara Sea with a
maximum crust thinning beneath the basins where the Moho is at about 25 km, 5 km above the reference
depth. We then evaluated the Neogene extension by comparing the surface covered by our 3-D thinned
model with the surface covered by an unthinned model with same crustal volume. Comparing this surface
with areal extension rate from GPS data, we found a good compatibility indicating that the extension rate
averaged over the Sea of Marmara area probably remained close to its present-day value during major
changes of tectonic regime, as the incursion of the North Anatolian Fault system during the Pliocene leads to
the establishment of the dominantly strike-slip present-day system. We also show that crustal extension is
distributed over a wider domain in the lower crust than in the upper crust, and that this may be accounted for
by a relatively minor component of lower crustal ductile ﬂow.
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Basin formation along strike-slip fault zones generally results from crustal extension at a releasing bend or
releasing overstep [e.g., Christie-Blick and Biddle, 1985; Biddle and Christie-Blick, 1985]. The rheology of the lower
crust and the ratio of step over width to brittle crust thickness thus appear as essential parameters controlling
the distribution of extension, basin geometry, and sediment thickness [Petrunin and Sobolev, 2006; Smit et al.,
2008]. With this respect, the Dead Sea and the Death Valley have been considered as end-member cases. The
Dead Sea pull apart corresponds to a small 10 km step over in a mostly brittle 35 km crust, in which case the
extension occurs along the basin axis and remains conﬁned in the narrow corridor deﬁned by the bounding
strike-slip faults [Katzman et al., 1995; Petrunin and Sobolev, 2006; Ten Brink et al., 1993]. The Death Valley fault
corresponds to a more than 50 km step over in a relatively thin brittle crust, in which case the basin developed
as an oblique structure bounded by normal faults [Burchﬁel and Stewart, 1966]. Remarkably, in both cases, the
Moho is not uplifted beneath the basins for contrasted reasons. The Dead Sea basin is essentially uncompensated, with little involvement of the mantle in the formation of the basin [Ten Brink et al., 1993; Petrunin and
Sobolev, 2006]. Below the Death Valley, the crust is hot and highly ductile, affected by the regional basin and
range extension, resulting in compensation within the crust and a ﬂat Moho [De Voogd et al., 1988; Fliedner
et al., 1996]. The Marmara Sea corresponds to an intermediate case where the step width is comparable to
the width of the brittle crust (15–20 km), as may be estimated from the depth distribution of earthquakes
[Schmittbuhl et al., 2016], and wide-angle refraction studies indicate a Moho at 26 km depth below sea level
beneath the Marmara Sea troughs, implying at least 5 km of uplift [Bécel et al., 2009]. Compared to the Dead
Sea low heat ﬂow, estimated less than 50 mW m2 [Ben-Avraham et al., 1978; Garfunkel and Ben-Avraham,
1996], and the heat ﬂow above 100 mW m2 of the Death valley [Sass et al., 1994], the Marmara Sea, with a crustal heat ﬂow ranging between 55 and 85 mW m2 [Grall et al., 2012; Pﬁster et al., 1998], appears as intermediate
and representative of average continental crust heat ﬂow [Pollack et al., 1993]. The Marmara Sea case may thus
provide some insight on the inﬂuence of crustal heat ﬂow and rheology on strike-slip basin development and
associated crustal thinning, hence motivating the present study.
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Figure 1. Geographic and simpliﬁed tectonic setting of the Marmara Sea. B stands for Basins, H for Highs, and NAF(N) for
the northern branch of the North Anatolian Fault. The Fault location is modiﬁed from Şengör et al. [2014]. Bathymetry data
are from the EM300 multibeam survey.

The Marmara Sea is situated along a segment of the North Anatolian Fault (NAF), a vast fault system carrying
20 to 27 mm/yr of dextral strike-slip motion, according to GPS, between the Anatolian and the Eurasian plates
[Reilinger et al., 2006; Hergert and Heidbach, 2010]. In its western part, the NAF splits into several branches. The
Marmara Sea overlies the NAF northern branch, the Main Marmara Fault (MMF) [Le Pichon et al., 2001; Şengör
et al., 2005] (see Figure 1). While the MMF is interpreted as a pure, or dominantly, strike-slip fault [e.g., Rangin
et al., 2004; Seeber et al., 2004], there are remaining uncertainties about the amount of extension taken up in
the Marmara Sea region and about the extensional mechanisms that led to the present basin geometries.
Bécel et al. [2009] interpreted a northward dipping seismic reﬂector as a detachment oriented N40°E south
of the Central Basin and suggested an asymmetric crustal thinning toward the SW. In the same study, Bécel
et al. [2009] identiﬁed Pn wave, refracted on top of the upper mantle, in wide-angle seismic data and showed
that the crustal thinning spreads southward over a broader domain than the deep basins composing the
North Marmara Trough (NMT). This result has been conﬁrmed by a north to south onshore seismic survey
[Karabulut et al., 2013], cutting the Marmara Sea at about the Marmara Island longitude and showing a
smooth 5 km thinning over a zone wider than the Marmara Sea.
We conducted a gravity data analysis, using seismic study results as constraints [Bécel et al., 2009; Karabulut
et al., 2013; Bayrakci et al., 2013], to produce a Moho depth map, draw a budget of crustal extension, and evaluate the lower crustal ductile ﬂow contribution to the extension processes.

2. Data
2.1. Gravity and Topographic Data
The gravity anomaly map used in our study was obtained by merging a global gravity model and marine ship
data acquired in the Marmara Sea. First, we retrieved a gravity grid from the Scripps Institution of
Oceanography website. Available on http://topex.ucsd.edu/WWW_html/mar_grav.html, the data grid is
based, for the marine domain, on past 3 × 105 to 4 × 105 m s2 (3 to 4 mGal) accurate Geosat and ERS-1 satellites data and new altimeter data from Jason-1 and CryoSat-2 satellites, with the later providing the dense
coverage of a 2.5 km track spacing [Sandwell and Smith, 1997; Sandwell et al., 2014]. The estimated accuracy
at the Marmara Sea latitude is about 1.7 × 105 m s2 [Sandwell et al., 2013]. The land part of this global model
is based on the Earth Gravitational Model 2008 [Pavlis et al., 2012]. A linear interpolation was used to reﬁne
the map in order to obtain a 256 × 512 cell grid covering the considered area and appropriate for fastFourier transform, which is optimized for grid sizes that are powers of 2. The area of our study covers latitudes
between 40° and 41.5° and longitudes between 26° and 30°.
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Figure 2. (a) Comparison of free-air gravity data from satellite altimetry [Sandwell et al., 2014] and from N/O Pourquoi Pas?
shipboard gravimeter on a transection. (b) Free-air anomaly ﬁeld interpolated from satellite data only and location of the
transect shown in Figure 2a.

The second data source is the gravity data collected during the Marsite Cruise in October and November 2014
on board the survey vessel N/O Pourquoi Pas?. The ship is equipped with a Bodenseewerk KSS 31 gravimeter
working with a spring on a stabilized platform. The device is installed at the ship steadiest spot and records
data at a high time resolution giving a space resolution of about 1 m. As the data we accessed are not
calibrated at port station, the mean value of the ship data was moved to match the satellite data mean value
in the Marmara Sea. Then a 256 × 512 cell grid covering our area of study was created from the ship data with
linear interpolation and extrapolation from the closest value.
Figure 2 shows a comparison of the two data sources on a transect, as well as the satellite data grid with the
transect location. The inconsistency visible in the east probably corresponds to a location where the spline
interpolation of the satellite data creates short wavelet oscillations. Another feature that will be removed
when integrating the ship gravity data is the negative anomaly near the Bosphorus Strait. The high speed
of the jet current at the Bosphorus outlet (about 2 m s1) results in negative sea topography. This local
lowering of the sea surface results in an apparent gravity low in the satellite gravity map.
The data were combined by using the grid created from ship data within 1700 m of the ship track and the
grid from satellite data further than 4200 m. The corridors in between were ﬁlled by a biharmonic spline
interpolation available in MATLAB and based on Sandwell [1987]. Figure 3 shows our ﬁnal free-air gravity
KENDE ET AL.
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Figure 3. Final free-air anomaly map combining the satellite data and the Marsite cruise gravity measurements.

map. The merging delivered ﬁner data in the Marmara Sea and eliminated small artifacts in the eastern part of
the Marmara Sea (see Figure 2). However, as the ship tracks were not evenly spaced over the entire study
area, artifacts may remain in the ﬁnal grid.
The bathymetric data used for the Marmara deep basins, presented in Figure 1, is based on the EM300
multibeam survey of the Marmara Sea basins [Le Pichon et al., 2001]. On the shelves and on land, we used
the global topographic grid available from the Scripps Institution of Oceanography website.
2.2. Sediment Thickness Data
The basin model used in this study is mostly based on the sediment thicknesses derived from the tomographic study presented in Bayrakci et al. [2013]. We adopted the distinction of a synkinematic layer and a
prekinematic layer ﬁrst introduced by Laigle et al. [2008] and corresponding, respectively, to the sediments
deposited during and before the opening of the Marmara basins. Laigle et al. [2008] identiﬁed the boundary
between the two layers, while Bayrakci et al. [2013] estimated that the 4.2 km s1 and 5.2 km s1 P wave velocity isocontours delimit them.
The velocity/density model is probably more complex and heterogeneous in details. The presence of a
damaged zone with low seismic velocities and negative density anomalies has been observed around the
North Anatolian Fault east of the Marmara Sea [Ben-Zion et al., 2003] and in the San Andreas fault zone area
[e.g., Feng and McEvilly, 1983; Wang et al., 1986]. It is very likely that a damage zone associated with density
contrasts also occurs in the Marmara Sea, for instance, between the NMT and its surrounding. However, the
seismic surveys on which the basin model is based do not show clear evidence for this, and the resolution of
the gravity data is also too low to account for such contrasts.
The sediment thickness model was extended over the southern shelf based on interpretation of multichannel
seismic proﬁles provided by the Turkish Petroleum company [Le Pichon et al., 2013]. In this interpretation,
Plio-Quaternary sediments are distinguished from prekinematic Miocene to early Pliocene sediments, which
are deposited on basement or cretaceous carbonates. P wave velocity, as described in Bayrakci et al. [2013],
was also considered when known.
In order to limit edge effects in the gravity inversion, the area of interest is not limited to the Marmara Sea.
Nearby structures had to be modeled as well: the Black Sea and the Thrace basin.
Only the southwestern part of the Black Sea was included in the domain of study. The sediment layers were
extrapolated from the proﬁle presented on Plate 14 in Robinson et al. [1996] by adopting a constant thickness
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Figure 4. Thickness of the two sediment layers expended from Bayrakci et al. [2013] model deﬁned between 27.25°–29.4°E
and 40.5°–41.1°N. The layers initial deﬁnition is based on P wave velocity. The synkinematic sediment layer corresponds to
1
1
velocities lower than 4.2 km s , and the prekinematic sediment layer has P wave velocities comprised between 4.2 km s
1
and 5.2 km s . Bayrakci et al. [2013] model was expanded interpreting the bottom of the Plio-Quaternary sediments as the
interface between the two layers when P wave velocities were not available. Plio-Quaternary sediment thickness is
neglected in the Thrace basin, and a simple model with constant thickness is applied to the Black Sea.

of 600 m for the ﬁrst as well as for the second layer of sediment. Thus, we obtain sediment depths directly
related to the bathymetry. Although this is a rough approximation of the Black Sea sedimentary structure, this
approximation does not strongly affect our model in the Marmara Sea area.
The Oligocene-Eocene Thrace basin geometry is well constrained from seismic surveys and industry boreholes. We used the sediment depth model presented in Siyako and Huvaz [2007] and mainly based on well
data [Huvaz et al., 2007]. We ignored the Plio-Quaternary sediment layer as its thickness is always less than
500 m [Siyako and Huvaz, 2007].
Finally, the two sediment depth maps were reﬁned using a linear interpolation in order to obtain a 256 × 512
cell grid matching the gravity data grid. Figure 4 shows the ﬁnal thickness map for the two sediment layers.
2.3. Crustal Structure
The existence of a reﬂective lower crust has been shown by both multichannel seismic [Laigle et al., 2008] and
ocean bottom seismometer [Bécel et al., 2009] data. However, the deep reﬂections could only be identiﬁed on
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few multichannel seismic proﬁles due to the multiples or lateral echoes. The top of the lower crust, as well as
the Moho, are therefore constrained by wide-angle refraction-reﬂection data recorded by far offset stations
and few Ocean Bottom Seismometers (OBSs) that provide enough depth penetration. Bécel et al. [2009]
imaged the top of the lower crust on three 2-D proﬁles and proposed a 2-D model where the lower crust
and the Moho have a similar geometry, with the upper/lower crust interface lying at two thirds of the
Moho depth. We assume that the continental crust retains these proportions in the modeled domain in
3-D, as we do not have any other independent data to constrain the 3-D model. The geometry of the interface
between the upper and the lower crust will thus be calculated together with the geometry of the Moho using
the inversion method detailed below. The calculated Moho and the upper/lower crust interface depths will
then be compared to available constraints from seismic studies.

3. Method
Modeling the Moho depth variations from gravity data is a two-step process. First, the impact of the known
geology and topography on the gravity must be accounted for and removed from the free-air gravity. The
resulting gravity anomaly represents the effect of density variations in the deeper part of the crust and in
the mantle. We assumed that the remaining anomalies are related to Moho depth variations and can be
inverted to determine the geometry of the Moho.
For the ﬁrst step, we computed the effect of our upper crust model on gravity in the onshore and
offshore domains.
3.1. Gravity Correction Over the Onshore Domain
For the onshore domain, we ﬁrst applied a Bouguer correction to remove the effect of the topography. In the
Thrace basin, we used a sediment density for the Bouguer calculation equal to the density of the prekinematic sediment layer and then corrected for the Thrace basin sediment thickness using the same procedure
as for the offshore domain.
Prior to computing the Bouguer correction, a Gaussian ﬁlter with a 20 km window was applied on the
topography. This ﬁltering was needed because wavelengths shorter than 20 km are absent from the satellite
gravity grid. This ﬁltering does create a risk of interfering with crustal effect on gravity and losing part of the
signal [Aitken et al., 2013].
3.2. Gravity Correction in the Marmara Sea, in the Black Sea, and in the Thrace basin
The Bouguer correction is a fast and effective approximation of the gravity anomaly caused by topography
on land. But, as we need to account for the effect of the Marmara Sea basins, the gravity must be corrected
from the inﬂuence of the bathymetry variations and from the effect of water and sediment layers:
gcorrected ¼ gmeasured  δgw  δgS1  δgS2
where δgw, δgS1 , and δgS2 are the effect on gravity of, respectively, the layer of water, the synkinematic
sediments, and the prekinematic sediments.
The basin correction was performed through the application of the Parker method [Parker, 1972], which is
based on a Fourier transform of the gravity equation:
F ½gðx Þ ¼  2 πGΔρejkjz0

∞
X
jk jn1
n¼1

n!

F ½hn ðx Þ

(1)

where Δρ is the density difference at the considered interface, k is the wave number of the transform function, and z0 is the mean depth of the considered interface. F[g(x)] and F[hn(x)] are, respectively, the Fourier
transform of the gravity ﬁeld and of the interface depth.
We used the Parker equation to calculate the gravity correction based on our three interfaces: the
water/synkinematic sediment interface, the synkinematic/prekinematic sediment interface, and the prekinematic sediment/crust interface. We obtain the gravity correction to be applied on the observed gravity ﬁeld
to account for differences between our model and an ideal model with a ﬂat topography and no
sedimentary basins.
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In the Thrace basin, we have the special case of a sedimentary basin with a positive topography. The Bouguer
correction accounted for the positive topography, and the Parker method accounted for the sedimentary
basin below sea level.
3.3. Residual Anomaly Inversion and Moho Depth Variation Determination
Methods for determining the Moho variations and crustal thickness from gravity data have been used for
more than a century [e.g., Vening-Meinesz, 1931]. Approaches include inversion, forward modeling,
process-oriented modeling, and spectral analysis (see Aitken et al. [2013] for a review).
Here we developed a fast inversion method, close to the Parker-Oldenburg algorithm [Oldenburg, 1974]. First,
the Parker equation was linearized, retaining only the ﬁrst term of the Taylor development:
F ½gðx Þ ¼  2 πGΔρejkjz0 F ½hðx Þ

(2)

This equation direct inversion is
F ½hðx Þ ¼ 

ejkjz0
F ½gðx Þ
2 πGΔρ

(3)

This equation would not yield satisfactory results for the Moho because the high wave number terms are
ampliﬁed, while in fact they are unconstrained by data at wavelengths shorter than the crustal thickness.
The method we propose is preconditioning to 0 the amplitude of Moho variations. A least squares misﬁt
function is thus deﬁned in the Fourier domain as


F ½hðk Þ2 
1


2
(4)
S½h ¼
kF ½gðk Þ  F ½gobs ðk Þk þ pﬃﬃﬃﬃﬃﬃﬃﬃﬃ 
 C ðk Þ 
2πGΔρ
where the covariance diagonal matrix C(k) scales the model deviation from the a priori model (ﬂat Moho) with
the error on data projected in the model space [Tarantola, 2005]. We will assume C(k) constant, independent
of wave number. At short wavelengths, the ﬁrst term is nearly independent of the model, and at the minimum of S, h(k) ≈ 0. For long wavelengths, the ﬁrst term becomes dominant, and the preconditioning has little
effect on inversion results. The solution of this linear least squares problem is [Tarantola, 2005]


1
1 1 jkjz0
F ½hðx Þ ¼
ejk jz0 ejk jz0 þ
e
 F ½gobs ðx Þ
(5)
2 πGΔρ
C
This is equivalent to applying a low-pass ﬁlter to the linearly inverted Moho, where C controls the cutoff wavelength. One theoretical advantage of this method is that the shape of the ﬁlter is consistent with a preconditioning approach [Tarantola, 2005].
The low-pass ﬁlter corresponds to



1
1 1 2jkjz0
e2jk jz0
filter ¼ ejkjz0 ejkjz0 þ
e
¼ 1þ
C
C

(6)

The passband power is met when k = 0 and we can deﬁne a cutoff wave number kc corresponding to k for
which the output is half of the passband power
kc ¼

lnðC Þ
2z0

(7)

3.4. Modeling Parameters
Using an inverse modeling method is a fast, effective, and repeatable way to compute a model on a large area
with a ﬁne gridding. It also removes part of human biases that are a risk when carrying forward modeling in
which the model is manually modiﬁed until it ﬁts a set of conditions that describe an acceptable Moho and
meets the geophysical observations [Aitken et al., 2013]. However, the whole model is based on the acceptance of the initial shallow geologic setting, on the precision of the topographic and gravimetric surveys
and on the few parameters that are user input: the layer densities, the reference Moho depth, and the covariance parameter for the Moho inversion.
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The geologic model we ﬁrst used consisted of ﬁve layers, each characterized by a density: water, ﬁrst sediment layer (synkinematic), second sediment layer (prekinematic), crust, and mantle.
The crust and mantle density were chosen based on Bécel et al. [2009] P wave velocities and on Sobolev and
Babeyko [1994] P wave velocity versus density curves. We chose a density of 2650 kg m3 for the upper crust
as the P wave velocities at the top and bottom of the layer are 6 and 6.2 km s1. The lower crust P wave velocity is 6.7 km s1, corresponding to 2950 kg m3. The values retained are also compatible with Christensen
and Mooney [1995] average velocity versus average density curve. Seismic velocity models do not indicate
that the proportion of upper and lower crust varies signiﬁcantly or that lateral variations of density are
present in each layer. With two third of upper crust and one third of lower crust we obtain an average density
value of 2750 kg m3 for the whole crust. Mantle density is taken equal to 3330 kg m3.
An upper/lower crust interface is included in the gravity model. The interface is deﬁned at two thirds of the
Moho depth. The location of the interface is thus calculated iteratively, until convergence is reached, from the
depth of the Moho (inversion result). The results obtained with this layered crust model are not exactly
identical to those obtained with a single layer crust of density 2750 kg m3, but the difference is small: taking
into account the upper/lower crust interface lowers the standard deviation of the ﬁnal residual anomaly in
the domain of study by about 0.6 × 105 m s2 (0.6 mGal).
The synkinematic and prekinematic sediment thicknesses that we adopted from Bayrakci et al. [2013] model
are identiﬁed with P wave isovelocity contours: the ﬁrst layer refers to the ﬁeld in which P wave velocity is
smaller than 4.2 km s1 and prekinematic sediments have P wave velocities between 4.2 km s1 and
5.2 km s1. To estimate the two sedimentary layer densities from these velocities, we used Erickson and
Jarrard [1998] relation for siliciclastic water-saturated sediments:
0:305
i þ 0:61ðv sh  1ÞðX  absðX ÞÞ
V p ¼ 1:11 þ 1:178∅ þ h
ð∅ þ 0:135Þ2 þ 0:0725
where X = tanh(20(∅  0.39)). Vp is the compressional wave velocity, vsh the shale fraction, and ∅ the porosity.
It has the advantage of including the shale fraction as a variable which allows us to evaluate reasonable
uncertainties since sediments may change from very ﬁne clay to coarser layers. We tested the relation with
vsh varying from 0 to 1. For a velocity of 4.2 km s1, we obtained the limit values of 2400 kg m3 (∅ = 0.15)
and 2630 kg m3 (∅ = 0.01), using 2650 for siliciclastic grain density. One should note that the value calculated with vsh = 1 largely encompass the possible drifting described by Erickson and Jarrard [1998] when dealing with very low porosities. Then considering a porosity for shallow clay rich sediments of 700 kg m3 [Le
Pichon et al., 1990], which is consistent with measurements on Marmara Sea sediment cores [Aloisi et al.,
2015], and an exponential porosity-depth law (Athy’s law, [Grall et al., 2012, 2013]) from the sediment layer
top to its ﬂoor, we obtain a range of 2070 to 2390 kg m3 for the average density of the ﬁrst layer of sediment.
For the bottom limit of the second layer, we used the same equation and vsh = 0 to determine a minimum
density of 2600 kg m3 (∅ = 0.03). From this value and the one calculated at the layer top, we get an average
minimum density for the second layer of sediment of 2530 kg m3 (∅ = 0.07). We then consider 2650 kg m3
as a maximum, for which there is no density contrast between the second layer of sediment and the
upper crust.
The two ranges of density were scanned with a step of 20 kg m3, and all combinations were tested. Each
time, we calculated the residual gravity after correcting for the Marmara Sea basins without taking into
account the Thrace basin and the Black Sea sediments.
The comparison of the residual standard deviations indicates that the higher the density values are, the smaller the residual gravity anomaly is. If a homogeneous crustal density is assumed for the upper crust and the
two sediment layers (2650 kg m3), the residual anomaly is very small, which would result in an almost ﬂat
Moho. However, this interpretation can be considered unrealistic in view of the seismic data. Nevertheless,
the residual anomaly and calculated Moho geometry are strongly dependent on the average densities
assumed for the sedimentary layers.
In the following, the discussion will be based on a mean model obtained with average density values of 2230
and 2590 kg m3 for synkinematic and prekinematic sediments, respectively. We will also consider that
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varying the density within the determined range yields the possible range of variation of Moho depth maps
as constrained by gravity.
For the inversion of the corrected gravity ﬁeld, two more parameters have to be set: the mean Moho depth
and the covariance. The choice of the mean Moho depth was based on Karabulut et al. [2013] and set to
30 km. We preferred that value to the about 35 km depth inferred around the Marmara Sea in Bécel et al.
[2009] as their distribution of receiver and sources does not constrain well the Moho depth outside the
basins. It is also the reference value chosen by Tiberi et al. [2001] for their inversion of gravity data after
correcting for the plunging African slab in the Corinth Rift area.
The covariance parameter has a direct impact on the Moho results. We tested covariance ranging from 10
to 50 and selected 25 as it gives the depth variation amplitude closest to the one observed by Karabulut
et al. [2013] for the model with intermediate gravity values. This corresponds to a cutoff wavelength of about
120 km.

4. Results
Figure 5 shows the intermediate result of the gravity ﬁeld corrected from the topography and the upper crust
density variations, before inversion. Figure 6 shows the Moho depth and the ﬁnal residual, which is the difference between the measured gravity and the modeled gravity. Results computed with the minimum and
maximum sediment densities within the bounds we deﬁned are also presented. Although the Moho depth
variation amplitude changes, the geometry is very similar on results a and b and all three results show a “saddle” shaped Moho. The thinning spreads farther north than south of the Marmara Sea, considering 30 km
depth as the default depth in a homogeneous crust, and the two shallowest zones are centered north of
the Marmara Island and above the Çınarcık basin. The RMS of the difference between the depths of the
two extreme models is 1 km. Hence, the model is fairly robust to variations of the sediment densities within
the reasonable bounds we deﬁned.
The modeled gravity is the summation of on-land Bouguer correction, basin effects on the gravity, and the
gravity anomaly produced by the inferred Moho and upper crust/lower crust boundary. Thus, observation
of the gravity residual is representative of the model accuracy as it is the part of the gravity measurement
not explained by our model.
As presented in Figure 6, with each of the sediment density pair inputs, we obtain a map with a residual
gravity anomaly equal to 0  5 × 105 m s2 (0  5 mGal) on the majority of our domain of study.
In the Marmara Sea, the residual is characterized by a positive “belt” spreading from east to west above the
basins and along the southern shore. In the middle, the Marmara Island, the zone north of the Kapıdağ
Peninsula and the İmralı basin, are small areas with negative residuals. We will discuss separately the northern
and the southern part of the positive belt as they probably result from two different mechanisms.
The northern part of the belt coincides with the deep basins and shows the highest residuals at the location
of the current depocenters in the Tekirdağ and the Çınarcık basins. This may be due to the fact that sediment
layers are characterized by only one mean density, which may be too small for zones with a very thick sediment layer. Similarly, as the residual above the basins is decreased by highest density values, the density
ranges we deﬁned earlier may be overly shifted toward lower density values. Also, in this zone, the positive
residual creates a pattern which coincides with the Marsite cruise ship path. Thus, although the merging of
the N/O Pourquoi Pas? and the satellite data suppressed an artifact in the east (see Figure 3), the two data
source may not be consistent enough. We could probably lower this positive residual by normalizing the ship
data with regards of the satellite data, instead of only matching the averages. But the area covered by the
ship data is not wide enough to be representative and to allow such a correction. Part of the positive residual
is also due to the fact that wavelength shorter than the geological model resolution is not compensated and
cannot be lessened when adding the Moho interface. So short wavelength gravity variations are visible
where they were recorded along the ship path.
The southern part of the positive belt, which spreads along the southern shore, coincides with a positive gravity anomaly in the initial gravity data (see Figure 3). The preservation of this positive anomaly as a residual,
independent of the sediment densities, indicates that our model probably lacks a structure which should
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Figure 5. Gravity anomaly after correcting the measured gravity ﬁeld using Bouguer calculation for the topography and
the Parker method [Parker, 1972] for the sediment basins.

account for it. For instance, it could be an elastic ﬂexure effect inside the upper crust related to the tilted
blocks in the southern basins [Bécel et al., 2009], as we have no constraint on the upper crust at that location.
Away from the Marmara Sea, at the limits of the area of study in the north-east and south-east directions, the
overly bended Moho indicates an edge effect due to the fact that the Moho is approximated with Fourier
transforms. This problem will not be discussed further as the area is large enough to avoid such effect near
the Marmara Sea.
4.1. Compatibility With Published Geophysical Studies
To assess the accuracy of our model, we here compare our results with previously published Moho depth
data from geophysical surveys: Bécel et al. [2009] proﬁles based on Multichannel reﬂection Seismic (MCS)
lines, on-land stations and OBSs, and Karabulut et al. [2013] 650 km long north-south proﬁle based on a tomographic study. As the parameters in our study were chosen in order to reach a model close to those
constructed by these geophysical surveys, it is expected that amplitude and main structures are alike. We will
discuss the remaining differences.
In Bécel et al. [2009], three proﬁles based on marine multichannel reﬂection seismic, Ocean Bottom
Seismometers (OBSs), and onshore reﬂection/refraction records are presented. Figure 7 shows a comparison
of these three proﬁles and of our results.
In wide-angle refraction-reﬂection modeling, reﬂections give information about the topography of the interfaces whereas refractions constrain the velocity of the medium, which in turn has an effect on the depth of the
interfaces. On the far offset stations, the reﬂections from the top of the lower crust (PiP) and Moho (PmP) are
clear. However, at the edges of the proﬁles, due to the sparse refraction sampling and the velocity-depth
ambiguity, the depth of the interfaces is expected to be less accurate than in the regions sampled abundantly
by both reﬂections and refractions (e.g., below the NMT the top of the crystalline crust is sampled abundantly
by reﬂections from the basement and by refracted waves within the basement). Furthermore, even if Bécel
et al. [2009] positioned the Moho at about 35 km away from the basin, this is an a priori depth and they found
evidence only for 5 km of absolute Moho depth variation. Thus, we will focus on comparing the proﬁles under
the NMT, where it is best constrained by seismic data.
The AA0 proﬁle [Bécel et al., 2009] under the NMT shows a thinning almost constant under the main basins.
Our 3-D model is consistent with this 2-D model under the basins, with a Moho depth at about 25 km and
a slightly thicker crust in the central part of the Marmara Sea.
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Figure 6. Moho depth topography and gravity residual computed with variable density for the synkinematic sediment layer and the prekinematic sediment layer
3
3
3
with, respectively, (a) 2.23 and 2.59 g cm , (b) 2.07 and 2.53 g.cm , and (c) 2.39 and 2.65 g cm . Thick blue lines: locations of proﬁles presented in Figure 7.

The consistency of the two models along the southern shelf E-W BB0 is more questionable as Bécel et al.
[2009] show a thinning under the limits of the İmralı basin, whereas our model gives a similar result as
the proﬁle under the NMT. However, the main data used to constrain this southern proﬁle by Bécel et al.
[2009] are shots along a MCS line, which was limited to the ship track east of Marmara Island. On the western
extremity of this line, Bécel [2006] detected evidence of a deepening of the lower crust top and interpreted
this as the edge of the thinning, concluding that the crust is unthinned under the Marmara Island. But the
dip they detected could in fact correspond to the edge of the thinning centered, in our model, under the
Çınarcık basin.
The third proﬁle (CC0 ) interpreted by Bécel et al. [2009] is oriented NS and shows that a thinning under the
North Marmara Trough is required in order to ﬁt the computed PmP waves traveltime with records from
the Oren on land station in the south. The proﬁle in our model presents a shallower Moho overall, but the
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Figure 7. Gravity, geological data, and results along four proﬁles (see location in Figure 6a). (left column) Geological setting, modeled Moho, and modeled upper
crust/lower crust boundary. (right column) Gravity measurement, computed gravity, residual anomaly, and gravity ﬁeld induced by Moho depth variation.
Proﬁles A, B, and C coincides with proﬁles presented in Bécel et al. [2009], and proﬁles D is localized in Karabulut et al. [2013] cross section. Bold black lines in Figure 7
(left column) represent Bécel et al. [2009] Moho and lower crust depth on proﬁles A, B, and C, and Karabulut et al. [2013] Moho depth on proﬁle D. Dotted lines
correspond to locations where seismic constraints are thin.
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Figure 8. (a) Moho depth and (b) gravity residual of the isostatic model. Geological setting, gravity data, and sediment characteristics used as inputs are the same as
in the previous models. The compensation depth is 35 km, and the reference crust thickness is 30 km The Moho topography is ﬁltered to discard small wavelength.
Apart from the ﬁltering, it is a direct response to the geological model.

inclination inferred from the Oren station of 4.3° is very close to the inclination in our model, at the location of
Bécel et al. [2009] constraint on the Moho.
To conclude, our model is consistent with Bécel et al. [2009] model where seismic data give good constraints.
But unlike Bécel et al. [2009], who determined that the thinning is localized under the main basins, we propose that the thinning zone is wider and extends southward, including below the Marmara Island anticline
[Le Pichon et al., 2013].
The 650 km long proﬁle presented in Karabulut et al. [2013] was constructed based on a tomography study
using receiver functions. Because only on land stations were used, the data spacing is not tight in the
Marmara Sea and there are gaps of about 65 km in the north and 30 km in the south between the stations
along the shores and the next stations on the proﬁle. As our model amplitude in proﬁle DD0 was mainly based
on Karabulut et al. [2013] study, we do observe the same depth in the middle of the Marmara Sea and away
from the basins. However, the apparent wavelength of our model is different with a thinning spread on about
120 km compared to 220 km in Karabulut et al. [2013] model. Given that Karabulut et al. [2013] horizontal
resolution is about 40 km, the two models are not inconsistent.
4.2. Isostatic Model
To evaluate further the validity of our model, we compared it to an isostatic ﬁltered model. The isostatic
Moho model was calculated through an Airy mass compensation condition on columns of 35 km thickness
and of about 0.4 km2. The compensation was made to ﬁt with an ideal column of 30 km of crust and 5 km
of mantle. The basin model is the same as before, with two sediments layers. The resulting Moho was ﬁltered through a Butterworth low-pass ﬁlter set to give the best correlation coefﬁcient of the two models
frequency signatures.
The result (see Figure 8b) is close to the Moho inverted from gravity values, with two areas of maximum thinning in the eastern and western parts of the Sea of Marmara. Also, the western zone of thinning in the
isostatic model is centered NE of the Marmara Island, not north of the island. This result is unsurprising as,
by construction, the isostatically compensated Moho image is merely a ﬁltered image of the basin geometry.
The maximum thinning zones thus correspond to the areas with the highest thicknesses of basin ﬁll. The
range of Moho depth variations is also comparable, which indicates that the present-day basin geometry
is in large part isostatically compensated. However, local comparison with our model indicates that there is
an isostatic deﬁcit under the NMT but an excessive compensation under the southern basins where our
modeled Moho is higher than the isostatic Moho.
The residual gravity anomaly (difference between measured gravity and modeled gravity anomaly) is
signiﬁcantly larger with the isostatic model than with the inversion results. This is because the Moho uplift
in the isostatic model is too narrow to create a prominent gravity variation. Thus, the small amplitude of
the gravity anomaly generated by the isostatic Moho uplift cannot compensate for the gravity anomaly in
the Marmara Sea after basin correction (see Figure 5). As the amplitude of the gravity anomalies are ﬁltered
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depending on wavelength and interface depth, according to equation (2), the Moho uplift would need to
have a larger amplitude or to contain longer wavelengths in order to ﬁt the gravity anomaly. A larger amplitude is not very realistic as it would imply that there is a net mass excess where the basins are deeper. But
longer wavelengths are what our model suggests. In any case, a model based solely on local isostasy cannot
explain the gravity anomaly.
4.3. Uncertainties
The main factor that may compromise the accuracy of the Moho topography and of the various calculations
based on it is that we did not considered laterally variable densities. As illustrated by Aydin et al. [2005], below
the Sea of Marmara and south of it, Curie-point depths are higher than 20 km. As a consequence, higher
temperatures and lower densities in the lower crust and in the mantle are expected. This may not be
problematic for the application of the Parker method as density variations at interface should not ﬂuctuate
signiﬁcantly, but a thermal gravity correction could deal with gravity anomalies generated by lower densities
[Bai et al., 2014]. Since the temperature variations is oriented NS, such a correction would lower the visible
divergence in the gravity anomaly before inversion (see Figure 5) between the north and the south.
However, the amplitude of this anomaly is small compared to the anomalies dominating the Marmara Sea
area. Only a small impact in the ﬁnal result is expected. If this anomaly was corrected before inversion, we
would predict a deeper Moho in the north and a relatively higher Moho in the south. This could in part
explain the apparently thinner crust in our model beneath the Istanbul block, which appears as a relatively
cold zone in the Curie-point map [Aydin et al., 2005].
Furthermore, we deﬁned our sediment and upper crust limits from density and/or age contrasts, regardless of
rock types. If this model is well constrained in the Marmara Sea from the seismic data, uncertainties increase
away from the sea. This effect adds up to the fact that the upper/lower crust density contrast is also solely
constrained in the Marmara Sea by Bécel et al. [2009] deep surveys. However, the data coverage is sufﬁcient
to rule out the isostatically compensated model in which the Moho uplift would be mostly conﬁned below
the deep basins.
Another source of uncertainty is the likely existence of a damage zone with low P wave and S wave velocity and
low density along the Main Marmara Fault. Since data sets in the Marmara Sea still lack a ﬁne enough resolution
to reveal the geometry and characteristics of such a zone, we did not integrate it in our model but used the
characteristics of the San Andreas Fault low-velocity zone to evaluate the impact that such a zone could have
on the Moho model in the Marmara Sea. Recent studies based on the San Andreas Fault Observatory at Depth
project have shown that the damaged zone is about 200 m and extends at least as deep as 7 km [Jeppson and
Tobin, 2015; Li and Malin, 2008]. We used the 2-D equation by Telford et al. [1990] for calculating the 2-D gravity
effect of a vertical dyke (applied to a zone of low density along a fault). We considered a 200 to 300 m wide zone
reaching the surface and going as deep as 15 km, which corresponds to the maximum depth of the brittle crust
ﬂoor [Schmittbuhl et al., 2016]. We evaluated the maximum value of the density anomaly to 400 kg/m3 using
velocity-density relationships proposed for the San Andreas Fault damage zone [Roecker et al., 2004]. We thus
obtain a maximum anomaly accounting for the density loss along the fault of 8.9 mGal, which drops to
1.8 mGal 5 km away from the fault. As for the impact on the Moho modeling, the uplift of the Moho found
after correcting for the effect of a damaged zone is increased by a maximum of 120 m under the fault, which
has a negligible effect on the volume calculations we will carry in the discussion.

5. Discussion
The Moho depth variation model computed in this study shows a distribution of thinning which appears to
roughly mimic the base of the syntectonic basins [Bayrakci et al., 2013]. The Moho highs do not exactly match
the upper crust lows but are both close to the two Marmara most active basins. The two highs are separated
by an inﬂection in the Moho roughly at the Central High location, where the minimum extension is observed
in the North Marmara Trough. The thinning also appears to spread over a wider zone. This indicates that the
stretching component of strain in the Marmara Sea has been distributed differently in the upper crust and at
the Moho level, implying some ductile ﬂows in the lower crust.
If this model is hardly compatible with any model based on rigid blocks, like Armijo et al. [1999] block model
based on present-day active fault geometry in the brittle crust, it shows a geometric compatibility with the
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Figure 9. Thinning rate corresponding to our model crust thickness over 30 km reference thickness. The unshaded area
2
correspond to the zone that was considered in a crust volume calculation to estimate a 2100  250 km extension
surface in the Marmara Sea.

low-angle detachment system identiﬁed in the Eastern and Central Marmara Sea from seismic reﬂection and
refraction proﬁles [Bécel et al., 2010]. But the zone of crustal thinning still appears broader extending below
the southern shelf and the Marmara Island. A more detailed comparison of the Moho topography and of the
basement topography is presented in Le Pichon et al. [2015].
5.1. Overall Extension in the Marmara Sea
To quantify the overall extension accommodated during the Marmara Sea basins formation, we considered
the volume difference between the crust in our model and a reference prekinematic model with a constant
30 km thick crust and no sediment basins nor hills. Here, the term “crust,” refers to the lower and upper crust,
as well as to the prekinematic sediment. In order to avoid interferences from older geological systems, we
discarded zones where the Moho depth variations are inﬂuenced by pre-Pliocene tectonics, for instance,
the Uludağ massif which exhumation occurred during the early Miocene [Okay et al., 2008], the Black Sea,
and the Thrace basin. Figure 9 shows the ﬁnal 19450 km2 area we considered.
We computed the proportion of the area that could be accommodated with this ideal crust, given the volume of
crust in our model. We obtained that, with the volume of crust given by our model in the 19450 km2 area we
deﬁned, a 30 km thick reference crust could cover only 17400  300 km2. Thus, our model indicates a total of
2050  300 km2 of extension during the formation of the Marmara Sea. Figure 10 shows a schematic
explanation of this calculation. The uncertainty is obtained by varying the sediment densities within the deﬁned

Figure 10. Schematic explanation of the extension surface calculation. The surface difference between the current model
and the ideal prekinematic model corresponds to the extension. We compute the prekinematic block surface regardless of
its shape.
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bounds and varying the reference Moho depth by 2 km around the 30 km reference value, which corresponds to
Karabulut et al. [2013] estimated uncertainty on Moho picks. Because the reference thickness is also an input for
the Moho topography inversion, the uncertainty on “missing” surface may seem smaller than expected.
Armijo et al. [2002] presented a reconstitution of the area at 5 Myr based on present-day active fault geometry in the brittle crust. They delimited four rigid blocks creating two main zones where oblique slip and
extension occur, along the deep basins and along the southern coast. A third zone, farther south, will not
be considered as it is in great part outside of the area we modeled. Between these two systems, an additional
fault system identiﬁed beneath the southern continental shelf, the Southern Marmara Fault, has been mostly
active during the Pliocene [Le Pichon et al., 2013]. The total slip on the shelf fault is not precisely known, and
this fault was interpreted as a dominantly transpressional, deformation with only local transtension associated
with fault bends. A reconstitution assuming an offset of 85 km on the Ganos fault branch [Armijo et al., 2002]
yields a surface increase by extension of about 6900 km2 with, respectively, 3200 km2 and 3700 km2 along
the deep basins and the southern shelf. This is about 3 times the value we found. Matching those results would
imply an average initial crust thickness of 42 km. Other parameters are displacement and slip obliquity. It is
possible that the block model overestimates obliquity. Reducing obliquity in the Marmara Sea would increase
compression generated at the fault bends in Ganos Mountain area in the west and Armutlu area in the east.
This compression today results in active uplift but did not result in an observable crustal thickening yet. We
conclude that reducing the obliquity is unlikely to solve the discrepancy. More likely, the total 85 km slip
assumed in the block model is an overestimate. The thinned domain that we obtain from gravity modeling
appears wider than the Marmara Trough and extends southward beneath the shelf, but is not resolved as
two distinct zones of extension. The distribution of crustal thickness thus obtained does not support the
presence of a large component of localized extension along the southern fault system. Although the
presence of active fault scarps running along the Southern Marmara coast between Gemlik Bay and
Kapıdağ Peninsula can be argued based on geomorphology, the eastward connection of this fault system to
Ganos fault is unclear. A southwestward prolongation and connection with the southern branch of the NAF
are another possibility [e.g., Şengör et al., 2014] that would produce less extension and also less displacement
along Ganos fault. It is thus possible that the total extension across the Southern Marmara zone is much smaller
than in the block model of Armijo et al. [2002]. In fact, in the block model, the extension in the northern zone
alone is a better match for the extension we calculated over the whole Marmara Sea area.
In this total surface extension calculation, we used the reference 30 km depth as the thickness of the crust
before deformation. However, in this area where the Hellenic subduction rollback has been active for more
than 20 Myr [Jolivet and Faccenna, 2000], it is possible that a large-scale thinning and smoothing by ductile
ﬂow in the lower crust have occurred, even though we do observe 30 km as the average value in the region
around the Marmara Sea [Karabulut et al., 2013; Tiberi et al., 2001]. In that case, the construction of the Moho
variation with regards of a local reference depth would still be valid, but a more regional reference depth
should be considered in the calculation of overall extension.
5.2. Tectonic Regime Evolution During the Last 5 Myr
A complementary approach is to compare our estimate of ﬁnite extension with estimated present-day rate of
extension from geodesy. Geodetic data cannot constrain the distribution of motion within the Marmara Sea,
but the bulk extension of the domain comprised within the same area as the one we selected (see Figure 9)
may be calculated from interpolated velocity ﬁelds [Özeren and Holt, 2010]. The deformation ﬁeld in the
Marmara Sea area was calculated based on a new mathematical approach based on solving for the elastic
deformation sources [Haines et al., 2015]. In zones, like the Marmara Sea, which have dense GPS data along
the boundaries of the domain of interest, this approach provides an interpolation of the deformation ﬁeld
within the domain consistent with an assumption of elastic strain in a homogeneous upper crust.
However, results are independent of assumptions on where faults are located and thus cannot be used to
ascertain slip rates on offshore faults. The areal strain is calculated from the divergence of the vertical derivatives of horizontal stress (VDoHS) rates, divided by an elastic constant, and is equal to the divergence of the
velocity ﬁeld. Using the GPS data presented in Reilinger et al. [2006], we calculated the extension rate in our
domain by considering the areal strain integrated over a wide zone covering the entire thinned crust domain.
This result does not depend on the details of the VDoHS ﬁeld. We obtained an extension rate on our surface
of 396 km2 Myr1.
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Thus, considering the total ﬁnite extension calculated before and assuming a stable extension rate similar to
the present rate, the Marmara Sea extension could have been formed in 5.2  0.7 Myr. Although this time
period could have accommodated a stable extension rate, there is little chance that the fault system and
the way the extension was distributed has been steady as 5 Myr is considered as the maximal age for the
incursion of the North Anatolian Fault system in the Marmara Sea [Şengör et al., 2005; Armijo et al., 1999].
In fact, variations with time of the rate, the width of the deformation zone, and of the rate of motion are
suspected [e.g., Şengör et al., 2005]. Grall et al. [2012] identiﬁed a progressive change in basin subsidence
distribution in the Marmara Central Basin, implying that the zone affected by extension has been wider
during some time in the Pliocene, likely in relation with detachment systems identiﬁed in seismic reﬂection
data [Bécel et al., 2009]. Le Pichon et al. [2015] propose that a system analogous to the Corinth detachment
system was active in the Pliocene between 4.5 and 3.5 Myr, prior to the initiation of the Main Marmara
Fault, and accommodated strain at the tip of the propagating North Anatolian Fault. The beginning of this
extension phase as described by Le Pichon et al. [2015] lies in the uncertainty range of our evaluation based
on present-day extension rate and Moho topography. We propose that the extension strain in the Marmara
zone has been stable or slightly decreasing since the Pliocene, maintaining a constant overall regional extension, but that the incursion of the North Anatolian Fault system restructured the distribution of the extension
from a wide zone with high-scale detachment and distributed extension to the current situation where extension is mostly carried along the Main Marmara Fault.
For the last 1.5 Myr, considering a geological slip rate of 18 mm/yr on the Main Marmara Fault [Le Pichon et al.,
2015; Grall et al., 2013; Kurt et al., 2013] and supposing that the extension was evenly carried along the 160 km
long North Marmara Trough, our surface extension rate leads to an extension rate of 2.5 mm/yr and an
average angular obliquity of 7.9° between velocity vector and local plate boundary orientation.
Based on the repartition of the crust thinning (see Figure 9), we can make a few assumptions on how the
purely extensive system was functioning prior to the North Anatolian Fault propagation. We see that there
is a striking difference between two zones, delimited approximately by a SW-NE line crossing the eastern
tip of the Kapıdağ Peninsula and the Kumburgaz basin. In the eastern zone, the thinning is stretched all
the way to the southern coast line where the crust thickness is only 80% of our reference thickness. In the
western zone, only a small zone centered on the Tekirdağ basin southern limit shows a crust thickness below
80% of our reference thickness, and the Main Marmara Fault crosses the zone at the maximum of the thinned
zone. In the east, the shifting of the fault in respect of the thinned zone could simply be the effect of the
Çınarcık basin fast subsidence [Le Pichon et al., 2015], originating from the releasing bend [Kurt et al.,
2013]. On the other hand, in the west, there is no shifting of the thinning toward the Tekirdağ basin depocenter. We explain this dissimilarity by a difference in the setting before the fault propagation. In the west, where
evidence of a large-scale detachment is yet to be found, the extension may have been distributed on multiple
fault zones. Thus, no well-deﬁned zone of thinning was created. Whereas in the east, detachment functioning
[Bécel et al., 2009; Le Pichon et al., 2015] caused a broad but well-deﬁned thinned zone. In this zone, the lower
crust was weakened by isotherm rising and ductile ﬂows were facilitated. After the propagation of the North
Anatolian Fault northern branch, the extension was mostly carried by asymmetrical basins along the main
fault. However, in the eastern Marmara zone the extension system remained active, as indicated by steady
state subsidence in İmralı basin [Sorlien et al., 2012], and facilitated the equalization and the spreading of
the Moho indentation by ductile ﬂow from the south, maintaining a shift of the thinning location toward
the south of the fault. In the following part, we quantify the ductile ﬂow in the lower crust.
5.3. Upper and Lower Crust Extension Budget and Ductile Flow in the Lower Crust
If stretching is independent of depth, as in McKenzie [1978] model, and if local isostatic compensation is
applied at the Moho, the indentation of the Moho should nearly be a mirror image of the basin geometry.
The results of the gravity inversion indicate that this is not the case in the Sea of Marmara, and we argued
that ductile ﬂow in the lower crust could be at least part of the explanation. In the following we will show that
the volume of lower crustal ﬂow does not need to be large to explain the observations.
Let us divide the thinned crust area along latitude 40.7°N into a northern domain containing the Northern
Marmara Troughs and a southern domain (see Figure 11). We assume that the volume of the basins and of
the Moho uplift is proportional to the stretching taking place in the upper crust and in the lower crust, respectively. We also assume that ductile ﬂow in the lower crust fully accounts for discrepancies in the stretching
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Figure 11. Schematic 2-D illustration of the comparison between the basin volume in the upper crust and the Moho uplift
in the lower crust. Considering that these volumes are proxies for the stretching and that lower crust thinning that is not
proportionally observed in the upper crust implies ductile ﬂow, we ﬁnd that 14% of the uplift in the lower crust is shifted
from the northern block (N) to the southern block (S) and is related to lateral ductile ﬂow.

distribution between the upper crust and the lower crust. Thus, comparing the distribution of the basin
volume and of the Moho indentation in each domain will give us a maximum value for ductile ﬂow between
the northern and the southern domain. Our model indicates that, in the upper crust, 69% of the basin volume
is in the northern domain while the rest, 31%, is in the south. In the lower crust, only 55% of the Moho uplift is
in the northern domain and 45% is in the southern domain (see Figure 11). We conclude that 14% of the
Moho uplift volume is moved between the northern and southern domain, compared with the case where
the distribution of extension is the same in the upper and lower crust (69% versus 31%). This corresponds
to 5.8 × 1012 m3 of crust material that was displaced northward to accommodate for the Moho uplift.
Considering that this volume is a maximization of the ductile ﬂow in the lower crust, the maximum surface
extension related to the ductile ﬂow can be calculated knowing the ductile crust thickness.
Microseismicity distribution indicates that the ﬂoor of the brittle crust is at around 15 km [Schmittbuhl et al.,
2016]. However, some lateral variations of the brittle crust thickness can be suspected as the geothermal
gradient increases from north to south of the Marmara Sea. Aydin et al. [2005] indicates that the Curie-point
depth reaches about 24 km within Istanbul block in the north and decreases to about 12 km south of the
Marmara Sea. Regional magnetic studies ﬁnd an average Curie-point depth of 14.5 km in the Marmara Sea
area, compatible with seismicity depth distribution [Ates et al., 2003], but the resolution of the spectral
method used in both studies is insufﬁcient to resolve the details of the north-south Curie-point gradient at
the local scale. In addition, the maximum depth at which the upper crustal detachments could be imaged
in the Eastern Marmara Sea is 13 km [Bécel et al., 2009]. We thus retain a brittle crust thickness of about
15 km, possibly thinner in extended domains. This corresponds to an initial ductile lower crust thickness of
about 15 km.
We estimated earlier that the maximum volume of lower crust ﬂow transferred from the southern to the
northern domain to account for the lateral variation of lower crustal thickness compared to upper crustal
thickness is 5.8 × 1012 m3. The average surface of lower crust transferred is thus 390 to 585 km2, assuming that
the thickness of the ductile layer is in the 10–15 km range. This represents about 15–30% of the total
2050  300 km2 surface extension during the Marmara Sea basin formation. Considering that the length of
the Marmara Sea is 160 km, out of 12.8  1.9 km of extension perpendicular to the E-W direction of the
Main Marmara Fault, the shearing between upper and lower crust needed to explain the distribution of
crustal thickness only amounts to 2.4 to 3.7 km. Even if our model is quite schematic and maximizes ductile
ﬂow in the lower crust, this maximum ﬂow is relatively small compared to the total extension. This shows that
moderate upper/lower crust decoupling can account for the observed distribution of extension in the upper
and lower crust.
In fact, with a brittle crust thickness of about 15 km and a maximum sediment thickness of about 6 km, the
Marmara Sea case ﬁts Petrunin and Sobolev [2006] results of rheological models linking brittle crust thickness
and sediment thickness, intermediate between the Gulf of Aqaba and the Dead Sea cases considered in their
study. Some involvement of the lower crust is thus probably needed to account for the Moho uplift under the
Marmara Sea as well as for the southward spread of the extended domain. Unlike under the Dead Sea, the
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crust is ductile enough for a partial compensation within the crust and some Moho uplift to occur but, unlike
under the Death Valley, ductile ﬂows are not sufﬁcient to regionally ﬂatten the Moho. Whether the Marmara
Sea is more representative of strike-slip basins in continental crust worldwide cannot be assessed easily as
cases with well-constrained Moho geometry are relatively few. Several other well-studied cases correspond
to older basins with complex history [e.g., Songliao basin; Wang et al., 2007; Liu and Niu, 2011] or to active
basins with more advanced extension (e.g., Andaman Sea [Morley and Alvey, 2015]). Moreover, the tectonics
of the Marmara Sea are inﬂuenced by the interaction between the NAF strike-slip system and the Western
Anatolian extension driven by the Aegean subduction [Le Pichon et al., 2015]. We also noted a difference in
the geothermal gradient north and south of the Marmara Sea [Aydin et al., 2005]. The combination of these
factors may have favored the development of crustal extension south of the present location of the main
strike-slip fault.

6. Conclusion
Using the Parker method and a new inversion method we developed for this study, we corrected the free-air
gravity anomaly in the Marmara area from the topography and density structure of the sedimentary basins
and built a Moho depth model showing a saddle shaped uplift under the Marmara Sea. From a reference
depth of 30 km, the Moho shows two main uplifts reaching over 25 km, centered north of the Marmara
Island and below the İmralı and Çınarcık basins, and connected by a ridge staying above 27 km. The main
novel contribution of this model is to show that the thinning is not limited to the NMT but extends farther
than the Marmara Sea coasts. While this ﬁnding is consistent with the hypothesis of an early phase of
extension involving crustal-scale detachments [Bécel et al., 2009; Le Pichon et al., 2015], we propose that this
early stage process is associated with a steady state lower crustal ﬂow toward the deep Marmara Trough in a
continuously evolving fault system. The gravity residual after correcting for the whole basin and crust model
shows that there is no remaining large wavelength anomalies which, together with the 1 km average Moho
depth error, testiﬁes for our model robustness.
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The Moho topography map and the upper crust model constitute a 3-D model of the crust. The comparison
of this model with an ideal unthinned crust of the same volume gave us the total surface extension during the
formation of the Marmara Sea basins. We found 2050  300 km2, corresponding to 12.8  1.9 km of extension
in a direction normal to the plate boundary along the 160 km long Marmara Sea. When related to the current
GPS-derived areal extension rate of 396 km2 Myr1, it leads to an age of 5.2  0.7 Myr for the system. This age
span is roughly compatible with the geological age of the Marmara Sea basins
The difference in the apparent distribution of extension at the upper crustal level, from basin geometry, and
at the Moho level, from the gravity inversion, may be explained by minor decoupling between upper and
lower crust deformation. A horizontal displacement in the lower crust of about 3 km toward the north (representing about 25% of the total extension and less than 6% of the total motion accommodated in the
Marmara Sea strike-slip zone) can explain the amplitude of the Moho uplift south of the NMT. However,
the relative contribution to the present-day crustal structure of ductile lower crust deformation and early
extension before the incursion of the North Anatolian Fault still needs to be assessed.
Finally, we propose that the Marmara Sea lower crust ductility is intermediate between the two much studied
end-member cases of transform extension zone, the Dead Sea and the Death Valley, where no Moho uplift is
observed. Moho uplift can be interpreted primarily as a consequence of crustal rheology, but the boundary
conditions (Aegean extension in the Marmara Sea case) can also inﬂuence the amount and distribution of
crustal extension and should be taken into account when comparing with other strike-slip basins worldwide.
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