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Abstract :

Triggering studies provide an important tool for understanding the fundamental physics of how faults slip
and interact, and they also provide clues about the stress states of faults. In this study, we explore how
seismic waves from the 27 February 2010 Mw8.8 Maule, Chile mainshock interact with the left lateral
strike-slip Enriquillo-Plantain Garden Fault (EPGF) and surrounding reverse faults in the southern Haiti
peninsula. The Chile mainshock occurred 6,000 km away and just 46 days after the 12 January 2010
Mw7.0 Haiti earthquake, a tragic event which activated multiple faults in the southern Haiti peninsula.
During the surface waves of the Chile mainshock, several tectonic tremor signals were observed,
originating from south of the EPGF trace. Cross-correlation of the triggered tremor and transient stresses
resolved onto to the EPGF indicates that the Love wave of the Chile mainshock was the primary driving
mechanism of the triggered deep shear slip and tremor signals, as opposed to dilatational stress changes
generated by the Rayleigh wave. We also searched for any influence of transient stresses on Haiti
aftershock activity by applying the matched filter technique to multiple days of seismic data around the
time of the Chile mainshock. While we identified a slight increase in Haiti aftershock activity rate, the rate
changes were significant only when small magnitude events were included in the significance tests. These
observations are generally consistent with recent inferences that deep tectonic tremor is more sensitive
than shallow earthquakes to external stress perturbations.
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1. Introduction

Seismic activity, such as earthquakes or tectonic tremor, naturally occurs on active fault
systems due to tectonic stressing between plate boundaries. While earthquakes mostly occur in
the brittle upper crust, deep tectonic tremor [Obara, 2002] is found in the lower crust along
major plate-boundary faults, at times accompanying geodetically recorded slow-slip events [e.g.,
Beroza and Ide, 2011]. Sometimes tremor and earthquakes can be triggered by transient stress
changes associated with the passing seismic waves of earthquakes [e.g., Peng and Gomberg,
2010; Hill and Prejean, 2015]. This process of fault failure induced by seismic waves is
commonly known as ‘dynamic triggering’ and has been observed worldwide in a wide range of
tectonic environments [e.g., Brodsky and Prejean, 2005; Velasco et al., 2008; Peng and
Gomberg, 2010; Hill and Prejean, 2015]. Because seismic waves of distant earthquakes are
capable of inducing fault failure, triggering studies can be used as a probe to not only understand
a fault’s current state of stress but to also better understand how seismic activity occurs on active

fault systems and how faults interact with one another [Brodsky and van der Elst, 2014].
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Dynamic triggering generally occurs when transient stresses act in the same direction as a
fault’s natural motion, i.e. dynamic Coulomb stress increases [Hill, 2012], but dynamic
triggering can also occur as a result of secondary stress transfer [e.g., Hill and Prejean, 2015].
One example of secondary transfer is movement of fluids that exist in Earth’s crust by passing
seismic waves [e.g. Brodsky et al., 2003; Brodsky and Prejean, 2005]. Essentially, seismic waves
can pressurize fluids in Earth’s crust, which may unclamp a fault if great enough and thereby
reduces a fault’s normal stress and promotes failure, according to the Coulomb failure model
[Hill, 2012]. Such a secondary triggering process is thought to be responsible for the observation
of dynamically triggered earthquakes in extensional and transtensional regions (geothermal and
volcanic regions) with ample fluids [e.g., Prejean et al., 2004; Hill and Prejean, 2015]. High
fluid pressure is also thought to be a contributing factor for the dynamic triggering of tectonic
tremor in compressional regions (subduction zones) [Peng and Gomberg, 2010; Beroza and Ide,
2011] and transpressional regions such as the San Andreas Fault in California [Hill et al., 2013;
Peng et al., 2015] and the Oriente Fault in Cuba [Peng et al., 2013], as well as the Queen
Charlotte Fault and Eastern Denali Fault in western Canada [Aiken et al., 2013; 2015].

In this study, we explore dynamic triggering in the southern Haiti peninsula region
(Figure 1). This region experienced a 240-year quiescence of moderate-size and larger
earthquakes until 12 January 2010 when a Mw7.0 Haiti earthquake occurred [Bakun et al., 2012].
Prior to the 2010 Haiti earthquake, no research quality stations were in operation in the region.
The Haiti earthquake prompted many institutions to deploy temporary and permanent seismic
stations surrounding the plate-bounding Enriquillo-Plantain Garden Fault (EPGF), both on land
and offshore (Figure 1a) to record aftershock activity [e.g., Mercier de Lépinay et al., 2011].

Aftershock activity delineated a previously unmapped north-dipping transpressional fault north
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of the EPGF as the source of the Haiti earthquake (now known as the Léogéane Fault). Due to
static stress transfer, aftershocks also occurred on the reverse Trois Baies Fault (TBF) and
transpressional EPGF [Douilly et al., 2013]. It is worth noting that aftershock zones are known to
be susceptible to triggering [e.g., Hough el al., 2003; Jiang et al., 2010] due to their critically

stressed state attributed to stress changes caused by the mainshock.
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Figure 1. Southern Haiti study region and local seismicity. (a) Left-lateral strike-slip Enriquillo-
Plantain Garden Fault (EPGF, solid black line) marks the boundary between the Caribbean Plate
to the south and Gonave microplate to the north and is surrounded by several reverse faults
(dashed lines), including the Trois Baies Fault (TBF) and Petit Goave-Jacmel Fault (PGJF).
Triangles mark seismic stations used in this study. The 12 January 2010 Mw7.0 Haiti mainshock
(gray star) and its aftershocks (gray dots) occur mostly north of the EPGF. Hatched area marks
the east and west fault plane of the Léogane Fault delineated from aftershock locations [Douilly
et al., 2013]. (b) Location of the 27 February 2010 Mw8.8 Maule, Chile earthquake (white star)
and Haiti region (triangle). Arrow marks seismic wave propagation direction (almost
perpendicular to EPGF). (¢) Haiti aftershocks from the Canadian National Seismograph Network
(CNSN) and Douilly et al. [2013]. Haiti and Chile mainshocks occurred 46 days apart.
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Forty-six days after the Haiti earthquake, the 27 February 2010 Mw8.8 Maule, Chile
earthquake occurred about 6,000 km away from Haiti (Figure 1b). The Chile earthquake is the 6"
largest earthquake that has occurred since 1900, and its surface waves have triggered
microearthquakes and tremor in many regions of the Western Hemisphere [e.g., Fry et al., 2011;
Zigone et al., 2012; Peng et al., 2011, 2013; Gomberg and Prejean, 2013; Aiken et al., 2013,
2015; Aiken and Peng, 2014], as well as icequakes in Antarctica [Peng et al., 2014]. Because of
its widespread triggering and because the southern Haiti region was in a critically stressed state,
we investigate here whether the Chile mainshock triggered earthquakes and/or tectonic tremor on
faults activated by the Haiti earthquake in the southern Haiti peninsula region. Such an
investigation provides an opportunity to better understand how multiple fault structures that are

critically stressed respond to external stress perturbations.

2. Search for dynamic triggering of tremor
2.1 General observations

Amidst the ongoing aftershock activity of the Haiti mainshock, we found tremor signals
triggered during the Love and Rayleigh (surface) waves of the Chile earthquake (Figure 2),
though no similar signals were observed in the few days before the Chile earthquake. Three
distinct tremor-like signals containing frequencies of ~1-10 Hz are clearly visible, coincident
with the first few cycles of the Love waves. These tremor signals are easily distinguished from
the on-going aftershock activity, since the tremor bursts are emergent signals without distinct P-
or S-waves (Figure 2b) and have a longer duration compared to small, local aftershocks (Figure
2¢). Though the tremor signals are visibly different from the local aftershocks, they do look

similar to P-waves of earthquakes occurring at regional and remote distances. The Advanced
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National Seismograph System (ANSS) reported 3 M>5.6 Chile aftershocks occurring during the
time that the Chile mainshock’s surface waves arrive in the Haiti region. When predicting the P-
wave arrivals of these aftershocks, we found that 2 of the 3 aftershocks do not correlate with any
tremor burst arrivals while one aftershock P-wave arrival seemingly correlates (Figure 3).
However, the P-wave amplitude and frequency contents of these aftershocks that seemingly
correlate should be lower than that of the Chile mainshock and the tremor (Figure 2).
Furthermore, we found that these tremor-like signals propagate in space and time with a shear
wave speed of ~3.5 km s”! (Figure S1). These observations are similar to tremor observations at
other plate-boundary regions [e.g., Peng and Gomberg, 2010; Chao et al., 2013]. In addition,
after speeding up 100 times [Kilb et al., 2012], the tremor signals (Movie S1) are audibly
different (start of steam engine) compared to the P-wave of the Chile mainshock (distant

thunder) and local Haiti aftershocks (firecrackers).
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Figure 2. (a) Spectra of tremor triggered by the Maule, Chile earthquake and Haiti aftershocks
recorded at station JAKH (see Figure 1). There is a strong correlation between the first few
cycles of the Love wave and 3 strong tremor bursts. (b-c) Example of a tremor burst that lacks
distinct seismic wave arrivals (emergent) and an aftershock having distinct (impulsive) P- and S-
waves. Times for these events are marked in (a) by vertical black bars.
2.2 Location of tremor sources

The 3 tremor signals shown in Figure 2 are observable on all 25 seismic stations (6 on
land, 19 offshore) in the southern Haiti peninsula after applying a 2-16 Hz band-pass filter
(Figure 3, dark arrows). Such a filter enhances local seismic signals and mostly suppresses the
teleseismic body wave coda (P- and S-waves) of the remote Chile mainshock and its early

aftershocks. In the 2-16 Hz frequency band, there are a few interspersed tremors between the

three strong tremors (white arrows), but they are weaker and hardly visible (if at all) in the
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spectrogram (Figure 2). In total, ~10 tremor bursts appear to be triggered by the surface waves of
the Chile mainshock (Figure 3).

We located the tremor bursts using an envelope cross-correlation technique [e.g., Chao et
al., 2013; Chao and Obara, 2016]. This method searches a 3D grid for the minimum differential
times between arrivals on station pairs and theoretical travel times using a local velocity model
(Table S1). Prior to locating the tremor, we applied corrections to all stations to account for
travel time delays through thick sediments of the ocean basins and other near surface effects,

similar to Douilly et al. [2013] (Table S2).
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171  Figure 3. Tremor bursts triggered by the surface waves of the Chile mainshock as recorded on
172 25 seismic stations (6 on land; 19 offshore). Waveforms are filtered to the 2-16 Hz frequency
173  band. Strong tremor signals (see Figure 2) are marked with dark arrows. Weak tremor signals are
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marked by light arrows. Each tremor burst is assigned a number according to its occurrence in
time since the Chile mainshock. The P-wave arrival times of 3 large aftershocks from the Chile
region (predicted using TauP) are marked with vertical red lines. We also note their body-wave
magnitudes (Mj). Starred station names mark those utilized in the envelope cross-correlation
method for tremor source location. Some low magnitude aftershocks with large amplitude,
impulsive arrivals are also visible on a few stations.

Because the tremor bursts were not observable on all 25 seismic stations, we computed
all possible station combinations using different numbers of stations (10 to 25) and finally
selected a set of 13 stations that provided a stable location (station names with * in Figure 3). For
these 13 stations, we utilized a bootstrapping method such that when one station was dropped,
the grid search for the best fitting location was performed. Thus, each tremor burst was located
14 times, once when using all 13 stations and once for each station dropped. Horizontal locations
outside one standard deviation (1c) were rejected, and the final location was computed as the
average of the locations within 16 (e.g., Figure S2). We tested this method using 15 stations
(Figure S3), but the 13-station set gave smaller horizontal errors and more stable results. When
the 13 stations were used to locate the triggered tremor sources, we obtained an average tremor
depth of ~25 km for burst #5, the largest amplitude tremor triggered by the Chile mainshock
(Figures 3 and S2). This depth is similar to previous observations of tremor occurrence on strike-
slip faults [e.g., Shelly et al., 2009] and much deeper than that of relocated aftershocks (Figure
4). We were not able to constrain the depths for the other tremor sources, and so we set their
depths to be 25 km, similar to that of burst #5. We note that while most aftershocks occurred
north of the EPGF, the 9 locatable tremors originated from south of the EPGF (Figure 4). These
locations remain essentially unchanged if we use different sets of stations in the location

procedure, such as when 2 stations are added to the location procedure (e.g., Figure S3). Table 1

summarizes the horizontal locations and associated errors for the 9 tremor bursts.
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Figure 4. (a) Local aftershocks (gray dots) and triggered tremor burst (circles) hypocenters.
Crosshairs indicate location errors. Seismic stations used for tremor burst location are shown in
red. Tremor bursts are numbered in order of occurrence, as in Figure 3. Other notations and
symbols are similar to Figure la. (b) Depth profile in the N-S direction with a high-angle EPGF
depicted. (c¢) Depth profile in the E-W direction. Tremor sources mostly originate from south of
the EPGF trace with no apparent migration. Table 1 lists tremor locations and errors. Tremor
(circles) sources are translucently plotted red in (b) and (c) to show overlapping locations.
Tremor symbol size solely reflects latitude and longitude location errors in (b) and (c),
respectively. There is no vertical exaggeration in (b) and (c).

Table 1. Horizontal locations and associated errors for 9 tremor bursts.*

11
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Burst No. Longitude Error (+/-) Latitude Error (+/-)

1 -72.6675° 0.0442° 18.3592° 0.0500°
2 -72.8233° 0.1096° 18.2450° 0.1133°
3 -72.8233° 0.0446° 18.3117° 0.0483°
4 -72.7742° 0.0467° 18.2433° 0.0504°
5 -72.8208° 0.0127° 18.3531° 0.0150°
6 -72.8092° 0.0221° 18.2592° 0.0279°
7 -72.6383° 0.0375° 18.3792° 0.0408°
8 -72.7292° 0.0625° 18.2133° 0.0729°
10 -72.7792° 0.0521° 18.3225° 0.0517°

* Errors determined from bootstrapping methods by dropping one station for
each grid search run. The depths are set to 25 +/- 5 km, as constrained by burst # 5.

2.3 Coulomb triggering potential
2.3.1 Surface wave stresses

As the surface waves of the Chile mainshock passed through the southern Haiti
peninsula, they induced transient stress changes. Here, we modeled how these transient stresses
behave at the tremor source on a plane oriented similar to the EPGF. In practice, this model of
transient stresses caused by surface waves is defined as the ‘triggering potential’ of the surface
waves [e.g., Hill, 2012]. Triggering potential is a measure of the change in Coulomb failure
stress (0CFF, also known as Coulomb failure function) on a fault plane and is estimated from the
change in shear (d7) and normal (da,) stresses on a fault plane induced from the passing waves,
such that

OCFF =0r + udo, (1)

where u is the coefficient of friction on the fault plane. This model accounts for fault geometry,

amplitude and dominant frequency of the passing waves, and location (longitude, latitude, and

12
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depth) of the triggered source. Gonzalez-Huizar and Velasco [2011] provided a full description
of how to compute changes in the Coulomb failure function from broadband seismograms, and
we briefly summarize the method here.

First, waveforms from station JAKH were time-shifted to the average location of the 9
tremor burst sources using a local velocity model (Table S1), assuming a tremor source depth of
25 km. We measured the triggering wave’s amplitude and frequency from consecutive peaks in
the displacement seismograms and then computed the dynamic stress tensor for those peak
values and interpolated them to obtain time-dependent components of stress tensors. Next, we
rotated the time-dependent stress tensor to the orientation of the EPGF (E-W strike = 0°, vertical
dip = 90°). Then, the changes in shear (dr) and normal (do,) stress were calculated which are
used to estimate, the Coulomb failure stress 0CFF as defined in equation 1. Based on Thomas et
al. [2009] and Houston [2015], we select a coefficient of friction (u) of 0.1 for the stress
modeling at tremor depths. Modeled stress changes are presented as a function of time in what
we define as ‘stressgrams’ (Figure 5).

The total stress change is calculated as the sum of the stress changes caused by the
Rayleigh and the Love waves of the Chile mainshock. For the EPGF, stress changes caused by
the Love wave of the Chile mainshock are much greater than the stress changes caused by the
Rayleigh wave. Therefore, the ‘stressgram’ of the total stress shows almost no difference from
the Love wave ‘stressgram’ (Figure 5). When the tremor envelope function was cross-correlated
with the Love and Rayleigh ‘stressgrams’ computed at the average tremor burst location, we
obtained cross-correlation (CC) values of 0.94 and —0.03, respectively (Table 2). One may also
notice the trace of the Petit Goave-Jacmel Fault (PGJF), a south-dipping reverse fault, divides the

tremor source locations and could also be a likely faulting source for the triggered tremor (Figure

13
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4). The geometry of the PGJF is not well studied, but it is reasonable to assume that it has a dip
similar to the Trois Baies Fault, which has a similar strike to the PGJF but lies north of the
EPGF. The Trois Baies Fault is known to have a dip of 45° based on the relocation of
aftershocks [Douilly et al., 2013]. Therefore, for PGJF ‘stressgram’ calculations we used a strike
of 125° and a dip of 45°S. Similar to the EPGF, the modeling suggests that Love wave stress
changes on the PGJF were much greater than those caused by the Rayleigh wave of the Chile
mainshock. Furthermore, given this orientation for the PGJF, the Love and Rayleigh waves of
the Chile mainshock have smaller stress changes than those resolved on the EPGF (Figure 5)
and, when cross-correlated with the tremor envelope, also have lower CC values of 0.72 and
—-0.01 for the Love and Rayleigh waves, respectively, at the average tremor source location
(Table 2). While the Love wave ‘stressgrams’ indicate that the tremor could be triggered by the
Love wave of the Chile mainshock on either the PGJF or the EPGF (CC = 0.71 and 0.94,
respectively), the tremor is more likely occurring on the EPGF because the degree of correlation
between the average tremor location and the resolved stresses at the average tremor location is
higher. In addition, the Love wave applied greater stress on the EPGF (~10 kPa) compared to the
PGIJF (~2 kPa). Hence, tremor was more likely triggered on the EPGF.

We note that in this study we did not account for the one-sided nature of the tremor
envelope when cross-correlating it with ‘stressgrams’ that have zero mean. Here, we utilized
only the positive stress, which is known to trigger tremor [Hill, 2012]. When the stress is
negative, the fault will not slip and only background noise is recorded. Tremor envelopes are
also utilized for locating tremor sources, as noted in the previous section. Therefore, we are
confident that cross-correlating a one-sided tremor envelope with a zero mean ‘stressgram’ does

not omit information about how the triggering occurred.
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Figure 5. Correlations between dynamic stresses of surface waves from the Chile mainshock and
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JAKH. (b) Computed dynamic ‘stressgrams’ for the surface waves resolved onto the EPGF and
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correlation tests indicated in Table 2.
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Table 2. Tremor envelope and 'stressgram’' cross-correlation (CC) results.

Test Location of stress Surface Normed CC
No. calculation CC time (s)* wave EPGF PGJF
1 9-burst average 1400 to 1900 Love 094 0.71
Rayleigh -0.07 -0.01

2 burst # 5 1400 to 1900 Love 0.96 0.75
Rayleigh 0.02 -0.03

3 burst # 5 1610 to 1650 Love 0.21 0.17
Rayleigh -0.04 0.04

* Time since Chile mainshock

Because not all tremor bursts occur at the average tremor burst location, we also tested
how the CC values vary when CC time windows and location of the computed ‘stressgram’ are
changed. Specifically, we tested the variation of the CC value at burst #5 location (our best
location) and time for the EPGF and PGJF (Table 2, tests 2-3). Although changing the size of the
time window affects the CC, in all cases the Love wave stresses shows a higher CC than Raleigh
wave stresses when resolved onto the EPGF. The high temporal correlation of the tremor bursts
with the Love wave for the EPGF suggest that, in this case, the Love wave is responsible for
triggering tremor, likely on the deep extension of the EPGF.

In terms of resolving the surface wave triggering potential (equation 1), the coefficient of
friction u represents the fraction of normal stress changes (do,) that contributes to dynamic
Coulomb stress changes (0CFF). The coefficient of friction value u used in previous studies is
typically around 0.4 for calculations of static Coulomb stress changes [e.g., Toda et al., 2011].
However, it has been shown that ¢ at lower crustal depths where tremor occurs can range from 0
to 0.15 [Thomas et al., 2009; Houston, 2015]. In this study, we utilized ¢ = 0.1 for our stress
modeling, but we also calculated the surface waves related stress (‘stressgrams’) using different
values of [ (Tables S4-S5). Regardless the value of u, the Love wave causes almost no change

to the normal stress component (da,) on a fault plane oriented perpendicularly to the direction of
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wave propagation [Gonzalez-Huizar and Velasco, 2011; Hill, 2012]. In addition, the amplitude
of the Rayleigh wave was much lower than the amplitude of the Love wave of the Chile
mainshock (Figure 5), resulting in a significantly small do, compared with dz. Therefore, given
the very low do,, we observed no significant change in the modeled 6CFF (‘stressgrams’) for

different values of u for either the EPGF or the PGJF (Tables S4-S5).

2.3.2 Test of fault orientation

The structures of many faults in the southern Haiti peninsula were not well studied until
the 2010 Mw7.0 Haiti earthquake. No clear evidence of surface ruptures were observed on the
EPGF following the Haiti earthquake [Prentice et al., 2010], consistent with other observations
that it originated on a north-dipping blind-reverse fault [Calais et al., 2010]. Field observations
instead suggested that the EPGF is a vertical to high-angle (>60°) south-dipping structure
[Prentice et al., 2010].

Given the incidence of the Love wave on the EPGF (Figure 1b), the Coulomb triggering
potential predicts triggering solely by the Love wave [Hill, 2012]. In other words, the cross-
correlation of the Love wave ‘stressgram’ and tremor envelope should be close to 1 at some fault
dip angle. Hence we can search for the best-fitting dip of the EPGF that gives the highest CC
value. To do so, we varied the dip of the EPGF in our triggering potential model between 0° and
90° and cross-correlated the computed ‘stressgram’ and tremor envelope for each dip. For the
EPGF, CC values for the Love wave ‘stressgram’ and tremor envelope occurs when the dip of
the fault increases (Figure 6a), for different locations and CC time windows (see Table 2). In
addition, the cross-correlation values do not vary much when computing the ‘stressgram’ for the

entire surface wave window at different source locations. This is possibly due to the fact that
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stress at depth does not change much for high angle dips when surface waves arrive almost
perfectly perpendicular to the fault strike (Figure S4). Thus, while the Coulomb triggering
potential model prefers a near-vertical fault (~90°), the model is unable to distinctly resolve the
dip of the EPGF for this study.

We searched all possible dips that might explain triggering of the tremor on the reverse
PGIJF as well (Figure 6¢). For a fault dip of ~55° on the PGJF, the highest correlation between a
computed Love wave ‘stressgram’ and the tremor envelope occurs. However, this CC value is
still lower than when the surface wave stresses of the Chile mainshock are resolved onto a high-
angle (>60°) south-dipping EPGF. That is, the triggering potential is greatest for Love wave
triggering on a high-angle (>60°) south-dipping EPGF. In addition, it is possible that the fault
strike angles we assumed for the stress modeling may not be very accurate. To test this
uncertainty in our stress modeling, we calculated CC values by slightly changing the strike from
the original assumed values for both faults. We use 0°+15° for EPGF (Figure 6b) and 125°+15°
for PGJF (Figure 6d), and in both cases, we observe that the variable strike angles do not change
the CC values significantly.

We offer one further note on using the triggering potential for testing fault orientation. In
this study, we treat locating the triggered tremor sources and estimation of fault orientation as
being independent of each other. However, estimation of fault orientation using the Coulomb
triggering potential largely depends on the location of the tremor sources. Therefore, we suggest
that future works could consider joint estimation of tremor location and fault orientation when

modeling transient stresses that trigger on unknown fault structures.
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Figure 6. Cross-correlation values between tremor envelope and Love wave ‘stressgram’ (see
Figure 5) computed for varied dip and strike angles, source locations, and time windows for the
(a-b) Enriquillo-Plantain Garden Fault (EPGF) and (c-d) Petit Goave-Jacmel Fault (PGJF). Black
lines = correlation values when the ‘stressgram’ is computed at the average tremor source
location for the entire surface wave window (test #1 in Table 1). Red lines = ‘stressgram’
computed at the burst # 5 location for the entire surface wave window (test # 2). Blue lines =
only burst # 5 location and its window (test # 3). Correlation is greatest for a left lateral strike-
slip EPGF with high-angle (>60°) dips.

3. Search for triggered aftershock activity
3.1 Aftershock detection

To investigate if aftershock activity of the Haiti mainshock was promoted by transient
stress changes generated by the Chile mainshock, we applied a matched filter detection technique

le.g., Peng and Zhao, 2009; Meng et al., 2013] to continuous seismic data from 23 February
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through 2 March 2010. This technique uses waveforms of known earthquakes as templates for
scanning through continuous seismic data in search of similar events, i.e. detections are made via
cross-correlations over numerous time windows. In this study, we utilized aftershocks detected
by the Canadian National Seismograph Network (CNSN) and Douilly et al. [2013] from 23
February through 2 March 2010 as template events. The aftershock catalog of Douilly et al.
[2013] does not contain event magnitudes, and so we compared events in their catalog to the
CNSN earthquake catalog that provides event magnitudes and used the CNSN magnitude, if
available. Not all aftershocks listed in Douilly et al. [2013] are also listed in the CNSN catalog
(and vice versa). Nonetheless, we utilized all earthquakes in these catalogs (with and without
magnitude) as templates.

For template event location, we assigned the locations of Douilly et al. [2013] where
applicable since in that study the hypoDD program [Waldhauser and Ellsworth, 2000] was used
to relocate aftershocks, making their locations more accurate than those listed in the CNSN
catalog. In total, we used 79 known earthquakes as templates for the matched filter detection.
Table S3 provides a summary of the origin time, location, and magnitude (if available) of those
templates.

After identifying templates from local earthquake catalogs, we cut the templates from
each channel for each day of seismic data that had been filtered to the 2-16 Hz frequency band.
Then, each channel’s template was cross-correlated with the same channel’s 24-hr seismic record
from 23 February through 2 March 2010, shifting in time. The highest mean cross-correlation
value (CC) across all channels above 9 times the median absolution deviation (MAD) was taken
as the CC value for the detected earthquake (e.g., Figure 7). After detecting earthquakes using

the template events, we removed duplicate detections and verified that there were no false
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detections by examining the waveforms of each detected earthquake. For a more detailed

description of how we performed the matched filter detection, please refer to Appendix A.
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Figure 7. Example of a Haiti aftershock detected using the matched filter technique. (a) Mean
cross-correlation function created from stacking cross-correlation functions across all channels.
Dashed red line marks 9 times the median absolute deviation (MAD) of the correlation trace,
which is used as a threshold for avoiding false detections. Circles mark detections. (b) Histogram
of the mean CC function. (¢) Comparisons between continuous (gray) and template waveforms
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(red) at a few station-channel pairs (e.g., GRG.HHZ) and their corresponding correlation value
(marked on the right) for the detection marked as solid red in (a). A CC value of 1 is when a
template detects itself (i.e., a self-detection).

3.2 Aftershock observations

From 23 February through 2 March 2010, we detected a total of 1,829 earthquakes using
templates with and without known magnitude. The magnitude of completeness M., which
describes the lower magnitude limit the local seismic network can detect, was 1.5 for our
detection catalog (Figure 8b). A M. of 1.5 is 0.6 less than the CNSN catalog M. (Figure S5).
Considering only detected events with M > M. = 1.5, we observed ~10 times the number of
events listed in the CNSN catalog for the same time period using the matched filter technique
(Figure 8a).

Based on the cumulative number of events (Figure 8a), we considered the possibility that
an increase in aftershock activity might have occurred in the first few days following the Chile
mainshock, including two M~3 earthquakes that occurred immediately after the P-wave of the
Chile mainshock (Figure 2). To examine this further, we first computed the seismicity rate from
sliding time windows [e.g., Ziv et al., 2003; Felzer and Brodsky, 2006] using events in our
detection catalog with a cutoff magnitude of M > M. = 1.5. We observed that the median
seismicity rate increased from 63 events day! before to 78 events day' after the Chile
mainshock (Figure 8c).

We further tested whether these changes in seismicity rate were significant using the Z
value, a simple statistical test of rate change which contrasts the observational time windows
before and after an event to the number of event occurrences detected in those time windows. It
is known that the Z value is less dependent upon the sample size compared to the S statistical test

and is computed as
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where T, is the length of the triggering time window, 75 is the length of the background

7=

seismicity window, and N, and N, are the number of event occurrences in the specified time
windows [Marsan and Wyss, 2011]. We verified the robustness of the Z value by using different
time windows (from 6 to 72 hours) and by randomly sampling the background seismicity (i.e.,
before the Chile mainshock) from our detected catalog 100 times (Figure 8d). These tests
indicate that the increase in seismicity rate following the Chile mainshock is significant (Z > 2)
when the background window is larger. However, when the cutoff magnitude for the catalog is
varied (1 <M < 2.5) and Z values recalculated, the seismicity rate increase following the Chile
mainshock is only significant for a cutoff magnitude M < 1.5 and not for larger cutoff
magnitudes (Figure S6). However, we note that by varying the cutoff magnitude for the Z value
tests, we inherently alter our sample size and therefore our significance estimate.

We also tested the significance of Haiti aftershock triggering by examining the spatial
distribution of events around the time of the Chile mainshock. We compute Z values for + 3 days
around the Chile mainshock in 0.02° x 0.02° degree bins over the entire Haiti region at different
magnitude thresholds (Figure S7). With or without a magnitude threshold (1 < M < 2.5), there
were fewer triggered (Z > 2) areas than non-triggered areas, i.e. 4% or less of active spatial bins

experienced a 95% confidence increase in earthquake activity.
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Figure 8. Summary of aftershock detection and seismicity rates around the time of the Chile
mainshock. (a) Comparison of events with M > 1.5 in CNSN catalog and our detection catalog.
Douilly et al. [2013] catalog is excluded here because that catalog does not contain magnitude.
Solid gray line marks cumulative number associated with the median detection background rate
of 63 events day!. (b) Gutenberg-Richter relationship N = 10*™ for our detection catalog from
February 23 through March 2 (events without magnitude are excluded). Maximum likelihood
and least square methods were used for b-value evaluation. (¢) Median number of detected
events day! (with M > 1.5) appears to increase from 63 to 78 after the Chile mainshock. Line
showing 58 events day! marks approximate aftershock rate after the Chile mainshock estimated
from Omori decay law with constant productivity K and p = 1. (d) Z value distribution for varied
background seismicity windows. Median Z value is greater than 2 for larger background window
sampling sizes, but Z values were also found to depend upon cutoff magnitude (Figure S6).
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4. Discussion and conclusion

In this study, we investigated how seismic waves from the 27 February 2010 Mw8.8
Maule, Chile earthquake triggered seismicity around the aftershock zone of the 12 January 2010
Mw7.0 Haiti earthquake. We examined seismic data from 25 stations (6 on land, 19 offshore) in
search of tremor and Haiti aftershocks possibly induced by the remote Chile earthquake. We
identified ~10 tremor bursts triggered instantaneously by the long period surface waves of the
Chile mainshock (Figure 3), the first observation of tremor in the southern Haiti peninsula. The
triggered tremor sources radiated in the ~1-10 Hz frequency band (Figure 2) from just south of
the EPGF fault trace but had no clear migration pattern (Figure 4). Immediately following the
Chile earthquake, the Haiti aftershock rate increased slightly in the next few days (Figure 8), but
this increase in aftershock activity depends upon the choice of the cutoff magnitude (Figure S6),
and we, therefore, consider an increase in aftershock activity may have possibly occurred based
on the inclusion on small magnitude events in the significance tests.

For the tremor sources, our locations have horizontal errors of ~5 km on average. The
location errors are either a result of using a 1D velocity model when 3D velocity variations exist,
or it could be due to the fact that a tremor signal may represent several low-frequency
earthquakes occurring in rapid succession [e.g., Shelly et al., 2007]. If the latter, then the
envelope cross-correlation method we used for locating the tremor sources is possibly providing
the average location of low-frequency earthquakes that occurred in rapid succession. We note
that the depths of the tremor sources are not well resolved, with the exception of tremor burst # 5
(Figure S2), which had the highest amplitude compared to the other triggered tremor (Figure 3).
It is reasonable to assume that the accuracy of the envelope cross-correlation method for locating

tremor sources depends somewhat on amplitude. For instance, a known aftershock (starred in
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Table S3) located with the same envelope cross-correlation method (and seismic stations) and
using only its S-wave arrival was found to have nearly an identical horizontal and vertical
location (Figure S8) to that of Douilly et al. [2013] who used the hypoDD program for source
location. Of course, it cannot go without saying that earthquakes, which generally have larger
amplitude, also have clear impulsive arrivals (e.g., Figure 2), which likely makes it easier to
resolve their depths.

When the surface wave stresses of the Chile mainshock were resolved onto fault planes
parallel to the EPGF and PGJF, we found that the triggered tremor best correlates (Table 2) as a
source occurring on the down-dip extension of a high-angle strike-slip EPGF (Figures 4b and 6),
in accordance with the Coulomb failure criterion [Hill, 2012]. Field observations and aftershock
detections suggest that the EPGF has vertical to high-angle (>60°) dip toward the south [Prentice
et al., 2010; Douilly et al., 2013], which overlaps with the northern end of the tremor location
distribution (Figure 4). However, we note that others suggest the EPGF could dip to the north
[Nettles and Hjorleifsdottir, 2010]. We also checked that the tremor might have occurred on the
south-dipping reverse PGJF, but the stress modeling for a tremor source on the PGJF yielded
somewhat lower CC values (Table 2). Despite this lower correlation, the tremor sources do
coincide well with low shear velocity anomalies along the PGJF [Douilly et al., 2016]. Low
shear velocity anomalies or high Vp/Vs ratios are used as a means of detecting the presence of
fluid and often coincide with tremor locations [e.g., Shelly et al., 2006; Becken et al., 2011].
While our tremor locations coincide laterally with a low-velocity anomaly along the PGJF, the
low-velocity anomaly occurs at ~10 km depth, which is much shallower than the depths we

constrained for the tremor sources (Figure S2).
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Moreover, given the orientation of the studied faults relative to the surface waves
direction of propagation, Love waves will cause mainly shear stress changes while Rayleigh
waves will cause mainly normal stress changes [Gonzalez-Huizar and Velasco, 2011; Hill,
2012]. Thus, in a general approach, we can consider the ‘stressgrams’ of the Love and Rayleigh
waves (Figure 5) as a proxy to the total shear and normal stress changes, respectively. In
addition, given the relatively small amplitude of the Rayleigh wave from the Chile mainshock,
and thus, the small contribution of the normal stress changes to the triggering potential, we can
consider that the large shear stress changes, caused by the Love waves from the Chile
mainshock, were primarily responsible for triggering tremor in Haiti.

Shelly and Johnson [2011] showed that the M6.0 Parkfield earthquake (~8 km depth)
induced ~1 kPa of static stress changes on the strike-slip San Andreas Fault at depths where
tremor occurs (~25 km). Though small, these static stress changes increased tremor activity rates
by at most 2 orders of magnitude over a 30-day period in the Parkfield region. Therefore, one
may consider the possibility that the 2010 Mw7.0 Haiti earthquake may have induced positive
static stress changes on the down-dip extension of the EPGF where we assume the triggered
tremor occurred in this study. Symithe et al. [2013] estimated that static stress increased by ~20
kPa at about 20 km depth on the EPGF due to the Mw7.0 Haiti earthquake, when assuming a dip
of 65°S. Given that this static stress change is larger than the dynamic stress changes caused by
the Chile mainshock, it is possible that ambient tremor activity was encouraged on the down-dip
extension of the EPGF by the 2010 Mw7.0 Haiti earthquake. Unfortunately, we cannot
substantiate the effect of the Haiti earthquake on tremor activity rates immediately following the

mainshock because no research quality stations where in operation at that time. Moreover, while
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this static stress change is large, it decays quickly with increasing distance from the fault and is
unlikely to cause a large static stress change over the entire source area of the tremor.

We also applied the matched filter technique (e.g., Figure 7) to investigate the possibility
that the Chile mainshock induced Haiti aftershock activity. Based on our seismicity rate results,
an increase in seismicity could possibly have occurred after the Chile mainshock (Figure 8). This
increase is apparent only when taking into account small magnitude events over the entire study
region, with time being the only factor (Figure S6). In this case, our findings are generally
consistent with recent studies that small magnitude earthquakes are more easily triggered than
larger ones [Parsons et al., 2012]. Our findings also partially agree with induced seismicity
observations where larger magnitude events are often not present during the early stages of fluid
injection [Ellsworth, 2013]. However, we did not observe a broad spatial distribution of increase
in seismicity across the southern Haiti region even at small magnitudes (Figure S7) nor does
there appear to be any significance in delay of large magnitude (M > 2.5) events in the 3 days
following the Chile mainshock (Figure S5-S6). In addition, both the ANSS and CNSN reported
the next large earthquakes (~M4) occurred 3-4 weeks after the Chile mainshock passed through
the southern Haiti region.

We note that the Haiti aftershocks decay with time, while we assumed a constant activity
rate for the Z value calculation (Figure 8). Hence, the obtained Z value likely underestimates the
true rate changes after accounting for the Omori-law decay. If we assume the Omori-law decay
constant p = 1 then aftershock rate is r = Kr', where r is rate, K is productivity, and ¢ is time
since the Haiti mainshock. Assuming K is constant for the aftershock sequence and a pre-Chile
aftershock rate of 63 events day! (Figure 8), the expected number of M > 1.5 aftershocks 2 days

after the Chile mainshock is ~58 events day!, only a 7% decay from ~63 events day!. The
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detected seismicity rate for M > 1.5 aftershocks after the Chile mainshock is ~78 events day',
which is a 23% increase from ~58 events day™'. Therefore, there is a small possibility that Haiti
aftershock activity increased following the Chile mainshock, but the increase activity is not
broadly distributed across the southern Haiti peninsula (Figure S7). This is generally consistent
with recent studies - that tremor may be more easily triggered than microearthquakes both in
field [Aiken and Peng, 2014] and laboratory [Bartlow et al., 2012] settings. In general, these
findings are attributed to lower effective normal stress (weaker fault “clamping”) at tremor depth
due to near lithostatic pore pressures [Thomas et al., 2009].

Since the matched filter technique is based on the waveform similarity between a
template event and a continuous waveform, the aftershocks we detected likely occurred very near
to the location of the template events. Most of these aftershocks occurred on secondary high-
angle reverse faults north of the EPGF (Figure 4b) [Douilly et al., 2013]. Most earthquake
triggering cases are observed in geothermal/volcanic environments undergoing extensional
tectonics [Hill and Prejean, 2015] or near fluid injection sites [van der Elst et al., 2013] and
rarely (if at all) within compressional tectonic regimes [Harrington and Brodsky, 2006; Hill,
2015]. As shown in Hill [2015], reverse faults are typically further from failure, but one would
expect that faults under positive static stress changes generated by a local mainshock would be
susceptible to dynamic stress changes as well. However, even the optimally oriented Trois Baies
Fault (~45° dip) which produced aftershocks was not reactivated, statistically speaking, by the >
10 kPa of dynamic stress generated by the seismic waves of the Chile mainshock (Figure 5,
Figure 8). One other possible explanation is that at this time in the Haiti mainshock-aftershock
sequence larger fault patches had already released their stress and that only small fault patches

remained. Such a scenario offers an explanation for the seeming upper magnitude limit and
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dependency of the Z value statistics on the cutoff magnitude when considering events in the
entire aftershock region (Figure S6).

Regardless of the type of seismic activity induced, investigating remote triggering is
important for understanding the fundamental physics of how faults rupture, and there are many
remaining questions regarding triggering and fault interaction at the local and global scale. For
example, is there a global aftershock zone that can be influenced by large, distant earthquakes,
and does an upper magnitude limit for remotely triggered earthquakes exist [e.g., Johnson et al.,
2015]? In addition, where triggered tremor is discovered, does ambient tremor activity also occur
there, and if so, what does that ambient tremor activity tell us about large earthquake cycles [e.g.,
Wech and Creager, 2011]? These directions of research aimed at understanding earthquakes
cycles as well as the role of tremor in them are promising for mitigating the effects of future

earthquakes.

Appendix A. Matched filter detection

We performed the matched filter detection over several days of seismic data. First, we
applied a 2-16 Hz band-pass filter to the continuous waveforms, i.e. from 23 February through 2
March 2010. Next, we changed the sampling rate of all the continuous waveforms to be the same
(50 Hz) for ease of cross-correlation computation. The template events (Table S3) were then cut
from each channel of the continuous seismic data 30 seconds before and 120 seconds after the
origin time of the template. The P- and S-wave arrivals of the template events were used as
markers for computing the signal-to-noise ratio (SNR) on the vertical and horizontal
components, respectively. For each component, the signal window is from 1 second before to 5

seconds after the corresponding body wave arrival, while the noise window is from 7 seconds
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before to 1 second before the P-wave arrival. The signal window for each body wave phase is
also used in the cross-correlation of the template with the continuous data.

We require that at least 9 channels have SNR > 5 for a single template to perform the
cross-correlation between the template event and continuous seismic data. If this criterion is met,
then each template on each channel was cross-correlated with the corresponding channel for each
continuous day seismic recording, re-computing the cross-correlation value (CC) by sliding
every time sample. The CC value for each channel for a single template was then stacked and
averaged, and only events above 9 times the median absolute deviation (MAD) of the CC trace
were kept to insure no false detections. Duplicate detections were also removed, and only
detections with the highest CC value were kept.

We estimated the magnitude of detected earthquakes by computing the amplitude ratio
between the detected event and template event with known magnitude (Table S3). The amplitude
ratio is computed for all channels and the median amplitude ratio for a single detected event is
used for magnitude estimation. The magnitude is computed as

M,=M, +log,,(AR) (A.1)
where My is detected event magnitude, My is known template event magnitude, and AR is the
amplitude ratio computed as described above. We did not compute the magnitude of events
detected with a template event without known magnitude. Figure S9 shows all detections made
with the matched filter technique without regard to magnitude and those with magnitude > 1.5.
Figure S10 shows earthquakes detections made on a waveform envelope from station JAKH + 2

hours around the Chile mainshock.

Data and Resources
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Research groups from Géoazur and the Institut Frangais de Recherche pour I’Exploitation de la
Mer (IFREMER) installed temporary short period and broadband ocean bottom seismometers,
which have four components including a hydrophone. The Institut de Physique du Globe de Paris
(IPGP) also temporarily deployed four 3-component broadband seismometers near the EPGF
trace, and the Natural Resources Canada (NRCan) agency installed 2 broadband seismometers
near Jacmel (station JAKH) and Port-au-Prince (station PAPH). Seismic data from the Géoazur
and IFREMER research groups are not openly accessible. However, seismic data recorded at
stations JAKH and PAPH of the CN network (NRCan agency) are openly accessible via the IRIS
Data Management Center (http://www.iris.edu/dms/dmc/). In addition, seismic data collected by
IPGP (stations PEM, MRG, PTG, and GRG of the YB network) are openly accessible via the
International Federation of Digital Seismograph Networks webservices
(http://portal.resif.fr/7FDSN-webservices). Chile aftershock information shown in Figure 3 is
freely accessible at the North California Earthquake Data Center (www.ncedc.org). The seismic
travel time TauP program is available at http://www.seis.sc.edu/taup/ (last accessed (July 5,
2016). For a more detailed summary of the station information, please refer to Table 1 of Douilly
et al. [2013]. Figures 1, 3, 4, 7, 8 were made using Python 3.4.3 (open source). Figure 2, 5, 6
were made using MatLab (proprietary).
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