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Abstract Lower atmospheric CO2 concentrations during the Last Glacial Maximum (LGM;
23.0–18.0 ka) have been attributed to the sequestration of respired carbon in the ocean interior, yet the
mechanism responsible for the release of this CO2 during the deglaciation remains uncertain. Here we
present calculations of vertical differences in oxygen and carbon isotopes (Δδ18O and Δδ13C, respectively)
from a depth transect of southwest Pacific Ocean sediment cores to reconstruct changes in water mass
structure and CO2 storage. During the Last Glacial Maximum, Δδ18O indicates a more homogenous deep
Pacific below 1,100 m, whereas regional Δδ13C elucidates greater sequestration of CO2 in two distinct
layers: enhanced CO2 storage at intermediate depths between ~940 and 1,400 m, and significantly more
CO2 at 1,600 m and below. This highlights an isolated glacial intermediate water mass and places the
main geochemical divide at least 500 m shallower than the Holocene. During the initial stages of the
deglaciation in Heinrich Stadial 1 (17.5–14.5 ka), restructuring of the upper ~2,000 m of the southwest
Pacific water column coincided with sea‐ice retreat and rapid CO2 release from intermediate depths,
while CO2 release from the deep ocean was earlier and more gradual than waters above it. These changes
suggest that sea‐ice retreat and shifts in Southern Ocean frontal locations contributed to rapid CO2

ventilation from the Southern Ocean's intermediate depths and gradual ventilation from the deep ocean
during the early deglaciation.

1. Introduction

Earth's climate underwent substantial changes during the last glaciation, which was in part characterized by
atmospheric carbon dioxide (CO2) concentrations roughly 80 ppm lower than Holocene values (Marcott
et al., 2014; Monnin et al., 2001; Parrenin et al., 2013). While no single mechanism can explain the full
reduction in CO2 during the Last Glacial Maximum (LGM), it is generally accepted that most of this CO2

was sequestered in the ocean interior. Factors contributing to CO2 drawdown during the LGM include
changes in high‐latitude overturning circulation, increased carbonate dissolution, a more efficient biological
pump, and greater sea‐ice extent; similarly, these mechanisms have been invoked as key drivers of CO2

release from the ocean during the deglaciation (Boyle, 1988; Broecker, 1982; Sigman & Boyle, 2000;
Sigman et al., 2010; Stephens & Keeling, 2000).

The Southern Ocean influences atmospheric CO2 variability and the global carbon system on
glacial‐interglacial timescales owing to its important role in global overturning circulation, whereby
CO2‐rich interior waters upwell to the surface and exchange CO2 with the atmosphere (e.g.,
Lynch‐Stieglitz et al., 1995; Sigman et al., 2010). Enhanced CO2 storage at depth during the LGM has
been linked to changes in Southern Ocean circulation and structure, a colder, more saline and stratified
deep ocean (Adkins et al., 2002), and expanded Antarctic sea‐ice extent (Benz et al., 2016; Ferry et al.,
2015; Shemesh et al., 2002), all of which could have inhibited upwelled waters from equilibrating with
the atmosphere (Adkins et al., 2002; Jansen, 2017; Kobayashi et al., 2015; Lund et al., 2011; Sikes, Cook,
et al., 2016; Stephens & Keeling, 2000; Watson et al., 2015). Similarly, changes in the vertical structure
of the Southern Ocean are one possible mechanism contributing to the release of CO2 to the
atmosphere during the deglaciation (e.g., Basak et al., 2018; Du et al., 2018; Roberts et al., 2016;
Sikes et al., 2017; Skinner et al., 2013), though other mechanisms, such as changes in the efficiency
of the biological pump (e.g., Bauska et al., 2016; Hertzberg et al., 2016; Martin, 1990), have also
been invoked.
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1.1. Oceanographic Setting

In the modern ocean, North Atlantic Deep Water (NADW) is exported south and ultimately enters the
Southern Ocean below deep waters sourced from the Indian and Pacific basins (Talley, 2013; Figures 1b
and 2). Together, these waters form upper‐ and lower‐Circumpolar Deep Water (CDW), which is zonally
transported by the Antarctic Circumpolar Current (Figure 1a). Interactions between positive and negative
buoyancy fluxes—owing to freshening/warming or brine rejection/cooling, respectively—and strong wes-
terly winds establish an upper and lower branch of overturning circulation and create a region of divergence
where CO2‐rich CDW advects to the surface along steep isopycnal surfaces (Abernathey et al., 2011; Gordon,
1971; Marshall & Speer, 2012; Talley, 2013). Today, the two branches of overturning are separated by an iso-
pycnal boundary that sits at ~2,000 m (Marshall & Speer, 2012; Talley, 2013; Tamsitt et al., 2017). Sea‐ice
extent partially determines the buoyancy fluxes near Antarctica and is linked to the region of divergence,
making it an important factor in the closure of global overturning circulation via the wintertime conversion
of upwelled CDW to Subantarctic Mode Water (SAMW), Antarctic Intermediate Water (AAIW), and
Antarctic Bottom Water (AABW) (Abernathey et al., 2016; Groeskamp et al., 2016; Saenko et al., 2002;
Santoso & England, 2004).

In the Pacific sector, the less dense Upper CDW (UCDW), which is primarily sourced from Pacific Deep
Water (PDW), outcrops north of the Polar Front (PF) (Talley, 2013, Figure 1b). This water gains buoyancy
from freshening and/or warming and loses CO2 to the atmosphere before sinking as a significant component
of AAIW (~800–1,500 m) near the Subantarctic Front and Subantarctic Mode Water (~400–800 m) near the
Subtropical Front (STF) (Belkin &Gordon, 1996; Hartin et al., 2011; Marshall & Speer, 2012; Orsi et al., 1995;
Sallee et al., 2006). These two water masses form the upper cell of overturning circulation (e.g., Hanawa &
Talley, 2001; Hasson et al., 2012; Piola & Georgi, 1982; Sallee et al., 2010, 2006; Sloyan et al., 2010; Sloyan
& Rintoul, 2001; Talley, 2003, Figures 1b and 2). The zonal circulation of the Southern Hemisphere wester-
lies (SHW) favors a northward transport of Antarctic sea ice, which uponmelting creates strong temperature
and salinity gradients in the upper water column (fresh and cold meltwater above salty and warm seawater)
that facilitate vertical mixing and the formation of AAIW with its characteristic salinity minimum (e.g.,
Abernathey et al., 2016; Duffy et al., 2001; Groeskamp et al., 2016; Komuro & Hasumi, 2003; Saenko &
Weaver, 2001; Santoso & England, 2004). Modern observations of AAIW freshening is attributed to
enhanced northward transport and melting of Antarctic sea ice under increasingly warm conditions
(Haumann et al., 2016).

South of the PF, the denser NADW‐component lower CDW (LCDW) upwells to the surface and only par-
tially equilibrates CO2 with the atmosphere; cooling and brine rejection from the region of sea‐ice extent
impart a negative buoyancy flux to form AABW (Gordon, 1971, 2001; Figures 1b and 2). A number of studies
have also invoked turbulent mixing as an important process in the closure of the lower cell (e.g., De Lavergne
et al., 2017; Garabato et al., 2004; Ito & Marshall, 2008; Ruan et al., 2017), whereby passage of the Antarctic
Circumpolar Current over rough topography in the Pacific sector drives turbulent mixing of LCDW toward
the lower boundary of overturning in a region of negative buoyancy (De Lavergne et al., 2017; Ruan et al.,
2017; Tamsitt et al., 2017; Watson & Naveira Garabato, 2006). In both models, negative buoyancy fluxes
are vital for the conversion of LCDW to AABW.

These Southern Ocean water formation regimes feed our study region in the southwest Pacific Ocean, with
the formation of SAMWand AAIW in the upper cell influenced by regional oceanographic complexities. It is
well established that SAMW and AAIW (often collectively called intermediate water) vary somewhat in com-
position across the Southern Ocean depending on the sector of formation. These waters advect and mix well
beyond their formation areas, with recent evidence from ARGO floats and models demonstrating more con-
clusively that intermediate water formation is not homogenous across the Southern Ocean (Hanawa &
Talley, 2001; Hasson et al., 2012; McCartney, 1977; Sallee et al., 2010; Sloyan & Rintoul, 2001; Talley,
2013). Intermediate waters that bathe the New Zealand region are derived from three areas, with about half
formed locally in the region south of the Tasman Sea or on the Campbell Plateau, and to a lesser extent
waters advected in from the Indian Ocean or formations regions farther west in the Pacific (about one fourth
each). These intermediate waters have renewal times on average of less than a decade and combine to form
an overwhelmingly northward transport of intermediate water from these formation zones to areas north of
our study area (Hasson et al., 2012). Due to the topographical complexities of the area, there is a small
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Figure 1. Study area and oceanographic setting. (a) Map showing core locations in this study (red dots; Table S1) and those
from published work: MD06‐2990 (943 m, pink), SO213‐84‐1 (972 m, light green), MD06‐2986 (1,477 m, gray), SO213‐82‐1
(2,066 m, dark green) (Ronge et al., 2015); FR1/97‐GC12 (990 m, blue; Bostock et al., 2004); and MD97‐2120 (1,200 m, purple;
Pahnke & Zahn, 2005). Southern Ocean fronts are designated by lines: Subtropical Front (STF; yellow line), Subantarctic Front
(SAF; red line), and Polar Front (PF; blue line). The Antarctic Circumpolar Current (ACC; black line) moves water eastward
in the Southern Ocean to the south of New Zealand. (b) A latitudinal depth transect of the study area showing regional salinity
along theWorld Ocean Circulation Experiment (WOCE) P15 track at 190°E. Core locations from this study and published work
(as in Figure 1a), as well as modern major water masses in the region, are presented on this salinity profile: Subantarctic
ModeWater (SAMW); Antarctic IntermediateWater (AAIW); PacificDeepWater (PDW); North Atlantic DeepWater (NADW);
Antarctic BottomWater (AABW); Upper Circumpolar Deep Water (UCDW); Lower Circumpolar Deep Water
(LCDW). Circumpolar Deep Water (CDW) upwells in the Southern Ocean owing to winds and buoyancy forcing.
PDW‐componentUCDWoutcrops north of the PF and formsAAIWnear the SAF and SAMWnear the STF.NADW‐component
LCDW outcrops south of the PF and sinks as AABW. Generalized overturning routes are indicated by dashed lines.
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Figure 2. Pacific Ocean circulation regimes during the Holocene and LGM. (a) Modern overturning circulation and water
column structure based on Talley (2013). Major water masses are shown: Subantarctic Mode Water and Antarctic
Intermediate Water (SAMW/AAIW; red‐orange); Pacific Deep Water (PDW; yellow); North Atlantic Deep Water
(NADW; green); Antarctic Bottom Water (AABW; blue); North Pacific Intermediate Water (NPIW; purple). Dashed
arrows indicate subsurface exchange between water masses. Approximate positions of buoyancy fluxes (black arrows) and
the Southern Hemisphere westerlies (SHW, bulls eye) are shown. Today, NADW enters the Southern Ocean and is the
main source of water forming AABW, whereas PDW supplies SAMW/AAIW. Sea‐ice extent, linked to the Polar Front,
establishes a region of negative buoyancy and bottom water formation near Antarctica. The SHW are in a poleward
position, which drives upwelling of subsurface waters. (b) Proposed changes in overturning circulation and structure
during the LGM. Key differences between the Holocene and LGM include the absence of NADW in the Pacific
(Sikes et al., 2017) and greater sea‐ice extent. Without NADW input, PDWwould have supplied both the upper and lower
branches of overturning in the southwest Pacific. Expanded sea ice broadened the region of negative buoyancy and
shifted the region of positive buoyancy north, shoaling the locus of stratification to at least 1,100 m and prompting the
formation of a saltier Glacial Antarctic Intermediate Water (GAAIW). SAMW during the LGM was formed similar to
AAIW today andwas likely fresher as it was formed near a region of sea‐ice melt (Keeling & Stephens, 2001). An equatorial
displacement of the SHW reduced Southern Ocean upwelling (Anderson et al., 2009) but kept SAMW well ventilated
(Figure S3). Glacial circulation and structural changes coincided with, and were likely integral, to enhanced CO2
sequestration at these depths during the LGM. Breakdown of this glacial structure contributed to the release of this CO2
across the deglaciation.
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amount of focused southward recirculation transport of the deeper sitting AAIW along Tasmania in the
Tasman Sea and east of New Zealand (e.g., Hasson et al., 2012; Speich et al., 2002). The transport of
SAMW and AAIW north of New Zealand can be identified at similar depths to where they are found farther
south by using their identifying characteristics such as density, temperature, and salinity, which verify their
transport from and continuity with formation zones in the Southern Ocean (Hasson et al., 2012; Rintoul &
England, 2002; Sloyan & Rintoul, 2001, Figure S1 in the supporting information). These identifying charac-
teristics of intermediate waters are distinctive enough that they are commonly used where these waters
underlie subtropical surface waters to reveal information on the formation areas' atmosphere‐ocean winter
interactions and circulation (Rintoul & England, 2002).

While direct observations of Southern Ocean structure, circulation, and carbon storage can be made today,
geochemical proxies—including the carbon and oxygen isotope composition of seawater, which are
recorded in the calcium carbonate shells of foraminifera—are commonly employed to reconstruct past
ocean conditions (Charles & Fairbanks, 1992; Curry & Oppo, 2005; Mackensen et al., 1993; Ninnemann &
Charles, 2002). The carbon isotopic composition of calcite (δ13C) reflects the dissolved inorganic carbon
(DIC) of seawater and, to a lesser extent, temperature (Broecker & Maier‐Reimer, 1992; Charles et al.,
1993; Curry et al., 1988; Curry & Oppo, 2005; Duplessy et al., 1988; Lynch‐Stieglitz et al., 1995). In general,
the δ13C of DIC in the modern ocean is controlled by a combination of air‐sea gas exchange, the preformed
nutrient content of waters, and the respiration of particulate organic matter at depth (Broecker & Maier‐
Reimer, 1992; Curry et al., 1988; Lynch‐Stieglitz et al., 1995). On glacial‐interglacial timescales, the δ13C
of DIC is influenced by CO2 exchange with the atmosphere, the export of isotopically light carbon from
the surface ocean to the deep ocean (i.e., the biological pump), and the formation and dissolution of calcium
carbonate. In the Southern Ocean, however, δ13C is primarily used as a tracer for CO2 exchange between the
atmosphere and water masses formed near Antarctica owing to the dominant role of air‐sea CO2 exchange
(Lynch‐Stieglitz et al., 1995). Accordingly, the relatively enriched δ13C of SAMW and AAIW reflects CO2

exchange between the ocean and atmosphere (Charles et al., 1993; Lynch‐Stieglitz et al., 1994), whereas
depleted δ13C of AABW records the accumulation of respired CO2 at depth and isolation from the atmo-
sphere (Curry et al., 1988; Mackensen et al., 1993). The oxygen isotopic composition of benthic foraminiferal
calcite (δ18O) is influenced by the temperature effects on isotopic fractionation in calcite and the δ18O of sea-
water (δ18Osw), the latter of which is determined by salinity, advection, and global ice volume (Adkins, 2013;
LeGrande & Schmidt, 2006). Once isolated from the surface, the δ18O signature of exported water masses is
conservative and can only be altered via mixing; therefore, δ18O can be used to examine changes in ocean
circulation and the key physical parameters that influence ocean structure (Adkins, 2013; Lund et al.,
2015; Sikes, Elmore, et al., 2016).

1.2. Paleoceanographic Reconstructions in the Southern Ocean

The ocean's vertical structure and circulation are thought to have been different during the LGM (Figure 2).
Enriched porewater chlorinity (a proxy for salinity) and δ18Osw indicate that the deep glacial SouthernOcean
was both colder and saltier (Adkins et al., 2002; Schrag et al., 2002). This has been interpreted as a more stra-
tified ocean than today owing to a combination of influences from colder atmospheric temperatures,
expanded sea ice, and enhanced brine rejection. Expanded, permanent sea ice would have broadened the
region of buoyancy loss in the Southern Ocean and shifted the locus of meltwater delivery north, likely hav-
ing a strong influence in defining the ocean's salinity structure. This would have favored the formation of
denser southern‐sourcedwaters and reconfigured the geometry of SouthernOcean overturning as the isopyc-
nal boundary shoaled (Abernathey et al., 2016; Bostock et al., 2004; Ferrari et al., 2014; Keeling & Stephens,
2001; Sigman et al., 2010; Sikes, Elmore, et al., 2016; Watson et al., 2015). Similarly, reduced seasonal sea ice
would have minimized the freshwater input required for modern AAIW production, which could have man-
ifested in a denser glacial AAIW during the LGM (Keeling & Stephens, 2001; Pahnke & Zahn, 2005).

Northern‐sourced interior waters from the Atlantic shoaled during the LGM to form Glacial North Atlantic
IntermediateWater (GNAIW; e.g., Curry &Oppo, 2005; Gherardi et al., 2009; Lund et al., 2015). Today, geos-
trophic constraints restrict water shallower than the Drake Passage sill depth from entering the Southern
Ocean and contributing to southern‐sourced deep water production (Talley, 2013). GNAIW was not deep
enough to flow southward into the Southern Ocean because a net meridional geostrophic transport cannot
be supported in the absence of a net zonal circumpolar pressure gradient above the sill depth (Sikes et al.,
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2017). The comparison of depth transects from the southwest Atlantic and Pacific demonstrated that the
deep Pacific and Atlantic oceans were more distinct from one another during the LGM in both δ13C and
δ18O, attributable to the inability of GNAIW to enter the Southern Ocean (Sikes et al., 2017). As a result,
the Deep Gateway hypothesis suggests that southern‐sourced deep waters lacked an Atlantic component
and were instead composed primarily of denser Pacific‐ and Indian‐sourced deep waters (Figure 2).

Colder atmospheric temperatures and stronger meridional thermal gradients during the LGM likely
prompted an equatorward shift in the frontal location of the SHW and reduced the upwelling of CO2‐rich
waters in the Southern Ocean (Toggweiler, 2009; Toggweiler et al., 2006). A broader region of negative buoy-
ancy, coupled with an equatorward shift in the westerlies, would have enhanced the formation of denser
interior waters and restricted air‐sea CO2 exchange. Indeed, old radiocarbon ages in the deep southwest
Pacific Ocean support reduced ventilation and overturning rates compared to the Holocene (Ronge et al.,
2016; Sikes, Cook, et al., 2016; Sikes et al., 2000; Skinner et al., 2015, 2017). Less constrained are the struc-
tural and CO2 storage changes at intermediate depths in this region, as evidenced by two prevailing hypoth-
eses that put forth conflicting glacial changes to AAIW. Pahnke and Zahn (2005) observed depleted δ13C in
core MD97‐2120 (1,200 m) during the LGM and suggested that enhanced sea‐ice extent during the LGM had
two main effects on AAIW ventilation and structure. First, a sea‐ice cap would have prevented air‐sea CO2

exchange during AAIW formation. Second, the region of buoyancy gain shifted north and cut off the fresh-
water supply needed to form AAIW resembling its modern configuration, which is in agreement with mod-
eling of a saltier glacial AAIW (Keeling and Stephens, 2001). Regionally depleted δ13C and low carbonate ion
concentrations ([CO3

2−]) at intermediate depths during the LGM support poorly ventilated intermediate
waters in the southwest Pacific (Bostock et al., 2004; Elmore et al., 2015; Sikes, Elmore, et al., 2016)
(Figures S2 and S4). Another study invokes a similar mechanism whereby the region of positive buoyancy
shifting north during the LGM, but instead suggest that this freshened and shoaled AAIW, which increased
CO2 storage in an isolated deep ocean (Ronge et al., 2015).

After the LGM, Antarctic ice core records indicate that the steady rise in atmospheric CO2 was punctuated
by two rapid phases during Heinrich Stadial 1 (Marcott et al., 2014). Among the mechanisms proposed to
explain the transfer of CO2 from the ocean interior to the atmosphere are a poleward shift in the westerlies,
reduced sea‐ice extent, and, more recently, changes in the vertical structure of the Southern Ocean. A pole-
ward shift in the westerlies is thought to have reinvigorated Southern Ocean upwelling (Allen et al., 2015;
Anderson et al., 2009; Sikes, Elmore, et al., 2016; Sikes et al., 2009; Toggweiler, 2009, for a summary, see
Denton et al., 2010), while reduced sea‐ice extent may have allowed for equilibration between the ocean
interior and atmosphere (Stephens & Keeling, 2000). Globally asynchronous benthic δ18O depletion at the
end of the LGM suggests that deglacial changes in ocean structure and circulation were basin‐specific and
time transgressive (Stern & Lisiecki, 2014), highlighting the importance of constraining the extent to which
changes in the Southern Ocean's vertical structure contributed to the rapid release of CO2 from the ocean
interior after the LGM. A sediment core depth transect from the southwest Pacific indicates that there
was an early onset in δ18O depletion at intermediate depths (<1,600 m) during Heinrich Stadial 1 (HS1),
while the arrival of this signal in the deeper ocean occurred after HS1 (Sikes et al., 2017; Sikes, Elmore,
et al., 2016). Indeed, benthic δ13C below 1,600 m during HS1 only became slightly enriched while the great-
est enrichment occured at intermediate depths (Sikes, Elmore, et al., 2016). Sikes et al. (2017) and others
(Bostock et al., 2004; Bova et al., 2015; Pahnke & Zahn, 2005; Sikes, Cook, et al., 2016; Sikes, Elmore,
et al., 2016) interpret enriched intermediate water δ13C during HS1, relative to the LGM, as the release of
CO2 from these depths due to a poleward displacement of the SHW, causing the two‐step rise in atmospheric
CO2 across this interval. In contrast, although converging neodymium isotopes in deep South Pacific cores
(>3,000 m) are interpreted as evidence of mixing and destratification—thereby releasing CO2 from the deep
ocean—the mechanism relies on deep ocean warming (Basak et al., 2018). Regional temperature reconstruc-
tions indicate that warming of the deep Pacific lagged the initial glacial termination and CO2 rise (Elderfield
et al., 2012; Skinner & Shackleton, 2005).

1.3. This Study

While a number of mechanisms have been proposed to explain the deglacial rise in atmospheric CO2, the
role of the Pacific Ocean is unresolved. There is recent evidence for both top‐down structural forcing of
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CO2 ventilation (e.g., Sikes et al., 2017) and bottom‐up forcing (e.g., Basak et al., 2018; Du et al., 2018). Thus,
the deglacial structural changes that may have influenced the release of CO2 from this region, and fromwhat
depths CO2 was released from, remain uncertain. This work examines how structural changes in southwest
Pacific waters document contributions from Southern Ocean overturning circulation and carbon storage to
glacial and deglacial climate change.

2. Methods
2.1. Core Materials and Stratigraphy

Calculated vertical benthic isotope differences using Cibicidoides spp. stable isotope data are based on a com-
posite depth transect of jumbo piston cores (JPC) and gravity cores (GC) taken from the Tasman Sea and
New Zealand's Hawke's Bay and Bay of Plenty in the southwest Pacific Ocean (Figure 1a). Cores from this
depth transect are currently bathed by SAMW, AAIW, and AABW, which are exported from the Southern
Ocean, CDW, and the return flow of PDW (Hanawa & Talley, 2001; Piola & Georgi, 1982; Sloyan &
Rintoul, 2001, Figures 1b and S1). Their high sedimentation rates allow for a high‐resolution examination
of the southwest Pacific Ocean since the last glaciation. These isotope data were previously compiled and
archived under Sikes, Elmore, et al. (2016, see Figure S2); the same cores are used here to provide data on
all major water masses from 660 to 3,800 m (Figure 1b and Table S1). Stratigraphy for the New Zealand cores
was generated from tephra‐controlled age models (Shane et al., 2006) based on radiocarbon (Sikes &
Guilderson, 2016). The proximity of the New Zealand cores to terrestrial volcanoes generated multiple
tephra layers in the Bay of Plenty cores, while the Hawke's Bay core contained one tephra and was coupled
with planktic oxygen isotopes to generate complete stratigraphy (Sikes, Elmore, et al., 2016). In the Tasman
Sea cores, 14C‐AMS dating on planktic foraminifers was converted to calendar ages using IntCal13 (Marine
13), which incorporates a surface reservoir age correction of 400 years (Reimer et al., 2013; Sikes, Elmore,
et al., 2016, see Text S1). The high‐resolution benthic isotope records published in Sikes, Elmore, et al.
(2016, Figure S2) were used here to calculate the relative differences in geochemical composition between
ocean depths since the last glaciation, ~23.0–18.0 thousand years ago (ka).

2.2. Vertical Isotope Difference Calculations

This work focuses on changes in southwest Pacific Ocean water column structure and CO2 storage since the
LGM. Rather than identifying maximum isotope gradients across a depth transect as a means to locate geo-
chemical boundaries between the LGM and Holocene (e.g., Lund et al., 2011), we use calculations of vertical
benthic isotope differences to provide details on the relative changes in isotopic composition between
depths, independent of glacial‐interglacial changes in the overall isotopic signal. The use of benthic isotope
differences provides insight on processes likely occurring during the wintertime conversion of water masses
in the Southern Ocean as opposed to planktic‐benthic isotope differences, which could be influenced
by seasonality.

We assessed the CO2 content of subsurface water masses relative to the atmosphere using δ13C as a proxy.
The δ13C from our shallowest core (RR0503‐87JPC; 663 m), which sits at SAMW depths today (Figures 1b
and S1), has had a consistent difference with the atmospheric δ13C signal (Schmitt et al., 2012) since the
LGM, suggesting that SAMW remained in the same isotopic equilibrium with the atmosphere during the
LGM and across the deglaciation (Figure S3). This is consistent with mode and shallow intermediate water
radiocarbon records from the southwest Pacific (Rose et al., 2010; Sikes, Cook, et al., 2016). Consequently,
we use 87JPC as a well‐ventilated end‐member for Δδ13C (Δδ13C = δ13Cshallowest_cib − δ13Cdeep_cib) calcula-
tions between 660 m and all deeper cores in this transect. Similar steps were taken to generate records of ver-
tical oxygen isotope differences to observe relative changes in water column structure between 660 m and
depths down to 3,800 m. While δ18O is largely driven by the global ice volume signal on glacial‐interglacial
timescales (Figure S2), this signal is time transgressive (e.g., Skinner & Shackleton, 2005; Stern & Lisiecki,
2014). Calculating the Δδ18O (Δδ18O = δ18Oshallowest_cib − δ18Odeep_cib) distinguishes the regional signal
from the global signal and illuminates time transgressive differences in δ18O with depth.

Δδ18O and Δδ13C for depths between 660 and 3,800 m (Figures 3a and 3b) were calculated by first resam-
pling to a common timescale by optimal interpolation to a resolution of 100 years. For each core, δ13C
and δ18O were then differenced from that of the shallowest core (87JPC). Other studies from this region
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relied on the use of infaunal benthic species in the absence of Cibicidoides spp. to produce regional stable iso-
tope records (Pahnke & Zahn, 2005; Ronge et al., 2015); this precluded us from including calculated Δδ18O
between our SAMW core (Cibicidoides‐based) and these cores (see Figure S4). Because isotope records in this
analysis lack centennial‐scale resolution, we applied a 10‐point filter to these differences to remove high‐
pass information and examine millennial‐scale changes in carbon storage and water column structure since
the LGM. Isotope differences were visualized with contour plots in MATLAB (Figures 3c and 3d). A color
spectrum was assigned to the full range of calculated values for the Δδ18O and Δδ13C records (Figures 3c
and 3d; also see Text S2). Time slices for millennial‐scale events (Figure 4) were also generated by averaging
the Δδ18O and Δδ13C from each depth for the following time intervals: LGM (23.0–18.0 ka), HS1 (17.5–
14.5 ka), the Antarctic Cold Reversal (ACR; 14.5–12.9 ka), Younger Dryas (YD; 12.8–11.0 ka), and
Holocene (10.5–0 ka).

3. Results
3.1. Δδ18O Reconstructions

During the LGM, the range in Δδ18O among the water masses was smaller than the modern ocean
(Figure 3a). The Δδ18O between waters at 660 and 1,100 m at the end of the LGM was ~0.6‰, while the
Δδ18O from 1,100 to 3,800 m was only ~0.3–0.5‰; this was less than that seen between the shallowest
two cores (Figure 3a). The Δδ18O between 1,100 and 1,600 m was ~0.2‰. The large difference between
660 and 1,100 m suggests strong stratification, and the similarity between 1,100 m and depths down to
3,800 m indicates a more uniform water column below 1,100‐m depth (Figure 3c). In contrast, the early
Holocene had a ~0.2‰ difference between 660 and 1,100 m, and a 1.0‰ range between 1,600 and 3,800 m.

During HS1, there were rapid increases in Δδ18O across parts of the depth transect. The large increase in
Δδ18O of ~0.3–0.6‰ seen at deeper layers (Figure 3a) was driven by the earlier deglacial δ18O shift in the
660‐m reference core, in concert with the AAIW‐depth1,100‐m core, at ~17.0 ka (Figure S2). In contrast,
the deglacial δ18O shift in deeper cores did not start until the second half of HS1 (Figure S2). A greater con-
trast in Δδ18O between deeper intermediate waters (those at 1,600 m) and those below 2,500 m can be seen
by the second half of HS1 (Figure 3c). The result was that waters at 3,800mweremost dissimilar to SAMWat
the end of HS1 than any time before or after, and the δ18O of water between 2,000 and 3,800 m was more
dissimilar than any previous time (Figures 3a and 3c).

At the start of the ACR (14.5 ka), the Δδ18O trend between SAMW and the deeper cores reverses, with the
Δδ18O of deeper cores diminishing. The three cores above 2,500 m became more similar to one another as
the Δδ18O at these depths again resembled their relative differences at the LGM (Figure 3a). This change
was caused by increased pace in the deglacial δ18O shift in the 1,100, 1,600, and 2,000 m cores relative to
the SAMW core (Figure S2). In contrast, the Δδ18O of waters below 2,500 m, which had similar differences
at the end of HS1, became more similar to SAMW across the ACR owing to a slower pace of δ18O depletion
(Figure S2). As a result, Δδ18O in the upper water column between 660 and 2,000 m became most similar by
the end of the ACR (Figure 3a).Δδ18O values below mid‐depth remained stable during the ACR (Figure 3a),
indicating the rate of δ18O change at these depthsmostly kept pace with SAMW (Figure S2). The exception to
this deep core trend was core Z2112 at 2,858 m, which showed a significant decrease in Δδ18O across the
ACR, becoming similar to the 1,600‐m core by the YD (Figure 3a).

In the early Holocene (10.5–8.0 ka), the most notable change is the increase in Δδ18O between 660‐ and the
1,100‐ and 1,600‐m cores immediately following the YD (Figure 3a). This once again places the largestΔδ18O
contrast between SAMW and intermediate‐depth waters. Concurrently, the contrast with waters at 2,500 to
2,800 m diminishes (Figure 3a). This trend reverses at 8.0–6.0 ka with the Δδ18O of all water above 3,000 m
becoming more similar to SAMW. Δδ18O in water at 3,300 m became more different than SAMW after the
YD, whereas it became more similar in waters at 3,800 m (Figure 3a).

3.2. Δδ13C Reconstructions

During the LGM, the range in shallow‐to‐deep Δδ13C between 1100 and 3800 m (~1.0‰) was nearly twice
the magnitude of the Holocene (~0.5‰, Figure 3b). This is in contrast to the range in water column
Δδ18O, which was at a minimum during the LGM (Figure 3a). The Δδ13C between 660 and 1,100 m
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(~0.8‰) was nearly the same magnitude as the range in Δδ13C for waters between 1,100 and 3,800 m
(Figure 3b). The depth of this strong Δδ13C gradient between SAMW and 1,100 m coincided with a large
Δδ18O across the same depths (Figure 3a), placing the depth of greatest geochemical contrast between 660
and 1,100 m. The Δδ13C difference between 1,100 and 1,600 m (~0.6‰) was nearly as large as the range
in Δδ13C among depths at or below 1,600 m; this is in contrast to the Δδ18O, which was ~0.2‰ between
1,100 and 1,600 m. Plotting Δδ13C with depth highlights a mid‐depth Δδ13C maximum at 2,500 m of
~1.8‰ (Figure 3d), indicating the δ13C of the mid‐depth southwest Pacific was more dissimilar to SAMW
at the LGM than were the bottom waters.

Across the deglaciation, the Δδ13C below 1,600 m steadily became more similar to SAMW (Figure 3b).
Waters at 1,100 and 1,600 m also had decreases in Δδ13C, but this occurred in two abrupt steps. At
16.5 ka, ~1.0 ka after the onset of HS1, there was a rapid reduction in Δδ13C to almost zero between
SAMW and 1,100 m (Figure 3b), which was largely driven by a ~0.5‰ δ13C enrichment in the 1,100‐m core
(Figure S2). At the same time, a ~0.25‰ δ13C depletion in the SAMW core was responsible for a small reduc-
tion inΔδ13C in the deeper cores (Figures 3b and S2). When plotted with depth, it is evident that the steepest
difference in δ13C moves from waters between SAMW and AAIW to depths deeper than these cores
(Figure 3d). Near the end of HS1 (~15.5 ka), waters at 1,600 m abruptly became more similar to SAMW
and 1,100 m, with the Δδ13C at 1,600 m the smallest since the LGM (Figure 3b). Concurrently, the Δδ13C
between SAMW and 1,100 m returned to almost LGM values between the end of HS1 and across the ACR
(Figure 3b). The steady, decreasing trend in Δδ13C below 1,600 m caused the water column to be most simi-
lar at the ACR‐YD transition, with the Δδ13C for all cores falling between 0.6 and 1.0‰ (Figures 3b and 3d).

Figure 3. Calculated vertical isotope differences. (a) Vertical oxygen isotope differences (Δδ18O) calculated between the
660 m SAMW core and depths down to 3,800 m. (b) Vertical carbon isotope differences (Δδ13C) calculated for the same
depths. (See Text S2 for details on contouring.) (c) Δδ18O contoured to depth and (d) Δδ13C contoured to depth. For
Figures 3c and 3d, a three‐color spectrum was assigned to the full range of Δδ18O and Δδ13C values; isotopically distinct
waters are shaded green and red, while isotopically similar waters are shaded blue. In Figures 3a and 3b, millennial‐scale
intervals are labeled, and the deglacial warm periods (HS1 and YD) are shaded gray. For these vertical difference
calculations,Δδ18O andΔδ13C of zero denote that the isotopic composition is the same between the SAMWreference core
and any other depth.
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In the early Holocene, AAIW again became more similar to SAMW while the Δδ13C between SAMW and
deeper waters continued to decrease (Figures 3b and 3d). There were also rapid and significant reductions
in Δδ13C between SAMW and the 2,500‐m core centered on 9.0 ka, for which the Δδ13C reduced by
~1.0‰ (Figure 3b). In the late Holocene, the Δδ13C across all depths appears to increase after 5.0 ka
(Figure 3b). This is a direct result of a ~0.5‰ increase in the δ13C values in the 660‐m core rather than
changes in the δ13C of the deeper cores (Figure S2). We have no clear oceanographic explanation for this
particular δ13C increase.

4. Discussion

The δ18O‐independent stratigraphy in this depth transect of high‐resolution cores allowed us to use the cal-
culatedΔδ18O to identify millennial‐scale changes in water mass structure since the LGMwithout having to
rely on low‐resolution sea level curves to remove the global ice volume signal (e.g., Elderfield et al., 2012;
Roberts et al., 2016; Rohling & Bigg, 1998; Rohling et al., 2014) of 1.1–1.3‰ (Adkins et al., 2002;
Fairbanks, 1989). The Δδ18O among these cores should therefore reflect changes in the salinity component
of δ18Osw and water mass temperature across depths in the region, relative to SAMW. Time‐slice averaged
Δδ18O for millennial‐scale climate events is useful to highlight the timing of regional changes between
depths during the deglaciation that are normally masked by the global signal (Figure 4a). Previous work
has established that the SAMW CO2 content in this area has been controlled by exchange with the atmo-
sphere since the LGM (Lynch‐Stieglitz et al., 1994; Rose et al., 2010; Sikes, Cook, et al., 2016), making the
δ13C in our shallowest core at SAMW depth a workable proxy for an atmospheric endmember (Figure S3).

Figure 4. Time‐averaged vertical difference slices. Δδ18O (a) and Δδ13C (b). Vertical differences for both isotopes were
averaged for the Last Glacial Maximum (LGM), the Holocene, and millennial‐scale climate intervals: Heinrich Stadial 1
(HS1), Antarctic Cold Reversal (ACR), and Younger Dryas (YD); age ranges for these intervals are denoted in the
figure legend. Large changes in Δδ18O and Δδ13C above 2,000 m occurred simultaneously during the early HS1 while
Δδ18O between 2,500 and 3,800 m did not change between the LGM and early HS1, suggesting deep ocean stratification
persisted well after the deglacial onset. Enhanced Δδ18O at 1,600 m during HS1 suggests that these depths were
shielded from sea‐ice driven buoyancy changes that helped convert CO2‐rich GAAIW to well‐ventilated AAIW during
HS1.Δδ13C below 2,000 m remained enhanced relative to depths above this until after the YD. The step change in Δδ13C
below 1,600 m between the LGM and HS1 occurred without noticeable changes in structure, suggesting CO2 was slowly
ventilated from the deep Pacific in the early stages of the deglaciation.
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4.1. The Last Glacial Maximum

Two components of the glacial Δδ18O suggest that the vertical structure of the southwest Pacific Ocean was
different during the LGM relative to the Holocene. First, enhanced Δδ18O between 660 and 1,100 m, with
reduced Δδ18O between 1,100 and 3,800 m, reveals that the locus of stratification shoaled to at least
1,100 m in the southwest Pacific and that glacial SAMW and glacial AAIW (GAAIW) were more distinct
from one another (Figures 3a, 3c and 4a). Second, the range in Δδ18O between 1,100 and 1,600 m was the
smallest at the end of the LGM than at any time until the Holocene (Figure 3a), further indicating that
GAAIW occupied waters below the locus of stratification during the LGM andwas likely both saltier and less
ventilated (Figures 2 and S5). This is in contrast to today, whereby the southwest Pacific at 1,100 m is occu-
pied by the core of a relatively fresh and well‐ventilated AAIW that is formed north of the PF and is distinct
in its salinity from the PDW below it (Figure 1b). Currently, AAIW formation is reliant on freshening from
the seasonal production of sea‐ice meltwater (Groeskamp et al., 2016; Saenko et al., 2002; Saenko &Weaver,
2001). During the LGM, however, expansion of permanent winter sea ice broadened the region of negative
buoyancy around Antarctica (Benz et al., 2016; Ferry et al., 2015; Watson et al., 2015). Moreover, geostrophic
constraints require that the PF could not have shifted north as this front is bound by bathymetry (Toggweiler
& Samuels, 1993). We suggest that these changes would have placed the GAAIW formation zone beneath
expanded sea ice in a region of negative buoyancy that transitioned toward a region of positive buoyancy
at the sea‐ice edge (Keeling & Stephens, 2001, Figure 2). Coupled with the glacial ocean having been both
colder and saltier during the LGM (e.g., Adkins et al., 2002; Elderfield et al., 2012), formation of AAIW in
a zone of enhanced brine rejection would have favored the formation of a denser, saltier GAAIW (Keeling
& Stephens, 2001). We infer that a northward shift of the sea ice melting zone to the region of SAMW forma-
tion would have caused SAMW to be fresher than GAAIW (Figure S5), enhancing the density and composi-
tional differences between these two water masses as documented by the greater difference in δ18O (Pahnke
& Zahn, 2005, Figures 2 and 3a).

This interpretation appears to contrast with that of Ronge et al. (2015), which inferred a shoaled and fresher
GAAIW during the LGM. However, our interpretation of a saltier GAAIW underlying a shallow and much
fresher SAMW is consistent if the shallower cores from that study (~940 to 970 m) sat within the boundary
between these intermediate water masses. Today, a steep salinity gradient is present above AAIW
(Figure 1b); this was also likely the case during the LGM, with the difference between these studies being
that we suggest glacial SAMW was the fresher water mass. The depths of our cores compliment those in
Ronge et al. (2015) and Pahnke and Zahn (2005), and the suite of cores taken together (Figure S4) suggest
that SAMW depths were the locus of freshening during the LGM with the δ18O below ~900 m becoming
more dissimilar from SAMW with depth. These cores also appear to have sat across an increasing δ13C
gradient in the water column (Figure 5).

At the same time, theΔδ18O of glacial waters between 1,100 and 3,800 mwas more homogenous than today,
with δ18O values between 1,100 m and 1,600 m and those between 2,000 and 3,000 m being the most similar
than at any other time except for a brief period during the late HS1 (Figures 3a and 3c). The small range in
Δδ18O between intermediate depths at 1,100 and 1,600 m suggests similar properties, and since brine rejec-
tion has aminimal impact on δ18O (Craig &Gordon, 1965) the diminishedΔδ18O between 1,100 and 3,800m
suggests that the entire southwest Pacific water column was occupied by waters with a similar source. The
hypothesis that the shoaling of NADW above the Drake Passage sill depth prevented North Atlantic‐sourced
waters from entering the glacial Southern Ocean requires that PDW fed both the upper and lower branches
of the Pacific overturning circulation during the LGM (Sikes et al., 2017). The glacial homogeneity in Δδ18O
between 1,100 and 3,800 m supports this idea and suggests that PDW‐component CDW was the source of
both GAAIW and AABW during the LGM (Figure 2).

The larger δ13C contrast (Δδ13C) between SAMW in our atmosphere proxy core at 660 m and all water
masses down to 3,800 m indicates much greater CO2 storage at depths below our 660‐m core during the
LGM (Ronge et al., 2016; Sikes, Cook, et al., 2016; Sikes, Elmore, et al., 2016; Skinner et al., 2015,
Figures 3b and 4b). To assess the robustness of this signal regionally, we complied the Δδ13C for regional
AAIW‐depth cores (Bostock et al., 2004; Pahnke & Zahn, 2005; Ronge et al., 2015, Figure 5). The improved
vertical resolution highlights a consistent pattern of intermediate‐depthΔδ13C to the north, east, and west of
New Zealand, and establishes that the greater difference in δ13C between SAMW and AAIW can be

10.1029/2018PA003501Paleoceanography and Paleoclimatology

CLEMENTI AND SIKES 744



considered representative of intermediate‐depth,southern‐sourced water masses in the southwest Pacific
during the LGM (Figure 5). The enhanced Δδ13C between SAMW and depths below ~ 940 m, relative to
the early Holocene, places the regional geochemical divide around or above that depth (Figure 5), consistent
with the δ18O gradient among the same cores (Figure S4). This indicates that GAAIW was more poorly ven-
tilated than today (Pahnke & Zahn, 2005; Sikes, Cook, et al., 2016) and supports our proposition that denser
GAAIW formed beneath sea ice, as indicated by our Δδ18O reconstructions (Figures 2, 3a, and 5).

Whereas more homogenousΔδ18O between 1100m and 3800 m (Figure 3a) suggests a similar source (PDW/
CDW), the large contrast in Δδ13C between intermediate‐depth cores sitting at or above 1,400 m and those

Figure 5. A regional compilation of intermediate‐ andmid‐depthΔδ13C. (a)Δδ13C for published records of regional cores
at intermediate‐ andmid‐depth around New Zealand—MD06‐2990 (943 m, pink), SO213‐84‐1 (972 m, light green), MD06‐
2986 (1,477 m, gray), SO213‐82‐1 (2,066 m, dark green) (Ronge et al., 2015); FR1/97‐GC12 (990 m, blue; Bostock et al.,
2004); and MD97–2120 (1,200 m, purple; Pahnke & Zahn, 2005)—was calculated for comparison to cores in this study
(79JPC and 83JPC). (b) RegionalΔδ13C contoured to depth. During the LGM, there is strong coherence inΔδ13C between
~940 and 1,400 m, which is distinct from Δδ13C at 1,600 m and below; this highlights a CO2‐rich GAAIW present in the
glacial southwest Pacific Ocean. Δδ13C in MD06‐2990 (~940 m) sits slightly above the Δδ13C from other intermediate‐
depth cores, suggesting it may have sat near the boundary between a well‐ventilated SAMW and isolated interior waters.
The strong contrast in Δδ13C between GAAIW and the waters below it suggests that these were fundamentally distinct
water masses during the LGM, with greater CO2 storage at intermediate depths, relative to the Holocene, and much
greater CO2 storage in the underlying CDW.
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cores at or below 1,600 m suggests fundamentally different ventilation signals and distinct water mass path-
ways (Figures 2 and 5). An equatorward shift in the SHW and reduced upwelling farther south in the
Southern Ocean (Anderson et al., 2009; Sikes et al., 2009) would have caused SAMW to remain ventilated,
while intermediate waters (~ 940 to 1,400 m) were more isolated from the atmosphere, enhancing carbon
storage at these shallow depths during the LGM (Pahnke & Zahn, 2005; Sikes, Cook, et al., 2016,
Figure 5). Moreover, the expansion of Pacific‐sector sea ice by roughly 5° latitude (Benz et al., 2016; Ferry
et al., 2015) would have shoaled the overturning isopycnal boundary by ~500 m (Ferrari et al., 2014;
Sikes, Elmore, et al., 2016). Our Δδ13C compilation suggests that the overturning isopycnal boundary may
have shoaled to at least 1,600 m during the LGM, relative to its modern depth of ~2,000 m, thus further
enhancing CO2 storage below 1,600 m (Ronge et al., 2015; Sikes, Elmore, et al., 2016, Figures 3b and 5).
This supports the interpretation of an isolated GAAIW between ~940 to 1,400 m sitting atop an even more
CO2‐rich CDW cell (Figure 2). These observations are consistent with records showing reduced radiocarbon
levels and [CO3

2−] in southwest Pacific intermediate waters during the LGM (Elmore et al., 2015; Sikes,
Cook, et al., 2016), with greatly reduced radiocarbon and [CO3

2−] below those depths (Allen et al., 2015;
Ronge et al., 2016; Sikes, Cook, et al., 2016).

The LGMΔδ13C profile had a maximum at ~2,500 m (Figures 3b and 4b), which aligns with the depth of the
oldest glacial radiocarbon ages in the southwest Pacific (e.g., Ronge et al., 2016; Sikes, Cook, et al., 2016; Sikes
et al., 2000; Skinner et al., 2015). This increase inΔδ13C by up to 1.0‰ identifies the core of PDW southward
return flow and the accumulation of respired CO2 in this water mass (Figure 4b). With greater sea‐ice extent
and PDW supplying CO2‐rich water to both GAAIW and AABW, this return flow at mid‐depth would have
upwelled under a broader region of sea ice with limited exchange with the atmosphere where negative buoy-
ancy transitioned northward to relatively positive buoyancy at the sea‐ice edge (Figure 2). A CO2‐rich
GAAIW cell would have been the northward flowing water mass that interacted adiabatically with south-
ward flowing PDW (De Lavergne et al., 2017). This resulted in a feedback loop that would have enhanced
the accumulation of old, CO2‐rich waters in the intersecting layers of the upper and the lower overturning
cells, which caused a greater portion of the deep Pacific Ocean to be isolated from the atmosphere (e.g.,
Jansen, 2017, Figure 2). This mechanism reconciles the mechanisms proposed by Pahnke and Zahn (2005)
and Ronge et al. (2015) by identifying that GAAIW, distinct in CO2 storage from waters above and below
it, was present in the glacial southwest Pacific Ocean. The shoaling of the overturning and ventilation bound-
aries was integral to enhancing carbon storage at all depths below the locus of stratification that separated
SAMW from the poorly‐ventilated interior. Rather than stronger CDW upwelling, adiabatic interactions
between the north flowing GAAIW and PDW return flow at mid‐depth, coupled with an expanded and per-
manent sea‐ice cap, manifested in enhanced intermediate‐depth Δδ13C during the LGM (Figures 2 and 5).

4.2. The Deglaciation
4.2.1. Heinrich Stadial 1
The use of regional δ18O stacks has been instrumental in identifying and assessing the asynchronous arrival
of the deglacial δ18O signal in different ocean basins (Stern & Lisiecki, 2014). Nonetheless, the global ice
volume component can mask the temperature and δ18Osw‐salinity components, which Δδ18O calculations
(Figure 3a) can reveal. Beginning at ~17.0 ka, significant Δδ18O differences between SAMW and the depths
below 1,100 m were driven by δ18O depletion in the 660‐ and 1100‐m cores that led the deglacial shift in dee-
per waters (Figures 3a and S2). Notably, Δδ18O changes for most of HS1 were limited to waters above
2,000 m and at or below 3,800 m, while it was not until the late HS1‐ACR transition that Δδ18O between
these depths changed by a significant amount (Figure 4a).

Restructuring of the upper 2,000 m during HS1 may have been linked to sea‐ice retreat following the glacial
termination (e.g., Ferry et al., 2015). An intermediate water temperature records from a nearby core in the
Tasman Sea at 1,100 m indicates that AAIW warming beginning at the end of the LGM was abruptly inter-
rupted by a ~1.3 °C cooling across HS1 (Elmore et al., 2015, Figure S5). We used this temperature record
(Elmore et al., 2015), a sea level record (Peltier & Fairbanks, 2006), and the Southern Ocean δ18O‐salinity
relationship of ~0.5‰ psu−1 (Adkins et al., 2002) to estimate the change in salinity for our 1,100‐m core
across HS1 (see Figure S5). We estimate that AAIW freshened by at least 1 psu during the first half of HS1
(Figure S5), which we suggest made it more buoyant and similar to its modern configuration. HS1 was a per-
iod of rapid warming in the Southern Hemisphere (Marcott et al., 2014); the melting of LGM‐era sea ice
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would have injected cold, fresh meltwater to intermediate depths, contributing to the rapid formation
and ventilation of intermediate waters at 1,100 m during this time. This is consistent with modern
AAIW water mass formation (Groeskamp et al., 2016; Saenko & Weaver, 2001; Santoso & England,
2004) and observations that rapid sea‐ice retreat and the delivery of meltwater to intermediate depths
are driving the observed AAIW freshening (Haumann et al., 2016). Notably, the Δδ18O between
SAMW and 1,600 m, which was most similar to 1,100 m during the LGM, abruptly increased
(Figure 3a), indicating that deeper intermediate depths did not experience these changes (Figure 4a).
Box model analyses also suggest that sea‐ice meltwater can make AAIW too buoyant to sink to depths
below 1,100 m (Hain et al., 2014; Keeling & Stephens, 2001).

The fact that averageΔδ18O for depths between 2,500 and 3,300 m did not change during the early HS1 rela-
tive to the LGM (Figure 4a) indicates deep ocean stratification remained a feature of the southwest Pacific,
but deepened to below 2,000 m (Figure 4a). Temperatures and salinities in the deep ocean largely remained
unchanged during the early deglaciation (Elderfield et al., 2010; Roberts et al., 2016; Skinner & Shackleton,
2005), explaining the observed coherence in our time‐slice average Δδ18O profiles for the LGM and HS1 at
these depths (Figure 4a). The exception is Δδ18O at 3,800 m, which increased dramatically after the LGM
and suggests that waters at this depth were colder and/or saltier during HS1 relative to SAMW
(Figures 3a and 4a). Pacific basin neodymium reconstructions indicate that strong gradients between
3,600 to 4,000 m in the South Pacific (Basak et al., 2018) and between 1,000 and 4,000 m in the North
Pacific (Du et al., 2018) broke down across HS1, which the authors attribute to deep ocean warming. With
SAMW warming/freshening across HS1, we would expect to see a reduction in the Δδ18O between
SAMW and 3,800 m rather than an increase if deep waters warmed as well (Figures 3a and 4a). Instead,
enhanced mixing of abyssal waters from reinvigorated deep ocean circulation (with or without a tempera-
ture increase), as suggested by proximal sortable silt records (McCave et al., 2008), can reconcile both the
enhanced Δδ18O in our 3,800‐m core and the breakdown of neodymium gradients across HS1.

During HS1, our Δδ13C has two distinct ventilation signals in the shallow parts of the depth transect. An
abrupt ~0.6‰ reduction starting at 17.0 ka brought the difference between SAMW δ13C and AAIW at
1,100 m near zero at 16.5 ka, returning to near LGM values by 15.5 ka (Figure 3b). This coincided with
the first pulse of rapid atmospheric CO2 rise during HS1 and enhanced Δδ18O between SAMW and
1,600 m (Figures 3a, 3b, and 6). This was followed at ~15.5–14.5 ka when waters at 1,600 m became abruptly
enriched in δ13C, reducing theΔδ13C by ~0.5‰ (Figures 3b and S2). This coincided with the second pulse of
rapid atmospheric CO2 rise during HS1 (Marcott et al., 2014, Figure 6), increased southwest Pacific [CO3

2−]
(Allen et al., 2015), and reduced Δδ18O between SAMW and 1,600 m in the latter half of HS1 (Figure 3a and
3b). These observations are consistent with abruptΔδ13C reduction at AAIW depths in the southwest Pacific
(Bostock et al., 2004; Pahnke & Zahn, 2005; Ronge et al., 2015; Sikes, Elmore, et al., 2016, Figure 5) and
reduced Δδ13Cplanktic‐benthic at 1,500 m in the SE Pacific (Siani et al., 2013). Collectively, this suggests the
progressive loss of CO2 from increasingly deeper intermediate layers of the South Pacific, attributable to
enhanced AAIW buoyancy, a poleward shift in the westerlies (Anderson et al., 2009; Sikes et al., 2009;
Toggweiler & Lea, 2010), and sea‐ice retreat (Ferry et al., 2015), the latter of which acted to deepen the
upwelling boundary across HS1 (Ferrari et al., 2014).

The Δδ13C below 1,600 m remained enhanced in the early stages of the deglaciation, with a maximum at
2,500 m, but was reduced relative to the LGM (Figures 3b and 4b). For these depths, a slow, steady, and early
decrease in Δδ13C suggests that there was initially high CO2 content at these depths and a progressive
decrease in the CO2 content across HS1 and into the YD (Figures 3b and 4b), an interpretation that is sup-
ported by regional radiocarbon records (e.g., Ronge et al., 2016; Sikes, Cook, et al., 2016). It is worth noting
that the oscillatory Δδ13C variability overprinting the overall gradual Δδ13C reduction (Figure 3b) is a func-
tion of rapid δ13C variability in the SAMW core (Figure S2). The steady Δδ13C decrease below 1,600 m kept
pace with the slow, steady rise in atmospheric CO2 (Figure 6), suggesting that CO2 ventilation from deeper
depths across the deglaciation provided a background increase against the rapid release of CO2 from inter-
mediate depths (Figure 6).

This reanalysis suggests a somewhat different scenario than studies that invoke the deep Pacific Ocean as the
direct source of CO2 during HS1 (e.g., Basak et al., 2018; Burke et al., 2015; Du et al., 2018; Ronge et al., 2016).
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The Δδ13C maxima between SAMW and 2,500 m persisted until after the second half of the deglaciation,
consistent with South Pacific mid‐depth radiocarbon records showing old ages until ~15.0 ka (Ronge
et al., 2016; Sikes, Cook, et al., 2016). The patterns we observe are more consistent with the slow loss of
CO2 from the deep ocean via a secondary mid‐depth PDW return flow rather than direct equilibration
and rapid CO2 exchange with the atmosphere from the deepest layers, which would have had to occur in
the southernmost regions of the Southern Ocean. These regions remained ice covered during HS1 (Wolff
et al., 2006). We suggest that upwelled portions of PDW became entrained in an invigorated, north
flowing AAIW, allowing some of its CO2 to ventilate via an intermediate pathway and thereby reducing
the Δδ13C from 1,600 through 2,500 m (Figure 4b). Concurrently, the portion of PDW that upwelled

Figure 6. Southwest PacificΔδ13C and atmospheric CO2. (a) Atmospheric CO2 concentrations derived fromAntarctic ice
core records (Marcott et al., 2014; Monnin et al., 2001; Parrenin et al., 2013). (b) Δδ13C from our depth transect for 1,100,
1,600, and 2,500 m. During HS1, an abrupt reduction in Δδ13C at 1,100 m (b) coincided with the first abrupt rise in
atmospheric CO2 at ~16.5 ka (a) and evidence for reinvigorated Southern Ocean upwelling (Anderson et al., 2009). In the
second half of HS1, an abrupt reduction inΔδ13C at 1,600 m coincided with the rapid rise in atmospheric CO2 at ~15.5 ka.
Abrupt reductions in Δδ13C below 2,000 m occurred after the atmospheric CO2 rise during and after the YD (b). The
intermediate Δδ13C suggests that the intermediated‐depth southwest Pacific was a key source of CO2 during HS1. Steady
reductions in deep waterΔδ13C suggest these depths contributed to the slow deglacial CO2 rise beginning at the end of the
LGM.
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farther south returned north as AABW, having not fully equilibrated with the atmosphere, continuously
feeding the mid‐depth Pacific Ocean carbon reservoir during HS1 and the early deglaciation (Figure 2b).
This interpretation is supported by the fact thatΔδ13C in our deeper cores remained persistently greater than
those at shallower mid‐depths (Figure 4b). Recent model work supports this interpretation, suggesting that
both rapid and gradual CO2 sources are required to account for temporally distinct (i.e., millennial‐ and
centennial‐scale) atmospheric CO2 increases during the deglaciation (Menviel et al., 2018). Our results clar-
ify that CO2 was released via different mechanisms and from different water depths in the Pacific Ocean
after the LGM.
4.2.2. Antarctic Cold Reversal, Younger Dryas, and the Holocene
Across the ACR‐YD transition, the Δδ18O in the upper 1,600 m of the southwest Pacific Ocean approached
zero (Figure 4a). These intermediate water Δδ18O changes coincided with the deglacial meltwater pulse
event (Fairbanks et al., 1992; Weber et al., 2014), suggesting that the homogenization of the signal may have
been driven by meltwater‐infused, δ18O‐depleted water from the Atlantic Ocean as it reentered the Pacific
Ocean at intermediate depths (Sikes et al., 2017). While the advance of Antarctic sea ice (Ferry et al.,
2015) and Southern Hemisphere glaciers (Garcia et al., 2012; Putnam et al., 2010) during the ACR is indica-
tive of an equatorward shift in the STF across this interval, the STF appears to have remained far enough
south to allow Atlantic waters to enter the Indian and Pacific Oceans for the first time since the LGM
(Beal et al., 2011; Peeters et al., 2004; Sikes et al., 2017) but at intermediate depths. Enhanced Δδ13C above
2,000 m during the ACR (Figure 3b) suggests that the ventilation of AAIW‐depth waters was reduced owing
to expanded sea‐ice extent and/or a more equatorward position of the SHW, both of which would have sup-
pressed upwelling (Anderson et al., 2009; Ferry et al., 2015; Kohler et al., 2014; Pahnke & Zahn, 2005). After
the ACR, reinvigorated upwelling is evidenced by intermediate water Δδ13C steadily decreasing into the
Holocene (Figure 3b).

Between the YD and Holocene, our vertical profiles indicate the return of NADW to the Pacific (Figure 4a).
The time‐slice averaged Δδ18O shows an increase between 2,500 and 3,300 m of ~0.5‰ (Figure 4a), with the
largest changes occurring deeper (between 2,800 and 3,300 m). This indicates the presence of a water mass
with properties distinguishable from SAMW and/or waters that occupied these depths up until this point.
This shift was concomitant with the largest reduction inΔδ13C of ~1.0‰ between SAMWand any depth dur-
ing the deglaciation. The Δδ13C between SAMW and 2,500 m approached zero owing to a rapid increase in
δ13C at 2,500m (Figures 3b and S2). These changes coincided with the deepening of northern‐sourced waters
and the reformation of cold, salty NADW at the end of the deglaciation (Marson et al., 2014; Roberts et al.,
2016; Sikes et al., 2017). With NADW sinking to its modern depth below the Drake Passage sill, it could reen-
ter the Southern Ocean below a more buoyant, CO2‐rich PDW that had remained largely isolated from the
atmosphere throughout the deglaciation (Curry & Oppo, 2005; Sikes et al., 2017). Further reductions in sea
ice would have also deepened the isopycnal boundary separating the branches of Southern Ocean overturn-
ing to near its modern depth (Ferrari et al., 2014; Ferry et al., 2015). This combination provides a mechanism
for enhanced Δδ18O between 2,500 and 3,300 m (Figure 4a) and the rapid reduction in Δδ13C between
SAMW and 2,500 m, which suggest that CO2 was finally released to the atmosphere from these depths as
NADW reentered the Southern Ocean (Figure 6). Notably, this release of CO2 from the mid‐depths lags
the second rise in atmospheric CO2 during the YD by ~1.5 ka (Marcott et al., 2014, Figure 6), suggesting that
the deep Pacific may have contributed to but was not the sole source of CO2 to the atmosphere during the
second half of the deglaciation.

5. Summary and Conclusions

Our analysis of the differences in δ18O and δ13C between intermediate, deep, and abyssal depths of the inter-
ior southwest Pacific Ocean over the last 23 kyr indicates significant changes in CO2 storage and the source
of waters in the glacial Pacific Ocean. We ascribe these to circulation changes stemming from the lack of
deep water input from the Atlantic Ocean as NADW shoaled above the Drake Passage sill depth (Sikes
et al., 2017). The reduced range in Δδ18O during the LGM is attributable to the incorporation of PDW into
both the upper and lower branches of overturning circulation in the southwest Pacific Ocean (Figure 2).
Enhanced Δδ13C below 1,100 m in our transect and ~940 m regionally suggests that not only was there
greater storage of CO2 in the deep ocean but that the depth of that CO2 storage also shoaled during the
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LGM (Figures 3b, 3d, and 5). Moreover, strong Δδ13C contrasts in waters between 940 and 1,400 m and
waters at and below 1,600 m highlight the presence of an isolated GAAIW distinct from the CO2‐rich
CDW cell below it, both of which sat below a fresher glacial SAMW (Figure 2).

HS1 brought dramatic changes in Δδ18O at 1,600 m while there was little change at 1,100 m (Figure 3a). We
suggest this reflects the injection of cold, fresh sea‐ice meltwater to the region of AAIW formation brought
on by the reduction of sea ice and the northward transport of sea‐ice meltwater as the westerlies shifted pole-
ward (Anderson et al., 2009; Ferry et al., 2015; Sikes et al., 2009, Figure S5). This would have released CO2

from the upper 1,600 m, which was likely the dominant source of respired CO2 comprising the two pulses
of rapid atmospheric CO2 rise during HS1 (Figure 6). Gradual deep water ventilation contributed to the
steady increase in atmospheric CO2 beginning at the end of the LGM (Marcott et al., 2014; Monnin et al.,
2001; Parrenin et al., 2013, Figure 6). During the Holocene, increased Δδ18O between 2,500 and 3,300 m
to modern values marks the reintroduction of NADW in the Southern Ocean (Figures 3a and 4a). This coin-
cided with a rapid reduction in Δδ13C, the largest of the deglaciation, suggesting the remainder of the CO2

release was associated with this profound circulation change (Sikes et al., 2017).

Our vertical oxygen isotope difference calculations indicate a two‐phase change in southwest Pacific Ocean
structure during the deglaciation for which circulation, buoyancy, and subsurface water mass formation
were influenced first by regional sea‐ice dynamics and later by changes in the delivery of North Atlantic‐
sourced water to the Pacific as the depth of NADW varied with climate. Overall, our isotope difference cal-
culations identify a close coupling between changes in the vertical structure of the southwest Pacific Ocean
and the loss of CO2 to the atmosphere following the LGM.
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