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ABSTRACT 

The cause of the initial rise in atmospheric CO2 during the last deglaciation remains unknown.  

Coincident with the rising atmospheric CO2, the δ13C of atmospheric CO2 decreased by ~0.3‰ during 

Heinrich Stadial 1 (HS1: 14.5-17.5 kyr BP), which requires the input of carbon from an isotopically light 

reservoir.  The light carbon signal in the atmosphere occurred concurrently with the carbon isotope 

minimum, or a decrease in surface ocean δ13C of ~0.5‰, suggesting the two phenomena are related.  The 

leading hypotheses explaining the δ13C minimum are (1) enhanced ventilation of 13C-depleted abyssal 

water in the Southern Ocean which in turn caused low δ13C values in the surface ocean and atmosphere, 

and (2) a reduction in the Atlantic Meridional Overturning Circulation (AMOC) weakened the efficiency 

of the ocean’s biological pump, thereby increasing the concentration of light carbon in the surface ocean.  

In order to evaluate these two hypotheses, we compiled 70 published, globally-distributed planktonic 

foraminiferal δ13C records and enhanced the sampling resolution of three low resolution records from the 

western tropical Pacific (WTP).  The HS1 δ13C anomaly, or the relative difference in δ13C between the 

LGM and HS1, was calculated for each record, and we compared the spatial patterns between ocean 

basins and within the tropical Pacific and Southern Oceans.  We find that the average δ13C anomaly is 

similar in all ocean basins.  We also find similar δ13C signals in the eastern equatorial Pacific (EEP) 

upwelling regime and the WTP convergence zone.  In the Southern Ocean we find a latitudinal trend of 

δ13C anomalies decreasing in magnitude progressing towards higher latitudes and the region of abyssal 

upwelling.  Because the Southern Ocean hypothesis implies that the δ13C signal should be largest in the 

Southern Ocean and in upwelling regions, our results are inconsistent with a Southern Ocean driver.  Our 

findings are instead consistent with a recent modeling study that simulated the effects of a weakened 

biological pump, which produced an excess of isotopically light carbon in the surface ocean and 

atmosphere, similar to observations.  We conclude that our results are broadly consistent with a biological 

pump mechanism, suggesting that the initial rise in atmospheric CO2 was driven by biogeochemical 

processes in the upper ocean as opposed to upwelling of light carbon from the abyss. 
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1. Introduction 

a) Background 

Atmospheric carbon dioxide (CO2) fluctuated in step with glacial-interglacial cycles during the 

late Pleistocene.  Atmospheric pCO2 is lowest during glacial intervals, increases during glacial 

terminations, and peaks during interglacial periods, with a total dynamic range of 80-100 p.p.m.v. 

(Barnola et al., 1987; Petit et al., 1999).  During the last deglaciation (10-18 kyr BP), rising CO2 levels led 

the increase in global surface temperature, indicating that CO2 is a key driver of glacial terminations 

(Shakun et al., 2012) and consistent with model simulations demonstrating that higher atmospheric CO2 

enhances global warming (e.g. Webb et al., 1997).  Although the basic character of glacial-interglacial 

CO2 cycles has been known for over 30 years (Neftel et al., 1982), their cause remains enigmatic (Sigman 

and Boyle, 2000; Sigman et al., 2010).  Investigating the ultimate driver of atmospheric CO2 variability is 

therefore important for understanding the cause of glacial terminations and the long-term behavior of the 

global carbon cycle.  

At the onset of the last deglaciation, during an interval known as Heinrich Stadial 1 (HS1: 14.5-

17.5 kyr BP), atmospheric CO2 rose by 30 p.p.m.v. while the δ13C of atmospheric CO2 decreased by 

~0.3‰ (Figure 1A, B) (Monnin et al., 2001; Schmitt et al., 2012; Veres et al., 2013, Bauska et al., 2016).  

Foraminiferal δ13C records from the surface ocean show a decrease in δ13C of dissolved inorganic carbon 

(DIC) during the same time period (e.g. Ninnemann and Charles, 1997; Curry et al., 1988; Schneider et 

al., 1992; Spero and Lea, 2002).  The surface ocean anomalies, otherwise known as carbon isotope 

minima, are characterized by large, rapid negative excursions in surface ocean δ13C during HS1 relative to 

the Last Glacial Maximum (LGM: 19-23 kyr BP) (Spero and Lea, 2002).  Here I generate a stack of 21 

high-resolution planktonic foraminiferal δ13C records that clearly displays a ~0.5‰ decrease during HS1 

(Figure 1C).  The simultaneous timing of the negative δ13C anomalies in the surface ocean and 

atmosphere during HS1 suggests the light carbon signals originated from the same 13C-depleted source.  

Further, the timing of the anomalies coincides with the onset of the atmospheric CO2 rise (Figure 1).  The 
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synchronicity of the atmospheric and surface ocean signals implies that the release of carbon from a 13C-

depleted source initiated the last deglaciation.  Thus, determining the cause of the surface ocean δ13C 

minima is key to understanding the ultimate driver of glacial terminations. 

It is unlikely that the light carbon originated from terrestrial reservoirs (δ13C = -25‰).  During the 

deglaciation, retreating glaciers allowed terrestrial biomass to accumulate in areas previously covered in 

ice.  Because the terrestrial biosphere expanded and sequestered 12C-rich carbon into biomass, this would 

have the effect of driving the ocean and atmosphere to more positive δ13C values, opposite the observed 

pattern (Spero and Lea, 2002).  Instead, an oceanic mechanism is more likely, the exact nature of which is 

discussed in detail in the following sections.   

Deglacial carbon isotope minima occurred in the Pacific, Atlantic, Indian, and Southern Oceans.  

Individual studies suggest that surface ocean δ13C decreased ~0.5‰ in the eastern equatorial Pacific 

(EEP) (Spero and Lea, 2002), southwest Pacific (Bostock et al., 2004), Indian Ocean (Kiefer et al., 2006) 

and Southern Ocean (Carter et al., 2008; Charles et al., 1996), as well as up to -1‰ in the eastern tropical 

Atlantic (Schneider et al., 1992).  The rapid rate at which the δ13C anomalies occurred in various ocean 

basins requires a mechanism that can simultaneously influence all regions of the ocean (Ninnemann and 

Charles, 1997).  Although carbon isotope minima appear in many planktonic δ13C records, there has been 

no attempt to systematically compile records from a range of locations and assess spatial patterns or 

signal dependence on planktonic foraminiferal species.  The lack of such a study has precluded testing of 

hypotheses, and therefore allowed the prevailing Southern Ocean view to remain fixed in the collective 

conscientiousness of the paleo-community.  

b) Southern Ocean Hypothesis 

The primary explanation that has been used to account for surface ocean δ13C minima is known as 

the Southern Ocean hypothesis.  In this scenario, the low δ13C signal originated from enhanced ventilation 

of a 13C-depleted abyssal water mass in the Southern Ocean, which was then advected to lower latitudes 
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via Antarctic Intermediate Water (AAIW) and sub-Antarctic Mode Water (SAMW) and brought to the 

surface ocean through upwelling of these water masses (Spero and Lea, 2002).  Spero and Lea (2002) 

based their idea on the premise that isotopically light carbon accumulated in the deep ocean during the 

last glacial period only to be released early in the deglaciation.  Studies showing that abyssal waters 

accumulated light carbon (12C) during the LGM, potentially as a result from increased stratification 

(Toggweiler et al., 2006) or an enhanced biological pump (Broecker, 1982) formed the basis for the 

Southern Ocean hypothesis. 

While providing a source of 13C-depleted carbon and a means to globally transport the low δ13C 

signal, there is conflicting evidence for intensified abyssal circulation at the onset of the deglaciation.  

Surface ocean productivity records appear to be consistent with increased upwelling resulting from a 

poleward shift in the Southern Hemisphere westerly winds during the deglaciation (Anderson et al., 2009; 

Toggweiler, 1999; Toggweiler et al., 2006).  Additionally, a recent synthesis inferred changes in wind 

patterns using proxies for terrestrial moisture, dust deposition, sea surface temperature (SST), ocean 

fronts, productivity, and ocean circulation (Kohfeld et al., 2013).  The results were inconclusive, however, 

as the observations can support either an overall strengthening in the westerly winds, an equatorward 

displacement, or no change at all (Kohfeld et al., 2013).  Paleo data and climate models, therefore, do not 

provide clear evidence for a change in the westerly wind belt during the deglaciation.  Further, several 

modeling studies demonstrate that a shift in the Southern Hemisphere westerlies could not produce a rise 

in atmospheric CO2 similar to that recorded in ice cores (Tschumi et al., 2008; Menviel et al., 2008; 

d’Orgeville et al., 2010; Volker and Kohler, 2013).  

A recent study demonstrated that enhanced upwelling in the Southern Ocean was unlikely the 

source of isotopically light carbon during HS1.  Using benthic foraminiferal δ13C and δ18O 

reconstructions along a depth transect, the study revealed that the abyssal water mass below 3 km 

remained isotopically light until ~15 kyr BP, suggesting abyssal circulation changed well after the 

occurrence of surface ocean δ13C anomalies and the initial increase in atmospheric CO2 (Lund et al., 
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2015).  Above 3 km, negative mid-depth δ13C anomalies found from 1.3-2.5 km are likely driven by a 

weakened Atlantic Meridional Overturning Circulation (AMOC) (Lund et al., 2015; Oppo et al., 2015).  

The lack of support from modeling results and isotopic records suggests another mechanism besides 

enhanced Southern Ocean circulation is required to explain the carbon isotope minima, and thus the initial 

rise in atmospheric CO2. 

c) Biological Pump Hypothesis  

When investigating carbon isotopes in the ocean, one must first understand how the biological 

pump, the primary influence on δ13C in the ocean, sets the overall δ13C depth structure.  High δ13C in the 

surface ocean and low δ13C deeper in the water column characterizes a typical depth profile of the δ13C of 

DIC (Figure 2).  Photosynthesis utilizes nutrients and carbon in the surface ocean, preferring 12C to 13C, as 

the lighter isotope is more easily assimilated by the biota.  Thus, photosynthetic organisms leave the 

surface waters high in δ13C.  As organic matter sinks, remineralization releases inorganic nutrients and 

12C, establishing lower δ13C values deeper in the water column.  The combination of photosynthesis in the 

surface ocean and respiration at depth results in an inverse relationship between inorganic nutrients, such 

as phosphate, and δ13C (Figure 2) (Kroopnick, 1985). 

Rather than invoking outgassing of isotopically light carbon from the abyssal ocean, recent 

studies suggest that a weakening of the AMOC can produce synchronous surface ocean δ13C anomalies in 

multiple ocean basins (Schmittner and Lund, 2015; Lund et al., 2015).  In essence, a reduction of the 

AMOC decreases the efficiency of the biological pump by altering the balance between preformed and 

regenerated nutrients in the global ocean. 

The relative concentration of preformed to regenerated nutrients in the global ocean dictates the 

overall efficiency of the biological pump (Ito and Follows, 2005).  Surface waters traveling north through 

the Atlantic are stripped of nutrients and 12C due to photosynthesis.  Upon reaching the North Atlantic, 

where they sink and form North Atlantic Deep Water (NADW), the surface waters are low in preformed 



 

5 

 

nutrients (i.e. nutrients unused by photosynthesis) and have a high δ13C of DIC (Kroopnick, 1985; Ito and 

Follows, 2005).  The low fraction of preformed nutrients in NADW indicates efficient operation of the 

biological pump and sequestration of carbon in the abyss.  In contrast, Antarctic Bottom Water (AABW) 

has a high concentration of preformed nutrients because the residence time of upwelled deep water in the 

surface of the Southern Ocean is too short for biological productivity to utilize the nutrient-rich water (Ito 

and Follows, 2005).  After upwelling, the nutrient-rich waters are quickly subducted, forming AABW, 

AAIW, and SAMW.  The Southern Ocean circulation therefore represents an inefficient or a missed 

opportunity for the biological pump to sequester CO2 to the deep ocean (Ito and Follows, 2005).  Because 

of the relationship between the concentration of preformed nutrients and the efficiency of the biological 

pump, we can relate preformed nutrient content to atmospheric CO2 concentrations. 

Both theory and modeling results suggest there is a nearly linear relationship between the fraction 

of preformed nutrients in the ocean and atmospheric CO2 (Ito and Follows, 2005) (Figure 3).  An efficient 

biological pump and lower fraction of preformed nutrients (a NADW-centric circulation) results in more 

atmospheric CO2 sequestered into the deep ocean and therefore lower atmospheric pCO2 (Figure 3).  

When the biological pump is inefficient (i.e. an AABW-centric circulation), the opposite occurs.  During 

HS1, a weakened AMOC may have reduced the fraction of NADW in the deep ocean, increasing the 

global fraction of preformed nutrients and therefore limiting the overall efficiency of the biological pump 

(Schmittner and Lund, 2015).  Thus, weakening of the AMOC may have caused atmospheric CO2 levels 

to increase during HS1. 

Early theory suggests the AMOC is capable of multiple steady states with potentially rapid 

transitions (Stommel, 1961). General circulation models show that adding fresh water into the North 

Atlantic results in a substantial weakening of the AMOC (Schmittner and Lund, 2015; Bouttes et al., 

2011; Schmittner and Galbraith, 2008; Obata, 2007).  231Pa/230Th ratios signifying a possible collapse of 

the AMOC around 18-19 kyr BP coincide with the initiation of the atmospheric CO2 rise during the onset 

of the last deglaciation (McManus et al., 2004; Shakun et al., 2012; Chen et al., 2015).  However, more 
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recent 231Pa/230Th, δ13C, and δ18O records indicate a total collapse is unlikely, but rather a significant 

reduction in the overturning circulation took place (Gherardi et al., 2009; Lund et al., 2015; Oppo et al., 

2015). 

d) Model of Ocean Biogeochemistry and Isotopes (MOBI 1.4) 

Recent modeling results simulating the collapse of the AMOC demonstrate how changes in the 

overturning circulation and the biological pump may affect atmospheric and oceanic δ13C.  Using the 

Model of Ocean Biogeochemistry and Isotopes (MOBI 1.4) coupled to the University of Victoria 

intermediate complexity ocean general circulation model, Schmittner and Lund (2015) (SL15 from here 

on) simulated perturbations in the AMOC using four different freshwater forcing events in the North 

Atlantic.  The two larger forcings, 0.15 Sv (1 Sv = 106 m3 s-1) and 0.2 Sv, result in a nearly complete 

shutdown of the AMOC and yield a rise in atmospheric CO2 similar to ice core records during HS1 

(Monnin et al., 2001; Marcott et al., 2014).  Additionally, the model results suggest that the δ13C of 

atmospheric CO2 decreases by ~0.3‰, also consistent with ice core measurements (Marcott et al., 2014; 

Schmitt et al., 2012).  An AMOC collapse increases preformed PO4 in the global ocean, reflecting an 

overall weakening biological pump, and the accumulation of carbon in the surface ocean and atmosphere 

(Schmittner, 2005).   

The resulting spatial map of oceanic δ13C anomalies from the 0.15 Sv forcing (Figure 4) is similar 

to deep Atlantic δ13C observations during HS1 (Lund et al., 2015; Schmittner and Lund, 2015; Oppo et 

al., 2015).  Reducing the overturning circulation in the model yields very larger δ13C anomalies in the 

mid-depth North Atlantic (~ -1‰) that are a direct result of the weakened AMOC (Figure 4).  Essentially, 

the reduced overturning limits sinking of high δ13C surface waters in the North Atlantic, decreasing the 

δ13C of NADW.  The weakened circulation also increases the residence time of deep water in the North 

Atlantic, allowing for the accumulation of isotopically light respired carbon (Schmittner and Lund, 2015).  

Benthic δ13C records from 1-2 km the Atlantic show a meridional gradient in the δ13C anomalies, with the 



 

7 

 

largest signal in the North Atlantic and progressively smaller anomalies in the tropical and South Atlantic.  

This trend is consistent with the SL15 modeling results, therefore supporting a weakened AMOC during 

HS1 (Oppo et al., 2015).   

The 0.15 Sv forcing generally results in negative surface ocean δ13C anomalies, with a range in 

minima of -0.2‰ to -0.4‰ in the Pacific, Indian, and South Atlantic.  The negative surface ocean minima 

are a result of the weakened biological pump and subsequent nutrient budget.  There is a mixed spatial 

signal in the North Atlantic, with both positive and negative anomalies, due to the combination of the 

direct impact of the AMOC collapse in the North Atlantic and weakened biological pump.  In the 

Southern Ocean, the SL15 simulation results in a latitudinal trend of negative δ13C anomalies decreasing 

in magnitude moving south and ultimately switching signs at ~60°S.  Positive anomalies in the Southern 

Ocean at latitudes higher than ~60°S result from upwelling of isotopically heavy carbon at intermediate 

depths in the Pacific, Indian, and South Atlantic due to reduced export production.   

e) Evaluating the Southern Ocean and Biological Pump Hypotheses 

The Southern Ocean and biological pump mechanisms would produce different spatial patterns in 

oceanic δ13C during HS1.  According to the Southern Ocean hypothesis, we would expect to find negative 

δ13C anomalies of larger magnitude in the Southern Ocean, where upwelling of the low δ13C abyssal 

water mass occurs.  Likewise, δ13C anomalies would be larger in areas where AAIW and SAMW reside 

and where upwelling of these water masses occurs (Spero and Lea, 2002).  In regions outside of 

upwelling zones, mixing with surface waters would dilute the low δ13C signal, producing δ13C anomalies 

of smaller magnitude.  According to the biological pump hypothesis, the sea surface δ13C anomalies 

would be of similar magnitude in multiple locations.  Additionally, we would expect slightly muted 

anomalies in upwelling regimes due to positive δ13C anomalies at intermediate depths.  By compiling 

planktonic foraminiferal δ13C records we can assess spatial patterns in δ13C anomalies and determine 

whether they are consistent with the Southern Ocean or biological pump mechanisms.  
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2. Methods 

a) Published Planktonic δ13C Records 

We compiled 70 published planktonic foraminiferal δ13C records to determine the magnitude and 

spatial trends in carbon isotope minima.  The records are categorized into one of four tiers based on the 

quality of the data.  The highest quality records are Tier 1 while the lowest quality data are Tier 4.  We 

evaluate the quality of the data using three criteria: the coherency of the δ18O stratigraphy, the sampling 

resolution, and whether or not the age model is constrained by radiocarbon dates.  

A coherent δ18O stratigraphy is the first criterion used in assessing the fidelity of a given sediment 

core, verifying the structural integrity.  The δ18O stratigraphy of each core was compared to the global 

benthic foraminiferal δ18O stack (Lisiecki and Raymo, 2005) that records the Earth’s transitions from 

glacial to interglacial states.  As we are mainly interested in the last deglaciation, each core must show a 

δ18O transition from the LGM to the Holocene similar to that observed in the global stack.  Records 

without a coherent δ18O stratigraphy were considered Tier 4 (28 total cores) and their data were not 

included in this compilation.  Therefore, all 70 cores compiled here met the basic requirement of a 

coherent δ18O stratigraphy. 

All of the δ13C records in this compilation have a clear δ18O stratigraphy, however, many of the 

records (n = 27) have a low sampling resolution of < 1 data point per kyr and were assigned to Tier 3.  A 

high sampling resolution is necessary in order to capture the full magnitude of millennial-scale δ13C 

anomalies in each record.  Both Tier 1 and Tier 2 records have a high sampling resolution of > 1 sample 

per kyr.   

In addition to a clear δ18O stratigraphy and a sampling resolution of > 1 data point per kyr, Tier 1 

δ13C records have an age model generated using radiocarbon dates.  Radiocarbon dates typically have an 

age error of ±1 kyr, while age models based on oxygen isotope control points have an error of ±3 kyr.  
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Radiocarbon-based age models therefore provide more confidence in the timing of δ13C minima than 

records with age models based only on their δ18O stratigraphy.   

To summarize, Tier 1 records each have a coherent δ18O stratigraphy, a sampling resolution of > 

1 sample per kyr, and an age model constrained by radiocarbon dates.  Tier 2 records have a coherent 

δ18O stratigraphy and a high sampling resolution (> 1 sample per kyr), while Tier 3 records only have a 

coherent δ18O stratigraphy.  Records lacking a clear δ18O stratigraphy were placed into Tier 4 (28 cores 

total) and were not included in the compilation. 

i.  Age Models 

All radiocarbon dates for Tier 1 age models were recalibrated using Calib 7.1 

(http://calib.qub.ac.uk/calib/).  Surface water reservoir ages were calculated using the marine reservoir 

correction database (http://calib.qub.ac.uk/marine/) to determine regional offsets (∆R) from the global 

value of 400 years (R).  The marine reservoir correction database calculates ∆R as the difference between 

the 14C age of known-age, pre-nuclear marine samples and the marine calibration dataset (Reimer et al., 

2004).  ∆R for each Tier 1 core is an average of the 10 closest ∆R values listed in the database, excluding 

any values that are farther than 1 km from the location of the core (Table A1).  An error of ±200 years 

was applied to each ∆R value. 

A sediment core’s δ18O stratigraphy forms the basis for Tier 2 and Tier 3 age models.  A majority 

of the published age models are based on oxygen control points that are established between the well-

dated global benthic δ18O stack and the δ18O record at glacial/interglacial transitions.  We re-evaluated 

each published age model by comparing the existing δ18O stratigraphy to the global benthic δ18O stack 

(Lisiecki and Raymo, 2005).  In cases where the published age model did not correspond well with the 

global stack or the records did not already have an age model, a new age model was generated.  Control 

points at the LGM to Holocene transition (~15 kyr BP), or the Marine Isotope Stage (MIS) 2/1 boundary, 

were determined in the δ18O stratigraphy.  In cases where a δ18O stratigraphy was long enough, additional 
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control points were established at the relevant MIS boundaries.  We assumed the top of each core has an 

age of 0 kyr BP.  Linear interpolation was used to determine ages between the δ18O-based control points. 

ii. Vital Effects 

Biological processes, such as foraminiferal respiration, photosynthetic fractionation by algal 

symbionts, vertical migration, and environmental influences, such as seawater carbonate ion 

concentrations, can influence the δ13C of DIC in seawater immediately surrounding a foraminifer (Curry 

and Crowley, 1987; Spero and Lea, 1993, 1996; Spero et al., 1997; Spero et al., 2003).  These ‘vital’ 

effects can alter the carbon isotopic composition of the foraminiferal test, shifting shell δ13C away from 

isotopic equilibrium, creating an offset between the δ13C of calcite and δ13C of DIC (∆δ13Cshell-DIC).  To 

determine species-specific δ13C offsets, plankton tows have been used to collect foraminifera and 

compare the δ13C of their shells to the δ13CDIC of the seawater in which they inhabited.  For example, 

Spero et al. (2003) found the ∆δ13Cshell-DIC for Globigerinoides sacculifer is +0.73 ± 0.23‰ (1SE) in the 

eastern equatorial Pacific (EEP).  Because we are mainly interested in anomalies from the LGM to HS1 in 

the δ13C records instead of actual sea surface δ13CDIC values, species-specific δ13C offsets were not applied 

in this study. 

To account for potential vital effects, the planktonic foraminifera δ13C compilation includes 

multiple species that appear to reliably record the δ13C of DIC through time.  The compilation includes 

species with and without symbionts and those that dwell in the surface mixed layer and thermocline 

depths.  For the surface mixed layer, we used δ13C records from the symbiont-bearing G. sacculifer 

(Curry and Crowley, 1987; Spero et al., 2003) and non-symbiont bearing Globigerina bullodies 

(Ninnemann and Charles, 1997).  Non-symbiont bearing Globorotalia inflata (Pierre et al., 2001; Carter 

et al., 2008) and symbiont bearing species Neogloboquadrina dutertrei (Spero and Lea, 2002; Spero et 

al., 2003) and Globorotalia menardii (Spero et al., 2003) were used to characterize thermocline depths.  

Using a multi-species approach that incorporates the diversity between species (i.e. symbiont/non-

symbiont and depth habitat) minimizes potential biases associated with vital effects.  
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b) Determining δ13C Anomalies 

We calculated δ13C anomalies using raw planktonic foraminifera δ13C datasets collected from the 

literature and online databases PANGAEA (pangaea.de) and the National Climatic Data Center 

(ncdc.noaa.gov).  Anomalies are used in order to control for any mean δ13C offsets between species and 

oceanographic settings.  For each record, we use an average LGM value computed from δ13C data 

between 19 and 23 kyr BP.  Maximum anomalies are calculated as the difference between the average 

LGM value and the lowest δ13C value during the deglaciation (12 to 18 kyr BP).  To account for potential 

biases associated with one point outliers, we also applied a 3-point running mean to each record.  Running 

mean anomalies represent the difference between the averaged LGM value and the minimum δ13C value 

in the 3-point running mean selected between 12 and 18 kyr BP.  The timeframe for selecting minimum 

δ13C values is broader than the HS1 time interval (14.5-17.5 kyr BP) in order to account for age 

uncertainty in each δ13C record.  Tier 2 and Tier 3 age models based on δ18O stratigraphies may have age 

errors of up to 3 kyr, while the radiocarbon-based age models for the Tier 1 cores have age uncertainties 

of ~1 kyr.  The sensitivity of our compilation to the choice of age window is discussed in the results 

section. 

c) Stacking Tier 1 Data sets 

We generated the planktonic δ13C stack by first interpolating each of the Tier 1 records (n = 21) at 

a 600-year increments, which is the average resolution for the Tier 1 records.  The mean δ13C of each 

record was then subtracted from each time series to facilitate comparison across species and 

oceanographic settings.  Unlike normalization, which would have created records in units of standard 

deviation (σ), we used the mean adjusted approach so that the resulting time series would retain δ13C units 

(‰).  The stacked δ13C time series was created by simply averaging the mean-adjusted records. 

d) Temperature Records 
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We compiled published temperature records in order to account for the potential influence of sea 

surface temperature on air-sea fractionation of carbon isotopes.  Equilibrium fractionation occurs between 

surface ocean DIC (DIC = CO2aq + HCO3
- + CO3

2-) and atmospheric CO2 (Broecker and Maier-Reimer, 

1992; Lynch-Stieglitz et al., 2005).  During this process, each DIC species must exchange with 

atmospheric CO2 in order to reach isotopic equilibrium, a process that takes ~10 years (Broecker and 

Peng, 1974).  Fractionation of carbon isotopes during air-sea gas exchange increases with decreasing 

temperatures, producing a thermodynamic slope where surface water δ13C of DIC increases 0.1‰ with 

every 1°C decrease in temperature (Broecker and Maier-Reimer, 1992).  Therefore, at isotopic 

equilibrium colder waters have higher δ13C values than warmer waters.  

Shakun et al. (2012) compiled SST records created using various proxies over the last 

deglaciation.  The age model for each record is based on radiocarbon dates and each time series has a 

resolution of > 1 sample per kyr.  We focused on Mg/Ca-based temperature records given the large 

number of available sites and the reproducibility of Mg/Ca-based SSTs.  Additional Mg/Ca records with 

radiocarbon-based age models and high sample resolution were added for a more robust global 

compilation (Pena et al., 2008; Johnstone et al., 2014; Zarriess et al., 2011; Chiessi et al., 2015; Martinez-

Mendez et al., 2010; Pahnke et al., 2003; Romahn et al., 2014; Govil and Naidu, 2010).  Mg/Ca-derived 

SSTs from each source were interpolated to a 100-year resolution, following Shakun et al. (2012).  

Because the rate of temperature rise varied by location (Shakun et al., 2012), we accounted for regional 

biases by grouping the temperature records by location.  Temperature records were organized by latitude 

and classified as either sub-polar, sub-tropical, or tropical.  Within those sections, the regions were further 

categorized by more distinct oceanographic regions, with some regions represented by only one record.  

In cases where more than one record existed for a region they were averaged together.  Using an LGM 

value computed from temperatures averaged from 19-23 kyr BP and a HS1 temperature value averaged 

from 14.5-17.5 kyr BP, we estimated the deglacial rise in SST for each region as the difference between 

the mean LGM value and the mean HS1 value.  
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e) New Planktonic Stable Isotope Records 

The limited number of Tier 1 and 2 records in the literature makes it difficult to assess spatial 

patterns in the δ13C anomalies.  In particular, the paucity of high quality records from the western tropical 

Pacific (WTP) made it necessary to improve existing Tier 3 records from that region.  Three cores were 

selected for resampling in order to improve their resolution to > 1 point per kyr.  GGC10 (11.93°N, 

118.21°E), GGC13 (11.89°N, 118.21°E), and MW91-9-15 (14.53°S, 157.98°E) are all located in the 

WTP and were available for resampling at the University of South Carolina (GGC10 and GGC13) and the 

Woods Hole Oceanographic Institution (MW91-9-15).  

Intervening depths for sampling were selected based on sedimentation rates estimated from the 

core age model.  New age models were established for GGC10 and GGC13 based on their individual δ18O 

stratigraphies as previously outlined (see Methods).  We assumed a constant sedimentation rate between 

the δ18O control points to establish updated age models.  Sampling depths were chosen such that the final 

sampling resolution of each record was > 1 sample per kyr.  Despite having three available radiocarbon 

dates, core MW91-9-15 is considered a Tier 3 core due to its low sampling resolution.  The age model for 

MW91-9-15 was updated using the same approach as the Tier 1 age models (see Methods).  We assumed 

a constant sedimentation rate between each calibrated radiocarbon date in the revised age model.  

Intervening depths for sampling were chosen in order to increase the final sampling resolution to > 1 data 

point per kyr.   

Each sediment sample for the three cores was frozen, freeze-dried, and washed through a 150 μm 

sieve in order to isolate the size fraction containing foraminifera.  We used the planktonic foraminifera G. 

sacculifer to match the species used in the earlier studies (Thunell et al., 1992; Patrick and Thunell, 

1997).  For each depth, 6-8 foraminiferal tests were picked from the 300-355 μm size fraction after Curry 

and Crowley (1987).  Individuals with a terminal sac were avoided to account for potential biases 

associated with gametogenic calcite (Curry and Crowley, 1987).  Stable isotope analyses for δ13C and 

δ18O were performed on a Finnigan MAT 253 isotope ratio mass spectrometer (IRMS) coupled to a Kiel 
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IV automated carbonate device at the Stable Isotope Laboratory at the University of Michigan.  The data 

(n = 45) were converted to Vienna Pee Dee Belemnite using NBS-19 (National Institute of Standards and 

Technology, USA) (δ18O = -2.22 ± 0.05‰ (1SE), n = 13; δ13C = 1.95 ± 0.03‰ (1SE), n = 13).   

3. Results 

a) Global δ13C Anomalies 

The global Tier 1 δ13C stack shows a 0.5‰ decrease in surface ocean δ13C from the LGM to HS1, 

reaching a minimum value at ~15.5 kyr BP (Figure 1C).  The magnitude of the global δ13C anomalies 

decreases with lower quality records, likely due to the greater sampling resolution of the higher quality 

Tier 1 and Tier 2 data (Figure 5).  For Tier 1 minima, the average maximum δ13C anomaly is -0.57 ± 

0.10‰ (1SE) and the average running mean anomaly is -0.47 ± 0.09‰ (1SE).  By comparison, the Tier 2 

data yield a maximum anomaly of -0.47 ± 0.06‰ (1SE) and a running mean anomaly of -0.33 ± 0.05‰ 

(1SE).  Thus, the Tier 2 data yield a smaller signal but remain within one standard error of the Tier 1 

values.  However, the Tier 3 data have a maximum anomaly of -0.38 ± 0.04‰ (1SE) and a running mean 

δ13C anomaly of -0.20 ± 0.03‰ (1SE), clearly distinct from the Tier 1 results.  The smaller Tier 3 signal 

is due to the lower sampling resolution, increasing the likelihood that the full magnitude of the δ13C signal 

isn't captured in these records (see Methods). The relationship between tier and the magnitude of the δ13C 

minima demonstrates the importance of having high quality δ13C records for assessing δ13C minima 

during HS1.  

b) Basin-scale δ13C Anomalies 

The locations and corresponding tier for each δ13C record are displayed in Figure 6 and the 

average δ13C anomaly for each ocean basin is shown in Table 1.  Overall, there is a remarkable degree of 

homogeneity in the results, with statistically similar δ13C anomalies regardless of ocean basin.  Ranging 

from -0.4‰ to -0.5‰, the average maximum δ13C anomalies of each ocean basin are within 1SE of one 

another (Table 1).  In each ocean basin the magnitude of the running mean anomalies is generally ~0.1‰ 
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smaller than the maximum δ13C signal, primarily due to the smoothed nature of the running mean time 

series (Table 1).  

Table 1. Regional running mean and maximum δ13C anomaly statistics. Cores with a latitude higher 

than 40°S are designated as Southern Ocean. 

  Running Mean Maximum 

Basin Average (‰) Stdev n SE Average (‰) Stdev n SE 

Pacific -0.31 0.16 28 0.03 -0.43 0.15 28 0.03 

Atlantic -0.35 0.41 30 0.08 -0.51 0.46 30 0.08 

Southern -0.3 0.19 10 0.06 -0.42 0.19 10 0.06 

Indian -0.28 0.16 2 0.11 -0.4 0.21 2 0.15 

 

i. Pacific Ocean 

The Pacific Ocean has an average maximum δ13C anomaly of -0.43 ± 0.03‰ (1SE) and an 

average running mean δ13C anomaly of -0.31 ± 0.03‰ (1SE) (Table 1).  δ13C records from the western 

tropical Pacific (WTP) and eastern equatorial Pacific (EEP) provide the opportunity to evaluate the 

minima between two oceanographically distinct regions of the Pacific Ocean.  Specifically, utilizing the 

WTP and EEP records, we can compare the δ13C minima in an upwelling region with thin a thermocline 

to those from a convergence zone with a thicker thermocline (Figure 7).  Focusing on the WTP, the 

average maximum anomaly is -0.44 ± 0.05‰ (1SE) and the average running mean anomaly is -0.30 ± 

0.05‰ (1SE) (Table 2).  Maximum and running mean δ13C minima in the EEP are similar to the WTP, 

with average values of -0.42 ± 0.04‰ (1SE) and -0.31 ± 0.04‰ (1SE), respectively (Table 2).  The mean 

anomalies in the WTP and EEP are within one standard error of one another, indicating there is no 

significant difference in the mean δ13C signals (Figure 7).  Both regions contain a substantial number of 

cores for a comprehensive analysis (WTP: n = 11, EEP: n = 16) but there are more Tier 1 records in the 

EEP (n = 11) than the WTP (n = 3).  The majority of records in the WTP are Tier 3 (n = 8), suggesting the 

δ13C signal in this region is likely muted.  

Table 2. Western Tropical Pacific (WTP) and Eastern Equatorial Pacific (EEP) running mean and 

maximum δ13C anomaly statistics. Calculations for running mean and maximum δ13C anomalies are as 

described in Table 1. 
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  Running Mean Maximum 

Region Average (‰) Stdev n SE Average Stdev n SE 

WTP -0.30 0.17 11 0.05 -0.44 0.17 11 0.05 

EEP -0.31 0.16 16 0.04 -0.42 0.14 16 0.04 

 

ii. Atlantic Ocean 

The Atlantic Ocean has an average maximum δ13C anomaly of -0.51 ± 0.08‰ (1SE) and an 

average running mean anomaly of -0.35 ± 0.08‰ (1SE) (Table 1). The Atlantic possesses the largest 

range in δ13C signals, with an anomaly of -2.10‰ located in the Benguela upwelling region (Schneider et 

al., 1992) and the smallest anomaly of 0‰ located off the Iberian Peninsula (Abrantes et al., 1998) 

(Figure 8).  Several records in the Atlantic have periods of increasing and decreasing δ13C during the 

deglaciation (Table A2).  As none of these records are Tier 1, it is difficult to determine whether these 

records exhibit positive or negative anomalies during HS1. 

iii. Southern Ocean 

Cores located at latitudes higher than 40°S are influenced by upwelling of nutrient rich water 

from the abyss and therefore considered to be in the Southern Ocean (Figure 9). The Southern Ocean 

cores are all located north of the Polar Front (PF), spanning the latitude range from 40°S to 54°S.  The 

average Southern Ocean maximum and running mean δ13C anomalies are -0.42 ± 0.06‰ (1SE) and -0.30 

± 0.06‰ (1SE), respectively.  These results are within one standard deviation of the δ13C anomalies in 

other ocean basins (Table 1).  

iv. Indian Ocean 

The Indian Ocean δ13C signal is characterized by the smallest number of δ13C records (n = 2) of 

all the ocean basins (Figure 6), making it difficult to accurately assess the region. Nevertheless, the 

existing data yield a maximum average anomaly of -0.40 ± 0.15‰ (1SE) and an average running mean 
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anomaly is -0.28 ± 0.16‰ (1SE) (Table 1), similar to the results in the Atlantic, Pacific, and Southern 

Oceans. 

c) Deglacial SST Records 

i. Sub-Polar 

Among the three temperature regions, the largest rise in SST between the LGM and HS1 occurred 

in sub-polar latitudes, where two records suggest that SSTs increased by ~3.5°C (Figure 10C).  The North 

Atlantic record (51.9°N, 12.9°W) displays a 3.5 ± 2.3°C (1σ) rise in SST, while the SW Pacific record 

(45.5°S, 174.3°E) shows a SST rise of 3.6 ± 1.9°C (1σ) (Table 3).  Note that only one temperature record 

represents each of these regions and therefore the error is ± 1σ, not ± 1SE.  Because there is only one SST 

record in the North Atlantic and SW Pacific, it is difficult to assess whether these time series are 

representative of their respective regions.  Temperature differences from the North Atlantic and SW 

Pacific also exhibit the largest standard deviation amongst all the regions (Table 3) which is due to the 

large variability within each record (Figure 10C).  

Table 3. Regional average temperature rises between the LGM and HS1. The temperature rise for 

each region is calculated by subtracting averaged LGM temperatures (19-23 kyr BP) from averaged HS1 

temperatures (14.5-17.5 kyr BP). In cases where more than one record exists for a region, the calculated 

temperature rises are averaged.  

Region Temperature Rise (°C) Stdev n SE 

E. Pacific 1.2 0.8 4 0.4 

W. Pacific 1.3 0.8 5 0.3 

SW Pacific 3.6 1.9 1 - 

North Atlantic 3.5 2.3 1 - 

African Margin 0.5 0.7 1 - 

SW Atlantic 1.3 0.8 1 - 

SE Atlantic 0.4 1.3 1 - 

Indian Ocean 0.9 0.4 4 0.2 

 

ii. Sub-Tropical 
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The spatial coverage of subtropical SST records is also limited, characterized by two time series 

from the southeast and southwest Atlantic (Figure 10B).  The SE Atlantic record, which is located slightly 

south of the Benguela upwelling region (34.1°S, 17.3°E), shows an LGM to HS1 temperature rise of 0.4 ± 

1.3°C (1σ).  The error is more than double the temperature signal due to the noisiness of the data.  The 

SW Atlantic record, which is at a similar latitude (32.5°S, 50.2°W), shows a larger temperature signal of 

1.30 ± 0.80°C (1σ), but it has a poorly characterized LGM interval (Figure 10B).  Given the limitations of 

the records, we assume that temperatures warmed by approximately 1°C in the South Atlantic.   

iii. Tropical 

Time series of deglacial SSTs in the tropics are more robust than either the sub-polar or sub-

tropical regions because of the larger number of records available.  The estimated temperature signal for 

the tropical records are all within one standard deviation of one another (Table 3).  The average 

temperature signal in the WTP (1.3 ± 0.8°C, 1σ) is consistent with the average signal in the EEP (1.2 ± 

0.8°C, 1σ) (Figure 10A, Table 3).  Results from both regions are derived from multiple temperature 

records, implying the estimated SST rise for both regions is well constrained.  The stacked Indian Ocean 

temperature record shows a small LGM to HS1 temperature rise of 0.9 ± 0.4°C (1σ) (Figure 10A).  The 

northwest African Margin record (12.44°N, 18.04°W) presents an even smaller SST rise of 0.5 ± 0.7°C 

(1σ) (Figure 10A).  Local oceanographic effects may bias regions with rising SSTs represented by only 

one temperature record.  In the discussion section, we therefore place the most emphasis on the tropical 

records where the temperature trends are clear and replicated between multiple sites. 

iv.  HS1 Time Interval 

Sea surface temperature signals vary over the course of HS1, especially in regions represented by 

only a few records (Figure 10).  Using an average temperature spanning the entire HS1 interval may 

therefore not capture the full extent of the LGM to HS1 temperature signal. To assess the sensitivity of 

the signal to our choice of time interval, we estimated temperatures using two different time intervals: 
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14.5-15.5 kyr BP and 14.5-17.5 kyr BP.  The results of this exercise showed slightly larger temperature 

changes relative to the LGM for 14.5-15.5 kyr BP compared to 14.5-17.5 kyr BP.  In their respective 

regions the temperature signals were, however, within one standard deviation of one another, indicating 

the temperature signal is not strongly dependent on time interval.   

d) Potential Influence of Deglacial SST Rise on δ13C Anomalies 

Using the thermodynamic relationship of air-sea gas exchange and the regional SST signals, we 

estimated the maximum SST contribution to planktonic δ13C anomalies.  The largest temperature-

dependent δ13C effect occurs in the North Atlantic (-0.35 ± 0.23‰, 1σ) and SW Pacific (-0.36 ± 0.19‰, 

1σ) (Figure 11).  In the sub-tropics, the temperature-dependent signals are smaller, with an air-sea effect 

in the SE Atlantic and SW Atlantic of -0.04 ± 0.13‰ (1σ) and -0.13 ± 0.08‰ (1σ), respectively (Figure 

11).  In the tropics, rising temperatures decrease surface ocean δ13C by up to 0.13 ± 0.08‰ (1σ) and 0.12 

± 0.08‰ (1σ) for the WTP and EEP, respectively.  Temperature-induced δ13C signals are likely the 

smallest in the Indian Ocean (-0.09 ± 0.04‰, 1σ) and African Margin (-0.05 ± 0.07‰, 1σ).  Because it 

takes ~10 years for ocean and atmospheric δ13C to reach isotopic equilibration (Broecker and Peng, 

1974), we view these temperature-dependent results as a maximum effect on the δ13C anomalies.  

e) Species-based δ13C Minima 

 To investigate potential δ13C signal dependence attributed to the planktonic foraminiferal species, 

we averaged the maximum δ13C anomalies for each species. We find that in the surface mixed layer, 

symbiont bearing G. sacculifer and non-symbiont bearing G. bulloides have average δ13C anomalies of -

0.35 ± 0.03‰ (1SE) and -0.42 ± 0.05‰ (1SE), respectively.  The two symbiont bearing species 

characterizing the thermocline, N. dutertrei and G. menardii, have average minima of -0.46 ± 0.05‰ 

(1SE) and -0.75 ± 0.07‰ (1SE), respectively.  The non-symbiont bearing G. inflata, also representing 

thermocline δ13C, has an average of -0.44 ± 0.08‰ (1SE).  All of the averages are calculated from the 

maximum anomalies, excluding two apparent outliers from a G. bulloides record (-2.1‰) and a G. inflata 
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record (-1.4‰) (Schneider et al., 1992) that were driving their respective averages 0.1-0.2‰ larger in 

magnitude.  The larger magnitude of the G. menardii average is likely because only two records represent 

this species, one from the WTP and one from the EEP (Figure 7).  Nevertheless, with the exception of G. 

menardii, there is a general consistency between the different species and their average δ13C minima and 

there appears to be no signal bias dependent on algal symbionts (Figure 12).   

f) New Planktonic Stable Isotope Records 

Stable isotope results for GGC10 and GGC13 generated in this study are offset from the 

published results of Thunell et al. (1992) (here on T92) (Figure 13).  Although δ18O offsets of 0.3‰ are 

not uncommon between different laboratories (Hodell et al., 2003; Ostermann and Curry, 2000), we find 

mean δ18O offsets of -0.58 ± 0.07‰ (1SE) and -0.93 ± 0.08‰ (1SE) for GGC10 and GGC13, 

respectively.  δ13C results have smaller mean offsets of -0.48 ± 0.02‰ (1SE) for GGC10 and -0.53 ± 

0.03‰ (1SE) for GGC13.  These offsets may be due to different sample preparation methods including 

different G. sacculifer size fractions (i.e. T92 used 200-250 μm and this study used 300-355 μm) (Figure 

13) (Oppo and Fairbanks, 1989) and whether the foraminifera were crushed or left whole prior to 

acidification (Lund and Curry, 2006).  

For MW91-9-15, δ18O and δ13C offsets between Patrick and Thunell (1997) (here on PT97) and 

this study are considerably smaller than the GGC10 and GGC13 results (Figure 14).  The calculated mean 

δ18O offset of -0.22 ± 0.05‰ (1SE) is similar to offsets observed in earlier studies (Hodell et al., 2003; 

Ostermann and Curry, 2000).  The calculated mean δ13C offset is negligible (0.003 ± 0.037‰, 1SE), 

likely because the G. sacculifer size fraction used for stable isotope analysis was consistent between this 

study and PT97 (i.e. both used 300-355 μm size fraction). 

Overall, the δ18O offsets are of less concern than δ13C offsets because we only use δ18O as a 

stratigraphic tool in this study, whereas we use the δ13C records to calculate the sea surface anomalies.  

The δ13C offsets are too large in GGC10 and GGC13 and therefore prevent the merging of the new and 
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T92 records.  Instead, we use the new data to verify the anomalies determined from the T92 results, 

improving our overall confidence in the δ13C anomalies established from these cores.  Both new and T92 

δ13C results for GGC10 show a stable LGM from 19-23 kyr BP and a steady decrease in δ13C starting at 

~18 kyr BP and ending at ~15 kyr BP (Figure 13C).  At 15.5 kyr BP, a one-point spike in δ13C in the new 

GGC10 results may be the result of bioturbation (i.e. the data point at 15.5 kyr BP in both the δ13C and 

δ18O are similar to their respective LGM values).  Calculating the δ13C anomaly from the new δ13C results 

yields an anomaly of -0.35‰ (±0.09‰, 1σ), which is slightly less than the T92 δ13C anomaly of -0.43‰ 

(±0.09‰, 1σ).  Thus, despite the large mean offsets between laboratories, the δ13C anomalies are very 

similar.   

There is a larger disparity between the δ13C anomalies estimated from T92 and the new results for 

GGC13.  The T92 δ13C record has steady LGM values (±0.04‰, 1σ) and begins to decrease at ~19 kyr 

BP.  The new δ13C results show a slightly varied signal during the LGM (±0.14‰, 1σ), but δ13C values 

begin to decrease at ~19 kyr BP.  The T92 results reach a minimum in δ13C at 16.5 kyr BP (i.e. the middle 

of HS1) before continuing to decrease for the remainder of the deglaciation (Figure 13D).  Unlike the T92 

results, the new δ13C record does not continue to decrease after HS1 (Figure 13D).  Calculating the 

maximum anomaly for the new data yields a δ13C anomaly of -0.32‰ (±0.14‰, 1σ).  Compared to the 

T92 maximum δ13C anomaly of -0.68‰ (±0.04‰, 1σ), the new δ13C record produces an anomaly of 

roughly half of T92, likely as a result of the methodology.   

As mentioned in the methods section, the minimum δ13C value used to calculate the anomalies are 

selected between the ages of 12 to 18 kyr BP.  The T92 δ13C results show δ13C continuing to decrease 

after HS1, reaching ~0.7‰ at 12 kyr BP, which is the deglacial data point used to calculate the maximum 

anomaly of 0.68‰.  The new δ13C record reaches its minimum deglacial value at ~18 kyr BP, however 

(Figure 13D).  If we calculate the T92 anomaly specifically using the HS1 interval (14.5-17.5 kyr BP), it 

becomes -0.29‰ (±0.04‰, 1σ), a value much more comparable to the -0.32‰ anomaly estimated from 

the new data.  Because the patterns between the T92 and new δ13C records are comparable from the LGM 
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to HS1 and then diverge (Figure 13D), we are more confident in the T92 δ13C anomaly calculated from 

the 14.5-17.5 kyr BP time interval.  Thus, the choice of time window, at least in this case, impacts the 

overall magnitude of the δ13C signal. 

The new δ13C results for MW91-9-15 reveal a larger δ13C anomaly than the PT97 results, with a 

new maximum δ13C anomaly of -0.46‰ (±0.11‰, 1σ), compared to the δ13C anomaly of -0.23‰ 

(±0.08‰, 1σ) from PT97.  A new running mean anomaly of -0.23‰ (±0.11‰, 1σ) is also more negative 

than the PT97 running mean anomaly of -0.09‰ (±0.08‰, 1σ).  In the new δ13C record, multiple data 

points outline a continuous decrease in δ13C during HS1, allowing us to better identify the anomaly 

(Figure 14B).  Because the δ13C signal in the PT97 record is characterized by only one data point, the 

anomaly poorly characterized.  Compiling the two records results in a maximum anomaly of -0.40‰ 

(±0.10‰, 1σ) and a running mean anomaly of -0.22‰ (±0.10‰, 1σ).  Thus, with the improved 

resolution, MW91-9-15 has a more robust sampling size and therefore better captures the δ13C signal.   

4. Discussion 

The aim of this thesis project is to evaluate the biological pump and Southern Ocean hypotheses 

by assessing spatial patterns in the surface ocean δ13C minima.  We assess δ13C anomalies in the four 

main ocean basins: Atlantic, Pacific, Indian, and Southern Oceans, and in sub-regions including the North 

Atlantic, South Atlantic, eastern equatorial Pacific (EEP), and western tropical Pacific (WTP).  Each 

region is evaluated against the SL15 modeling results (Schmittner and Lund, 2015).  In addition, we use 

the EEP and WTP to compare the δ13C minima between an upwelling region and a convergence zone.  

Surface water δ13C anomalies of similar magnitude in multiple locations would support a biological pump 

mechanism.  Smaller anomalies in upwelling areas influenced by mode and intermediate waters would 

also be consistent with the biological pump hypothesis.  Larger δ13C anomalies in the Southern Ocean and 

other upwelling regions would support enhanced ventilation of a 13C-depleted abyssal water mass at the 

onset of the last deglaciation, thus supporting the Southern Ocean hypothesis. 
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Following the spatial analysis, additional discussion points are addressed.  We account for the 

effects of air-sea gas exchange caused by rising deglacial SST on the surface ocean δ13C minima and 

briefly discuss δ13C signal dependence based on the planktonic foraminiferal species type. We also 

discuss the stable isotope records from the WTP: GGC10, GGC13, and MW91-9-15.  The new planktonic 

δ18O and δ13C records are compared to the original records from T92 (Thunell et al., 1992) and PT97 

(Patrick and Thunell, 1997).  δ18O and δ13C offsets between the newly generated and the original records 

are evaluated and potential causes are discussed.  We then address the implications of data showing 

positive δ13C anomalies found at intermediate depths (~1 km) during HS1 and compare them to the SL15 

model results.  Finally, we conclude the discussion by outlining the future research necessary to assess the 

ultimate cause of the carbon isotope minima at the onset of the last deglaciation. 

a) Global Surface Ocean δ13C Anomaly 

The SL15 model results show a ~0.3‰ decrease in global sea surface δ13C due to the AMOC-

triggered weakening of the biological pump.  By comparison, the average maximum Tier 1 and Tier 2 

results show a ~0.5‰ decrease.  The most likely explanation for the ~0.2‰ discrepancy is the influence 

of rising deglacial SSTs on air-sea gas exchange.  In SL15, there is minimal change in mean surface 

ocean temperature, so weakening of the biological pump is the main driver of surface ocean δ13C signal.  

By comparison, temperature reconstructions suggest that SSTs rose by ~2°C on average from the LGM to 

HS1 (Shakun et al., 2012).  The estimated temperature rise from our compilation, however, only shows an 

average rise in temperature of ~1°C (Figure 11).  The Shakun et al. (2102) compilation may better capture 

the larger temperature signal in higher latitude regions, resulting in a larger estimated temperature rise.  

Air-sea gas exchange therefore could have increased the magnitude of the observed sea surface δ13C 

anomalies by 0.1-0.2‰, assuming complete equilibration (thermodynamic slope = -0.1‰ / °C).  

Accounting for temperature-dependent air-sea gas exchange reduces the global δ13C anomaly from -0.5‰ 

to -0.3‰ or -0.4‰, which is closer to the SL15 modeled global average.  Thus, air-sea gas exchange may 

account for the discrepancy between modeled and observed δ13C anomalies, suggesting that the observed 
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oceanic and atmospheric δ13C anomalies are due to a combination of biological pump and temperature 

effects.  It is unlikely that temperature is fully responsible for the discrepancy, however, because we 

would observe a positive anomaly in δ13C of the atmosphere upon reaching isotopic equilibrium, opposite 

of observations (Figure 1B).  Broad swaths of the Southern Ocean show positive or near zero anomalies 

as an outcome of the SL15 model (Figure 4), which are likely also contributing to the 0.2‰ discrepancy 

along with rising SSTs.   

b) Basin-scale Surface Ocean δ13C Minima 

The consistency of δ13C anomalies between ocean basins also favors a biological pump 

mechanism.  Ranging from -0.4‰ to -0.5‰, the average maximum δ13C anomalies are within 1SE of one 

another (Table 1).  Likewise, the slightly smaller running mean anomalies (~ -0.3‰) are also within 1SE 

of one another (Table 1).  The spatial pattern of decreasing surface ocean δ13C is generally consistent 

between the paleo-records and the SL15 modeling results. In the SL15 simulation, a weakened biological 

pump decreases the overall surface ocean δ13C by 0.2‰ to 0.5‰ in the Pacific, Indian, South Atlantic, 

and Southern Oceans (Figure 4).  The maximum average δ13C anomalies of -0.43 ± 0.03‰ (1SE), -0.40 ± 

0.15‰ (1SE), and -0.42 ± 0.06‰ (1SE) for the Pacific, Indian, and Southern oceans, respectively, fall 

within the range of the minima from the modeling results. The observed South Atlantic δ13C anomalies of 

-0.74 ± 0.19‰ (1σ) are higher than the modeling results, most likely driven by the large δ13C minima in 

the Benguela upwelling region (Figure 8).  Simulated positive δ13C anomalies in the North Atlantic and 

south of 60°S in the Southern Ocean (Figure 4) will be discussed in further detail below.  

i. North Atlantic 

The simulated δ13C signal in the North Atlantic is highly variable, with some regions showing 

negative anomalies and other regions positive values (Figure 4).  The complexity is due to the direct and 

indirect effects of a weakened AMOC.  Positive δ13C anomalies are due to reduced sinking of high δ13C 

surface water while negative anomalies are driven by a weakened biological pump.  The spatial 
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heterogeneity of the North Atlantic δ13C signal make it a non-ideal region to evaluate the biological pump 

hypothesis.  Additionally, the region is completely lacking in high-quality Tier 1 data (Figure 8).  Our 

discussion therefore focuses on the Southern, Pacific, South Atlantic, and Indian ocean basins where 

modeling results suggest the effect of the biological pump will be the most apparent (Schmittner and 

Lund, 2015).  

ii. Southern Ocean 

 The Southern Ocean hypothesis is based on the premise that enhanced upwelling transported 

isotopically light carbon from the abyss to the surface of the Southern Ocean, which was then advected to 

lower latitudes via AAIW and SAMW (Spero and Lea, 2002).  Because the light carbon would make first 

contact with surface waters in the Southern Ocean, the minima should be largest in this region.  The 

uniformity between the carbon isotope minima in the Southern Ocean and the other ocean basins is 

inconsistent with a southern origin, however.  Instead, the spatial averages suggest that Southern Ocean 

δ13C minima are similar to other ocean basins (Table 1).  An important caveat is that most of the 

constraints are from north of the Sub-Antarctic Front (SAF) and are therefore north of the region where 

deep upwelling occurs (i.e. south of the Polar Front) (Figure 9).  Nevertheless, deep upwelling results in 

high nutrient concentrations throughout the Southern Ocean, so we would expect to see some sign of 

unusually large δ13C anomalies, even at the latitudes of the available cores (40°S to 54°S).  Thus, the 

similar δ13C signal in the Southern Ocean and the other basins is more consistent with the biological 

pump hypothesis than the Southern Ocean hypothesis. 

Despite the limited data coverage in the Southern Ocean, we can use the available records to 

assess spatial gradients and their consistency with each hypothesis.  Because deep waters upwell south of 

the of the Polar Front, δ13C anomalies should be largest in this region and then become progressively 

smaller as the δ13C signal becomes altered by air-sea gas exchange or mixing with high δ13C surface 

waters at lower latitudes. With the exception of the large Tier 3 anomaly at ~45°S (-0.74 ± 0.19‰, 1σ), 

the Southern Ocean data show a general trend of increasing δ13C anomalies with decreasing latitude 
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(Figure 15).  A similar relationship emerges when plotting the Southern Ocean minima against the 

location of the subtropical Front (STF), with the generally larger δ13C anomalies north of the STF and 

smaller anomalies south of the front (Figure 16). This pattern is the opposite of what we would predict if 

the low δ13C signal was advected northward from ~60ºS and is therefore inconsistent with the Southern 

Ocean hypothesis.  

The pattern of increasing δ13C minima with decreasing latitude in the Southern Ocean is in 

agreement with the biological pump hypothesis.  In the SL15 modeling results, positive surface ocean 

δ13C anomalies south of ~60°S result from the upwelling of anomalously heavy carbon from intermediate 

depths.  Positive δ13C anomalies at intermediate depths are the outcome of reduced export of isotopically 

light organic carbon from the low latitude surface ocean.  Upwelling of intermediate-depth water in the 

Southern Ocean therefore causes higher surface ocean δ13C values, resulting in positive δ13C anomalies 

south of 60°S (Figure 4).  North of 60°S, the anomalies reverse sign and become progressively more 

negative until reaching a plateau of -0.4‰ at approximately 40°S (Figure 4).  Our compilation shows a 

similar pattern, with the most negative anomalies generally occurring north of 45°S (Figure 15).  The 

primary exception to the trend is the core at 45°S (in the Indian sector of the Southern Ocean) where the 

δ13C anomaly is large relative to results from the same latitude range (Figure 15).  Given the low quality 

of this record (a Tier 3 time series with average sampling resolution of 3 kyr) and the general paucity of 

data from the Southern Ocean, it is unclear whether this result is a one-point outlier or it is indicative of a 

very large δ13C signal in this region.  Temperature is unlikely to explain the δ13C trend because the largest 

deglacial SST rise occurred at 45°S and the smallest at 34°S (Table A3), the opposite requirement to 

account for the latitudinal trend.  Taking all of the available data into consideration, it appears that the 

meridional trend in δ13C anomalies is consistent with the biological pump hypothesis.  

iii. Tropical Pacific 

The eastern equatorial Pacific (EEP) and western tropical Pacific (WTP) are useful locations to 

reconstruct δ13C signals because the EEP is an upwelling-dominated regime while the WTP is primarily 
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characterized by Ekman convergence. The large number of cores in each region, including many Tier 1 

records, means the δ13C minima in these locations are well characterized.  WTP and EEP average 

maximum δ13C anomalies, as well as the average running mean anomalies, are within 1SE of one another 

(Table 2), implying the carbon isotope minima are uniform across the tropical Pacific.  This is a 

surprising result given that the EEP is dominantly an upwelling regime with cold SSTs and a thin 

thermocline, while the WTP is a convergence zone with a thick thermocline and high SSTs.  According to 

the Southern Ocean hypothesis, the δ13C anomalies should be larger in regions where upwelling of 

intermediate and mode waters occurs, like the EEP (Spero and Lea, 2002).  The homogenous δ13C signals 

between these different oceanographic regimes therefore appear to be inconsistent with the Southern 

Ocean hypothesis. 

Multiple temperature records characterize deglacial SSTs in both the WTP (n = 5) and EEP (n = 

4).  From the LGM to HS1, SST increased ~1°C in both the WTP and EEP (Figure 10A, Table 3), 

suggesting rising temperatures contributed a maximum of ~ -0.1‰ to the δ13C anomalies (Figure 11).  

Accounting for the effect of air-sea gas exchange results in δ13C minima of -0.3‰ in both the WTP and 

EEP.  Given the consistent temperature signals, SSTs cannot be invoked to explain the lack of larger δ13C 

minima in the EEP.   

In contrast to the Southern Ocean hypothesis, one of the predications of the biological pump 

hypothesis is that sea surface δ13C anomalies in the EEP should be smaller than in the WTP.  This is 

because intermediate and mode water depths in the SL15 simulations display positive δ13C anomalies in 

response to reduced export of light carbon from the surface ocean (Figure 4).  As a result, the surface 

ocean δ13C signal in the EEP is muted by mixing with relatively high δ13C water upwelled from below.  

Simulated δ13C anomalies in the EEP average -0.2‰, compared to anomalies of -0.3‰ to -0.6‰ in the 

WTP (Schmittner and Lund, 2015).  As previously noted, there is not a significant difference in the 

observed δ13C minima between the EEP and WTP, which is at odds with the model results.  However, the 

magnitude of the δ13C minima in the WTP may be artificially low due to the prevalence of low resolution 
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records in this region.  Of the 11 total records in the WTP, eight are Tier 3 and three are Tier 1.  In the 

EEP, which has 16 total records, eleven are Tier 1 and five are Tier 2.  On average, we find that Tier 3 

records yield δ13C anomalies that are 0.2-0.3‰ smaller than Tier 1 results (Figure 5).  If we take this bias 

into account, the WTP signal would be 0.2-0.3‰ larger than in the EEP.  Thus, the lack of contrast 

between the WTP and EEP signals may be due to an inherent bias in the quality of time series from the 

WTP.  Averaging only the Tier 1 records for both the EEP and WTP results in δ13C anomalies of -0.41 ± 

0.05‰ (1SE, n = 11) and -0.49 ± 0.1‰ (1SE, n = 4), respectively.  Although the average Tier 1 anomaly 

is slightly larger in the WTP, the averages are still within 1SE of one another.  At this stage, we are 

limited to pointing out that correcting the bias in WTP records would tend to make zonal gradient in 

anomalies consistent with the pattern expected from the biological pump hypothesis. 

iv. South Atlantic 

 The average anomaly in the South Atlantic is larger than simulated in SL15.  The compiled δ13C 

records have an average maximum anomaly of -0.74 ± 0.19‰ (1SE) and an average running mean 

anomaly of -0.55 ± 0.18‰ (1SE), while the model results only show a decrease of 0.2‰ to 0.5‰ in 

surface ocean δ13C.  The larger average from the δ13C records is driven by one sediment core 

(GEOB1023-5) that has two very large δ13C anomalies, one from a G. bulloides record (-2.1‰) and the 

other from a G. inflata record (-1.4‰) (Figure 8) (Schneider et al., 1992).  Because GEOB1023-5 is 

located in the Benguela upwelling region these records appear to be consistent with the Southern Ocean 

hypothesis prediction of larger δ13C anomalies in upwelling regimes.  The one available temperature 

record from the SE Atlantic shows a SST rise of 0.4°C (Figure 10B, Table 3), implying temperature 

dependent air-sea gas exchange would only account for -0.04‰ of these larger minima.  The SE Atlantic 

temperature record (34.1°S, 17.34°E) is ~4° south of the southern edge of the Benguela upwelling regime 

(Figure 8), however, indicating that this record is not appropriate for gauging SSTs further north. Given 

that the GEOB1023-5 δ13C anomalies are far larger than any other documented signal in the published 

literature, we speculate they may reflect locally enhanced upwelling of light carbon during HS1, rather 
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than a significant change in endmember δ13C emanating from the Southern Ocean.  Indeed, a nearby core 

located near the center of the Benguela upwelling region has a smaller δ13C anomaly of -0.6‰ (V19-258) 

(Figure 8).  Thus, the two larger minima from GEOB1023-5 are outliers that are potentially recording 

other influences on surface water δ13C in that area.  Excluding the two large δ13C anomalies from 

GEOB1023-5, the maximum and running mean average δ13C minima in the South Atlantic become -0.49 

± 0.08‰ (1SE) and -0.30 ± 0.07‰ (1SE), respectively, and are more comparable to the SL15 results. 

v. Indian Ocean 

 The Indian Ocean represents the smallest average δ13C minima of all the regions, with a 

maximum of -0.40 ± 0.15‰ (1SE) and a running mean of -0.28 ± 0.16‰ (1SE).  The smaller averages 

and large standard errors are due to the lack of δ13C records from the Indian Ocean (n = 2) (Figure 6, 

Table 1).  Four temperature records depict the SST rise in the Indian Ocean, however (Table 3).  The 

estimated deglacial SST rise for the Indian Ocean is ~1°C (Figure 10A, Table 3), indicating increasing 

temperatures can account for up to -0.1‰ of the δ13C signal in the region (Figure 11).  Because two of the 

Mg/Ca records are generated from the same core as one of the δ13C records (WIND28K; Table A3 and 

A7), -0.1‰ is a reasonable estimate for this location.  Nevertheless, it is clear that rising SSTs cannot 

account for the full δ13C signal in the Indian Ocean.   

c) Rising Deglacial SSTs 

Although increasing surface temperatures yield lower surface ocean δ13C through air-sea gas 

exchange, rising SSTs cannot account for the full magnitude of the δ13C minima. The residence time of a 

water mass in the surface ocean is generally less than that required to reach isotopic equilibrium (~10 

years) (Broecker and Peng, 1974; Broecker and Maier-Reimer, 1992).  Our regional temperature results 

should therefore be considered a maximum effect of air-sea gas exchange on the δ13C anomalies.  Given 

the typical LGM to HS1 SST change of ~1°C (Table 3) the temperature effect would be approximately -

0.1‰ in well equilibrated regions (thermodynamic slope = -0.1‰ / °C) (Figure 11).  As the average 
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maximum anomaly in each region is -0.4‰ or larger (Table 1), rising SST cannot be responsible for the 

full surface ocean δ13C signal.  Furthermore, if increasing temperatures were the sole driver of the surface 

ocean δ13C anomalies, we would see a positive δ13C anomaly in the atmosphere during HS1 resulting 

from the isotopic equilibration between oceanic and atmospheric δ13C, which is opposite the pattern 

observed in ice cores (Figure 1B).  Thus, temperature likely plays a role in the δ13C signals, but it is 

secondary to other effects.  

d) Species-based δ13C Minima 

 Averaging the maximum δ13C anomalies for each planktonic foraminiferal species allows us to 

investigate potential signal dependence based on the species used for carbon isotope analysis.  For the 

surface mixed layer symbiont bearing G. sacculifer and non-symbiont bearing G. bulloides have average 

δ13C anomalies of -0.35 ± 0.03‰ (1SE) and -0.42 ± 0.05‰ (1SE), respectively.  The two symbiont 

bearing species characterizing the thermocline, N. dutertrei and G. menardii, have average minima of -

0.46 ± 0.05‰ (1SE) and -0.75 ± 0.07‰ (1SE), respectively.  The non-symbiont bearing G. inflata, also 

representing thermocline δ13C, has an average of -0.44 ± 0.08‰ (1SE).  Overall, there is a general 

consistency between the different species and their average δ13C minima with the exception of G. 

menardii, which has an average anomaly of ~0.3‰ larger than the other species (Figure 12).  Because G. 

menardii is represented by only two records, one located in the WTP, a convergence zone, and the other 

in the EEP upwelling regime (Figure 7), it is unlikely the large anomalies are due to the character of the 

oceanographic location.  Both G. menardii anomalies are accompanied by smaller G. sacculifer anomalies 

estimated from the same respective cores (Figure 7), implying those specific locations are not 

characterized by larger minima, leading us to believe the larger G. menardii anomaly is due to the lack of 

records or an issue with the species ability to accurately record δ13C of DIC.  There appears to be no 

signal bias in whether or not a species possesses algal symbionts (Figure 12).  With the exception of G. 

menardii, we find no signal dependence based on the planktonic foraminiferal species used in this δ13C 
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compilation, suggesting that vital effects are not a primary control on δ13C anomalies during the last 

deglaciation. 

e) New Planktonic Stable Isotope Records 

i. δ13C and δ18O Offsets 

 Planktonic δ13C results in the western tropical Pacific (WTP) highlight the need to use a 

consistent size fraction when conducting stable isotope analyses on foraminifera.  To review, in core 

GGC10, the mean δ13C offset between 200-250 μm (T92) and 300-355 μm (this work) size fractions of G. 

sacculifer is -0.48‰ (Figure 13C).  Similarly, GGC13 has an offset of -0.53‰ (Figure 13D).  Oppo and 

Fairbanks (1989) found that G. sacculifer δ13C increases with increasing shell size, with offsets in δ13C of 

up to ~0.5‰ amongst neighboring 50 μm-increment size fractions.  The magnitude of the δ13C offsets is 

comparable to those in GGC10 and GGC13, suggesting that size fraction is the primary factor controlling 

mean offsets in δ13C for these cores. The size-δ13C relationship is likely due to growth under different 

light levels resulting from changes in the symbiont photosynthetic rate (Spero and Lea, 1993), suggesting 

that larger G. sacculifer are enriched in 13C and grow in a shallower, high light environment.  High light 

conditions would increase the symbiont photosynthetic rate, rendering the water immediately surrounding 

the foraminifera depleted in 12C, therefore increasing the δ13C of DIC used to secrete calcite (Spero and 

Lea, 1993).  Applying this logic to our results suggests the 300-355 μm G. sacculifer had a shallower 

depth habitat than the 200-250 μm size fraction. 

 We can also use the δ18O results to assess whether the different size fractions of G. sacculifer 

secrete calcite at different water depths.  The mean δ18O offsets between the 200-250 μm and 300-355 μm 

size fractions are -0.6‰ and -0.9‰ for GGC10 and GGC13, respectively (Figure 13A, B).  δ18Ocalcite 

generally increases with depth due to decreasing temperature and increasing salinity (Spero et al., 2003).  

We constructed a depth profile of δ18Ocalcite using local estimates of δ18Oseawater and temperature, where the 

δ18Oseawater was determined using modern salinity and δ18Oseawater data from 0-100 m in the WTP (23°S-
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23°N, 110°E-170°W) (Schmidt et al., 1999).  A vertical temperature profile near the GGC10 and GGC13 

core sites (World Ocean Atlas 2001, 11.5°N, 118.5°E) and the G. sacculifer paleothermometry equation 

from Spero et al. (2003) was then used to estimate δ18Ocalcite (Figure 17).  We estimate that δ18Ocalcite 

ranges from -2.8‰ at 30 m to -1.5‰ at 100 m, which spans the depth range over which G. sacculifer 

calcifies (30-80 m) (Sagawa et al., 2012).  Because our δ13C results imply a shallower depth habitat for 

the larger size fraction, we expect δ18O to be more negative for the 300-355 μm than the 200-250 μm size 

fraction.  However, our results show the opposite (Figure 13A, B), suggesting the mean δ18O offsets are 

not due to depth habitat.  This may in part be an artifact of using modern values for the salinity, δ18Owater, 

and temperature profiles.  Using modern data may have led us to believe G. sacculifer calcified in the 

δ18Ocalcite gradient, when it is possible that during HS1 and the LGM the δ18Ocalcite gradient deepened, 

leaving G. sacculifer to calcify in waters where the δ18Ocalcite is constant with depth.  Therefore, the 

observed δ18O offsets are unlikely due to depth habitat, but likely result from other problems. 

The δ18O offsets the two between G. sacculifer size fractions may be driven by a combination of 

issues.  Elderfield et al. (2002) found a slight increase in G. sacculifer δ18O (~0.2‰) between the 212-250 

μm and 300-355 μm size fractions.  However, the difference in δ18O between size fractions cannot 

account for the full δ18O offsets found in GGC10 and GGC13.  In combination with the δ18O offsets that 

are frequently observed between laboratories (~0.3‰) (Hodell et al., 2003; Ostermann and Curry, 2000), 

it may be possible to account for the difference in mean δ18O values for GGC10 (~ -0.6‰).  The larger 

mean δ18O offset of ~0.9‰ in GGC13 appears to be driven by a one-point outlier in the T92 record at 27 

kyr BP (Figure 13B).  The corresponding data point in the δ13C record (Figure 13D) suggests it was likely 

due to bioturbation.  After removing the outlier from the δ18O record, the new mean offset is 0.77 ± 

0.06‰ (1SE), which still appears to be too large to account for with size fraction and/or laboratory-based 

uncertainties.  Isolating the ultimate reason for the differences would require running the same size 

fraction of the same species in different laboratories.  Given that we use the relative change in δ18O 

through time to construct the isotope stratigraphy and age models for each core, such an exercise is not 
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essential for this project.  Nevertheless, the finding of large δ18O differences between labs is relevant for 

studies that use δ18O as a water mass tracer (e.g. Lund et al., 2011; Adkins, 2013) and should be resolved 

to facilitate integration of δ18O data from multiple labs.  

Although the δ13C offsets between the published and new results preclude us from combining the 

records into a single time series, the overall pattern within each dataset helps bolster our confidence in 

compiling δ13C anomalies (Figure 13).  The GGC10 results show similar maximum δ13C anomalies for 

the 200-250 μm and 300-355 μm size fractions of -0.43 ± 0.09‰ (1σ) and -0.35 ± 0.09‰ (1σ), 

respectively.  However, for GGC13, the 200-250 μm anomaly (-0.68 ± 0.04‰, 1σ) is double that for 300-

355 μm (-0.32 ± 0.14‰, 1σ), suggesting that the magnitude of the δ13C anomaly is entirely due to size 

fraction.  As previously discussed in the results section, using a smaller deglacial window of 14.5-17.5 

kyr BP (i.e. the HS1 time period) instead of 12-18 kyr BP, the maximum 200-250 μm anomaly becomes -

0.29 ± 0.04‰ (1σ), which is within 1SE of the 300-355 μm anomaly of -0.32 ± 0.14‰ (1σ).  By using a 

narrower time window, the large decrease in δ13C after HS1 for the 200-250 μm size fraction is excluded, 

bringing the results into better agreement.  This result suggests that deglacial anomalies in general may be 

sensitive to the choice of time window, which we will address in the next section.  Our results suggest 

that regardless of mean offsets between size fractions, the magnitude of anomalies is generally very 

similar, consistent with earlier work showing that planktonic δ13C records yield similar overall 

stratigraphies regardless of size fraction (Oppo and Fairbanks, 1989).  Thus, compiling anomalies from 

various δ13C records should yield reliable estimates of the overall change in surface ocean δ13C of DIC 

during the deglaciation.  

ii. MW91-9-15 

 In addition to cores GGC10 and GGC13, we re-sampled core MW91-9-15 from the western 

tropical Pacific (WTP) to improve its overall temporal resolution to > 1 sample per kyr.  In doing so, the 

core moved from the Tier 3 to Tier 1 category because it already had radiocarbon dates.  Unlike cores 

GGC10 and GGC13, however, we used the same size fraction so the results can be more easily integrated. 
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Combining the two records increases the sampling resolution to 1.2 samples per kyr, resulting in a new 

maximum anomaly of -0.40‰, which is double that of the original from PT97 (-0.23‰) (Patrick and 

Thunell, 1997).  The MW91-9-15 δ13C results are consistent with the general pattern that Tier 3 δ13C 

anomalies are typically ~0.2‰ less than Tier 1 anomalies (Figure 5), reinforcing the notion that the WTP 

mean δ13C anomaly is potentially muted due to the dominance of Tier 3 records in this region.  Enhancing 

the sampling resolution of Tier 3 records should be a priority for future studies to ensure that the full 

amplitude of δ13C anomalies is captured. 

f) Influence of Deglacial Time Window 

The δ13C results for GGC13 demonstrate that the choice of time frame can influence the 

magnitude of δ13C anomalies, at least for an individual core.  To reiterate, using a smaller deglacial 

timeframe for GGC13, the δ13C anomaly for the 200-250 μm size fraction was reduced by a factor of two, 

bringing it into reasonable agreement with the 300-355 μm results.  We find the GGC13 results to be an 

exception rather than a rule, however.  Recalculating Tier 1 and 2 δ13C minima using a 14-18 kyr BP 

interval, we find virtually no difference in the mean anomalies between the smaller and larger time 

periods for both tiers.  Tier 1 minima calculated from the HS1 time interval (14-18 kyr BP) are identical 

to the 12-18 kyr BP anomalies with averages of -0.58 ± 0.10‰ (1SE) and -0.47 ± 0.09‰ (1SE) for the 

maximum and running mean, respectively (Figure 5).  Thus, differences in the average Tier 1 δ13C 

anomalies between the two time intervals are negligible.  Tier 2 maximum and running mean anomalies 

are 0.06‰ and 0.03‰ smaller using 14-18 kyr BP period, respectively, but are within 1SE of the values 

calculated from the 12-18 kyr BP time frame.  These results suggest that the GGC13 record is anomalous 

and will have a minimal influence on our overall results so long as it is averaged with results from 

multiple cores from the same region, as we do here. 

g) Intermediate Depth, Positive δ13C Anomalies 
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Several locations display positive δ13C anomalies at intermediate depths (~1 km) during HS1, in 

addition to negative anomalies in the surface ocean (Hertzberg et al., submitted).  As with the surface 

ocean anomalies, the results at intermediate depths are generally consistent with the SL15 simulation 

(Figure 4).  The net effect of the opposing trends in the surface ocean and intermediate depth records is a 

reduced upper ocean vertical δ13C gradient (Figure 18).  Such a pattern makes sense because weakening 

of the biological pump decreases organic carbon export from the surface ocean, driving negative 

anomalies in the surface ocean and positive anomalies at intermediate depths.  

Isotopic results from the Brazil Margin provide a clear example of convergence between δ13C in 

surface and intermediate waters.  During the LGM, the vertical gradient (∆δ13C), or the difference 

between planktonic and benthic δ13C records, at the Brazil Margin was ~1.3‰ (Figure 18A).  ∆δ13C 

decreased to ~0.4‰ during HS1, reflecting an overall 0.9‰ reduction in the vertical gradient (Figure 

18A).  δ13C records from the SW Pacific (Bostock et al., 2004) and the Southern Ocean (Pahnke and 

Zahn, 2005) are consistent with the Brazil Margin showing a 0.9‰ decrease in ∆δ13C during HS1 (Figure 

18).  In the EEP a smaller reduction in the vertical gradient of 0.6‰ is likely due to the cores location in 

an upwelling regime (Hertzberg et al., submitted).  The decrease in ∆δ13C at multiple locations is 

consistent with the modeling results from SL15, which show reductions in the vertical gradient of 0.6‰ 

to 0.8‰ (Figure 4).  The decline in the vertical gradient during HS1, shown by observations and model 

results, is consistent with reduced productivity and export production, thus supporting the biological 

pump hypothesis.  It is also important to note that positive δ13C anomalies at multiple intermediate depth 

sites are inconsistent with the Southern Ocean hypothesis.  The benthic δ13C records, which monitor 

changes in AAIW, increased by ~0.4‰ at each site during HS1 (Figure 18) (Hertzberg et al., submitted).  

This pattern is the opposite of what we would expect if the light isotopic signal originated from the 

Southern Ocean and was then advected to lower latitudes via mode and intermediate waters.    

h) Key Next Steps 

i. Increasing Tier 3 Resolution 
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In order to fully capture the deglacial δ13C anomaly, it is necessary to increase the Tier 3 

sampling resolution to > 1 data point per kyr.  A key result of this study is that the Tier 3 anomalies are 

generally 0.2‰ smaller than the Tier 1 and Tier 2 anomalies, indicating that time series resolution is a 

primary control on estimating signal magnitude.  Additionally, by enhancing the resolution of MW91-9-

15, we showed that the anomaly increased by ~0.2‰, similar to pattern in the broader data compilation.  

As such, Tier 3 anomalies are likely misleading and should each be viewed as a minimum δ13C signal.  As 

it is unlikely we can enhance the resolution of all Tier 3 records, future work should focus on the western 

tropical Pacific (WTP) because of the large number of Tier 3 records located in the region.  Additionally, 

the WTP is an area of importance for differentiating between the biological pump and Southern Ocean 

hypotheses.  As revealed by the δ13C offsets in the GGC10 and GGC13 results, the size fraction of the 

original δ13C records should be used when increasing the resolution of Tier 3 records. 

ii. Enhancing Age Models with Radiocarbon Dates 

In order to better assess the δ13C minima, all records should have age models based on 

radiocarbon dates to definitively define HS1 in each record.  The more Tier 1 records established, the 

more confident we will be in the timing and magnitude of each anomaly, allowing a more accurate 

assessment of the carbon isotope minima, and thus the ultimate driver of rising atmospheric CO2 on 

glacial terminations.  

iii. Southern Ocean δ13C Meridional Transect 

Acquiring additional δ13C records from locations south of 60°S would allow us to determine 

whether positive δ13C minima occurred at the higher latitudes in the Southern Ocean. Specifically, 

evaluating a meridional transect from 40°S to 65°S would provide insight on whether the observed 

minima are consistent with the SL15 simulation.  According to the SL15 model results, δ13C anomalies 

become progressively smaller from ~40°S to ~50°S and then become positive south of approximately 
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60°S (Figure 4).  A detailed meridional transect from 40°S to 65°S would therefore provide an 

opportunity to more definitively test the model predictions.    

iv. A More Robust Compilation of Temperature Records 

In order to conduct a full analysis on the effect of deglacial SST rise on the δ13C minima, a more 

robust compilation of high quality temperature records is required.  Currently, the temperature records are 

too sparse to accurately capture regional SST rises in regions other than the western tropical Pacific and 

eastern equatorial Pacific.  Temperature records from the South Atlantic, North Atlantic, and in the 

Southern Ocean would be of particular interest, as those areas generally lack a desirable number of 

records for a comprehensive analysis.  Another option would be to preform Mg/Ca-SST analyses on the 

same cores as the δ13C records as a more precise indicator of the effect of air-sea gas exchange on surface 

ocean δ13C.  This second option would allow us to directly observe the maximum contribution rising SST 

had on each δ13C anomaly during HS1. 

5. Conclusion 

 The results presented in this thesis include a global compilation of 70 planktonic δ13C records and 

new stable isotope records for three records from the western tropical Pacific (WTP).  The global Tier 1 

stack shows a clear decrease in surface ocean δ13C of ~0.5‰.  We find a general consistency in the 

average δ13C minima for each ocean basin for both maximum and running mean anomalies.  Additionally, 

our results suggest that rising temperatures during the deglaciation cannot account for the full magnitude 

of the minima in each basin.  The average δ13C anomalies for the WTP and eastern equatorial Pacific 

(EEP) are similar and rising SST does not change the relative minima between the two regions.  By 

categorizing the δ13C records into tiers, we find that Tier 1 and Tier 2 δ13C minima are ~0.2‰ larger than 

Tier 3 anomalies, illustrating the need to increase the resolution of the Tier 3 δ13C records.  The δ13C 

offsets found between the 200-250 μm and 300-355 μm size fractions of G. sacculifer for GGC10 and 

GGC13 illuminate the issues with using different size fractions when analyzing carbon isotopes in 
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foraminifera.  Nevertheless, the consistency in the magnitude of δ13C minima calculated from the two size 

fractions bolsters our confidence in compiling anomalies from various sources.  Increasing the sampling 

resolution for MW91-9-15, which moved this record from Tier 3 to Tier 1, increased the magnitude of the 

δ13C anomaly by ~0.2‰, similar to the improvement expected from the global database.    

 Overall, our results are generally inconsistent with the Southern Ocean hypothesis.  One 

prediction of this is hypothesis is that there should be larger δ13C anomalies in the Southern Ocean and in 

regions of with AAIW and SAMW upwelling.  Similar average δ13C minima between the Southern Ocean 

and other ocean basins is inconsistent with this prediction.  The uniformity between the anomalies in the 

WTP and the EEP is also inconsistent with the Southern Ocean hypothesis, as we would expect to find 

larger minima in the EEP, a dominant upwelling region, compared to the WTP convergence zone.  

Furthermore, the latitudinal trend of decreasing δ13C anomalies towards higher latitudes in the Southern 

Ocean is opposite that expected due to upwelling of a 13C-depleted abyssal water mass south of the Polar 

Front.  Finally, the explanation of the light isotopic signal carried by AAIW is conflicting with data 

showing positive anomalies at intermediate depths in several different regions of the ocean.  Thus, the 

wide range of inconsistencies between our results and the Southern Ocean hypothesis suggests another 

mechanism is required to explain the deglacial carbon isotope minima. 

 The results of our spatial analysis of δ13C minima are generally in agreement with the biological 

pump hypothesis.  Similar δ13C minima amongst ocean basins are in agreement with the SL15 model 

results.  The ~0.2‰ discrepancy between the observed global δ13C signal and model results is likely due 

to a combination of rising SSTs during the deglaciation and positive Southern Ocean anomalies simulated 

in the SL15 model.  The uniformity of δ13C minima between the WTP and EEP appears to be inconsistent 

with the biological pump hypothesis.  A reduced efficiency of the biological pump should result in 

smaller minima in the EEP due to upwelling of relatively high δ13C intermediate waters during HS1.  The 

dominance of Tier 3 records in the WTP, however, may mask a larger δ13C signal in this region compared 

to the Tier 1 dominated EEP.  The latitudinal trend in Southern Ocean δ13C minima agrees with the SL15 
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results of progressively larger anomalies north of 60°S.  A weaker upper ocean δ13C gradient during HS1 

also supports the biological pump mechanism of reduced export of light carbon from the surface ocean to 

intermediate depths.  The broad consistency between our findings and the SL15 model results suggests a 

weakened biological pump is the more likely explanation of the deglacial carbon isotope minima, and 

therefore the initial rise in CO2 at the onset of the last deglaciation. 

In order to further test the biological pump hypothesis, it is necessary to increase the resolution of 

Tier 3 records in the WTP for a more accurate comparison between minima in the EEP and WTP.  

Upgrading Tier 2 and Tier 3 age models from δ18O stratigraphies to radiocarbon would help to 

definitively outline the HS1 time interval in each record.  A meridional transect from 40°S-65°S is 

necessary to more accurately determine whether the latitudinal trend in the Southern Ocean is robust, and 

would specifically establish if positive δ13C anomalies occurred at latitudes higher than 60°S.  If future 

work can confirm the initial results presented in this thesis, it would suggest that the carbon isotope 

minima and rising atmospheric CO2 during glacial terminations is triggered by AMOC-driven weakening 

of the biological pump, counter to conventional wisdom that terminations are initiated by upwelling of 

isotopically light carbon in the Southern Ocean. 
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APPENDIX 

FIGURES 

 

Figure 1. Carbon cycle proxies for the last deglaciation. A, concentration of atmospheric CO2 (yellow 

markers, black line is a three-point running mean) from Taylor Glacier, Antarctica spanning the Last 

Glacial Maximum (LGM) through the deglaciation (Bauska et al., 2016). B, δ13C of atmospheric CO2 (red 

markers, black line is a three-point running mean) (Bauska et al., 2016). C, global stack of 21 planktonic 

δ13C records ±1 SE (light blue area) (Tier 1, see methods) interpolated to a 600-yr resolution and averaged 

(this study). The shaded gray area represents Heinrich Stadial 1 (HS1: 14.5-17.5 kyr BP). 
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Figure 2. Relationship between δ13C of dissolved inorganic carbon (DIC) (blue) and phosphate 

(black) at GEOSECS station 213B in the North Pacific (30.97°N, 168.47°W). The biological pump is 

the primary influence on ocean δ13C of DIC. Photosynthesis in the surface ocean and respiration of 

organic matter at depth produces an inverse relationship between δ13C of DIC and PO4. 
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Figure 3. Relationship between fraction of preformed PO4 and atmospheric CO2. Simple theory and 

model results suggest the fraction of preformed PO4 (i.e. PO4 unused by photosynthesis) in the ocean is an 

indicator of the efficiency of the biological pump (Ito and Follows, 2005; Schmittner and Lund, 2015).  

North Atlantic Deep Water (NADW) has low preformed PO4 and therefore represents efficient 

sequestration of CO2 in the ocean via the biological pump. Antarctic Bottom Water (AABW) has a higher 

fraction of preformed PO4, and represents a lost opportunity for biological productivity to sequester CO2 

in the abyss (after Ito and Follows, 2005). 

 

 

Figure 4. Modeled δ13CDIC anomalies due to a reduction in the Atlantic Meridional Overturning 

Circulation (AMOC).  Plots show the δ13C difference between preindustrial initial conditions and a 

collapsed AMOC state.  Deep Atlantic anomalies are a direct consequence of the AMOC reduction while 

surface anomalies in the S. Atlantic, Indian, and Pacific are a result of a weakened biological pump. Note 

that positive anomalies at intermediate depths in the S. Atlantic, Indian, and Pacific Oceans are due to less 

export of organic carbon from surface waters. Model results from Schmittner and Lund (2015). 
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Figure 5. Global δ13C anomalies averaged by tier. Maximum anomalies (red) represent the difference 

between averaged LGM δ13C (19-23 kyr BP) and the lowest δ13C value during the deglaciation (12-18 kyr 

BP). Running mean anomalies are calculated using a 3-point running mean. The running mean anomalies 

represent the difference between averaged LGM δ13C (19-23 kyr BP) and the minimum δ13C value of the 

3-point running mean during the deglaciation (12-18 kyr BP). The error bars signify one standard error 

(1SE). Note that both Tier 1 and Tier 2 maximum and running mean anomalies are within one standard 

error of one another. 

 

 
Figure 6. Core location for planktonic δ13C records. Markers are superimposed on mean annual sea 

surface phosphate concentrations (μmol/l) from the World Ocean Atlas, 2001 (WOA01). Records are 

categorized into three tiers depending on the quality of the data, with Tier 1 representing the highest 

quality (see methods section for details). Map generated using ODV (https://odv.awi.de/). 

https://odv.awi.de/
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Figure 7. Western and eastern tropical Pacific maximum deglacial δ13C anomalies. Anomalies are 

superimposed on annual sea surface phosphate concentrations (μmol/l) from the World Ocean Atlas, 2001 

(WOA01). Maximum anomalies represent the difference between average LGM δ13C (19-23 kyr BP) and 

the lowest δ13C value during the deglaciation (12-18 kyr BP). Planktonic δ13C records are categorized into 

three tiers depending on record quaility, with Tier 1 representing the highest quality data (see methods for 

details).  Letters correspond to species of planktonic foraminifera: G. sacculifer (s), N. dutertrei (d), G. 

menardii (m), G. inflata (i), and G. bulloides (b). Map generated using ODV (https://odv.awi.de/).

https://odv.awi.de/
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Figure 8. Atlantic maximum deglacial δ13C anomalies. Plotting convention as described in Figure 7. 
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Figure 9. Southern Ocean maximum deglacial δ13C anomalies. Plotting convention as described in 

Figure 7. The Southern Ocean fronts are as follows: Polar Front (PF), Subantarctic Front (SAF), and 

Subtropical Front (STF). Front data are from the Australian Antarctic Data Centre (original data from 

Orsi and Harris, 2001, updated 2015). 
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Figure 10. Regional deglacial surface ocean temperature records. Temperature records are 

categorized by latitude: A, Tropical B, Sub-tropical and C, Sub-polar. All temperature records are based 

on Mg/Ca analyses of planktonic foraminifera as reported by the original authors. Each record has an age 

resolution of more than one data point per kyr and an age model constrained by radiocarbon dates. 

Records from each region are interpolated to a 100-yr resolution. Averaged time series are provided for 

regions with more than one record (EEP n = 4; WTP n = 5; Indian n = 4). Error envelopes represent ±1 

SE. The shaded vertical bar represents the Heinrich Stadial 1 time interval (14.5-17.5 kyr BP). Each y-

axis spans 10°C, but note the different values for each subplot.  
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Figure 11. Maximum potential fraction of δ13C anomalies due to temperature dependent air-sea gas 

exchange.  At isotopic equilibrium, fractionation during air-sea gas exchange produces a relationship 

between surface ocean δ13C and temperature of -0.1‰ per 1°C. Due to rising temperatures during the last 

deglaciation (Figure 10), a portion of the surface ocean δ13C anomalies could be caused by the 

temperature dependent air-sea effect. The maximum temperature effect is estimated using the temperature 

differences between mean LGM and HS1 values for each region (Table 3) and the thermodynamic slope 

(-0.1‰/°C). Note that the estimates assume full equilibration between the surface ocean and atmosphere. 

Error bars represent ±1σ. 
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Figure 12. Maximum average δ13C anomaly for each planktonic foraminiferal species.  Squares 

represent the surface mixed layer species G. sacculifer (n = 25) and G. bulloides (n = 26), while triangles 

indicate thermocline-dwelling species N. dutertrei (n = 11), G. menardii (n = 2), and G. inflata (n = 4).  A 

green outline signifies species with algal symbionts.  The higher average anomaly for G. menardii relative 

to the other species is likely due to the lack of records from G. menardii.  Error bars represent ±1SE.  
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Figure 13. Planktonic δ18O and δ13C results for GGC10 and GGC13 in the western tropical Pacific.  

δ18O results for GGC10 (A) and GGC13 (B) and corresponding δ13C results for GGC10 (C) and GGC13 

(D).  Age models were generated by comparing δ18O results to the global benthic δ18O stack (Lisiecki and 

Raymo, 2005).  δ18O and δ13C results for G. sacculifer from this study (red) are offset from the previous 

results by Thunell et al. (1992) (blue).  These results demonstrate issues with analyzing different size 

fractions of symbiont-bearing planktonic foraminifera. For GGC10 (circles), the mean δ18O offset is -0.58 

± 0.07‰ (1SE) and mean δ13C offset is -0.48 ± 0.02‰ (1SE). For GGC13 (triangles), the mean δ18O 

offset is -0.93 ± 0.08‰ (1SE) and mean δ13C offset is -0.53 ± 0.03‰ (1SE).  The outlier at ~27 kyr BP 

contributes to the large δ18O and δ13C offsets between the different datasets.  The shaded vertical bars 

represent the HS1 time interval. 
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Figure 14. Planktonic δ18O and δ13C results for MW91-9-15. G. sacculifer δ18O (A) and δ13C (B) 

results from this study (red) compared to the previous results from Patrick et al. (1997) (blue).  The age 

model is based on published radiocarbon dates (citation) recalibrated using Calib 7.1 (citation).  The 

shaded gray areas represent Heinrich Stadial 1. Both analyses used the 300-355 μm size fraction of G. 

sacculifer. The mean offset between the δ18O records is -0.22 ± 0.05‰ (1SE), while that for δ13C is 

negligible (0.003 ± 0.037‰, 1SE). 
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Figure 15. Southern Ocean δ13C anomalies plotted versus latitude. Maximum (A) and average (B) 

δ13C anomalies increase in magnitude with decreasing latitude.  Tier 1 (green) and Tier 2 (yellow) 

anomalies were determined using a time window of 16-17.5 kyr BP, the early portion HS1. Tier 3 (gray) 

δ13C anomalies are averaged using a 12-18 kyr BP time period due to their very low resolution, with only 

one record having more than one data point every 2 kyr (dark gray circle). Error bars represent 1σ. 

 

 

Figure 16. Southern Ocean δ13C anomalies are plotted against distance from the subtropical (STF).  

Plotting convention is the same as in Figure 15. 
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Figure 17.  Predicted δ18Ocalcite depth profile using modern data located near GGC10 and GGC13 in 

the western tropical Pacific (WTP). A, calculated δ18Oseawater depth profile based on the linear regression 

δ18Oseawater = 0.21*salinity – 7.1 calculated using modern salinity and δ18Oseawater data from 0-100 m in the 

WTP (23°S-23°N, 110°E-170°W) from the Global Seawater Oxygen-18 Database (http://data.giss.nasa. 

gov/o18data/) and a modern salinity profile in the WTP (World Ocean Atlas 2001, 11.5°N, 118.5°E). B, 

vertical temperature profile from the same site as the salinity profile (World Ocean Atlas 2001, 11.5°N, 

118.5°E) C, Predicted δ18Ocalcite depth profile in the WTP estimated using data in panels A and B and the 

paleothermometry equation for G. sacculifer (Spero et al., 2003).   
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Figure 18. Surface and intermediate depth δ13C records during HS1. A, Records from the Brazil 

Margin.  Surface water record is from planktonic foraminiferal species N. dutertrei (Hertzberg et al., 

submitted) Intermediate record is from benthic species Cibicidoides spp. at 1100 m water depth (Lund et 

al., 2015). B, Records from the SW Pacific. Surface records are from planktonic species G. menardii 

(blue) and G. sacculifer (orange). Intermediate record is from Cibicidoides spp. at 990 m water depth 

(Bostock et al., 2004). C, Southern Ocean records.  Surface water records are from planktonic species G. 

bulloides. Intermediate record is from Cibicidoides spp. at 990 m water depth (Pahnke et al., 2005).  Lines 

represent a 3-point running mean, circles denote actual values. Gray vertical bar indicates HS1. 
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TABLES 

 

Table A1. ∆R values for the calibration of all Tier 1 radiocarbon dates. ∆R values are determined for 

each core by averaging the 10 closest known ∆R values from the marine reservoir correction database.  

An error of ±200 years is applied to each ∆R.  

Core Latitude Longitude ∆R 

DGKS9603 28.15 127.27 24 

MD98-2181 6.3 125.83 28 

TR163-19 2.26 -90.95 125 

TR163-19 2.26 -90.95 125 

TR163-19 2.26 -90.95 125 

V19-27 -0.47 -82.01 62 

V21-29 -1.05 -89.35 96 

V21-30 -1.21 -89.68 125 

RC8-102 -1.42 -88.85 135 

RC11-238 -1.52 -85.82 95 

V19-28 -2.37 -84.65 85 

V19-30 -3.35 -83.35 122 

V21-40 -5.52 -106.77 70 

WIND 28K -10.15 51.77 165 

GEOB 1023-5 -17.16 11.01 180 

GEOB 1023-5 -17.16 11.01 180 

FR01/97-12 -23.58 153.79 11 

FR01/97-12 -23.58 153.79 11 

78GGC -27.48 -46 33 

MD97-2121 -40.38 177.99 12 

RC11-83 -41.6 9.8 158 
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