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Abstract :   
 
Oxygenic photosynthesis fundamentally transformed all major biogeochemical cycles and increased the 
size and complexity of Earth's biosphere. However, there is still debate about when this metabolism 
evolved. As oxygenic photosynthesis is the only significant source of O-2 at Earth's surface, O-2 -sensitive 
trace element enrichments and isotopic signatures in Archean sedimentary rocks can potentially be used 
to determine the onset of oxygenic photosynthesis by tracking shifts in the oxidative capacity of Earth's 
surface environment. Here, we present an extensive new Archean U isotope record from iron formations, 
organic-rich shales, and paleosols. Variability in delta U-238 values gradually increased from Archean to 
Phanerozoic, consistent with current view of gradual oxidation of Earth's surface. In addition, statistical 
analysis on available delta U-238 data indicates a turning point of delta U-238 variability at roughly 3.0 
billon years ago. We suggest that such a turning point in delta U-238 variability indicates the initiation of 
relatively large-scale oxidative weathering of U(IV)-bearing minerals, implying that oxygenic 
photosynthesis may have evolved before 3.0 billion years ago. 
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Abstract: Oxygenic photosynthesis fundamentally transformed all major biogeochemical 

cycles and increased the size and complexity of Earth's biosphere. However, there is still 

debate about when this metabolism evolved. As oxygenic photosynthesis is the only 

significant source of O2 at Earth’s surface, O2-sensitive trace element enrichments and 

isotopic signatures in Archean sedimentary rocks can potentially be used to determine the 

onset of oxygenic photosynthesis by tracking shifts in the oxidative capacity of Earth’s 

surface environment. Here, we present an extensive new Archean U isotope record from 

iron formations, organic-rich shales, and paleosols. Variability in 
238

U values gradually 

increased from Archean to Phanerozoic, consistent with current view of gradual oxidation 

of Earth’s surface. In addition, statistical analysis on available 
238

U data indicates a 

turning point of 
238

U variability at roughly 3.0 billon years ago. We suggest that such a 

turning point in 
238

U variability indicates the initiation of relatively large-scale oxidative 

weathering of U(IV)-bearing minerals, implying that oxygenic photosynthesis may have 

evolved before 3.0 billion years ago. 

 

Introduction 
 

The emergence of oxygenic photosynthesis is a turning point in Earth’s geobiological evolution. 

Estimates about the timing of this event range widely from the Great Oxidation Event (or GOE) 

at ~2.4 billion years ago (Ga) to the earliest sedimentary rocks deposited at ~3.7-3.8 Ga (Kopp et 

al., 2005; Holland, 2006; Anbar et al., 2007; Crowe et al., 2013; Lyons et al., 2014; Planavsky et 

al., 2014; Satkoski et al., 2015; Frei et al., 2016; Ward et al., 2016; Albut et al., 2018). Such large 

uncertainty is fueled by debate surrounding the robustness of existing records of early oxygen, 

such as the Archean biomarker record (French et al., 2015). Given growing concerns about 
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biomarker fidelity, inorganic geochemical proxies have become increasingly utilized to track the 

evolution of biological oxygen production (Ohmoto et al., 2006; Ono et al., 2006; Anbar et al., 

2007; Frei et al., 2009; Crowe et al., 2013; Planavsky et al., 2014; Satkoski et al., 2015). 

 

Uranium isotopes (expressed as 
238

U relative to standard CRM112a) have been developed as a 

redox proxy to infer past marine redox evolution (Weyer et al., 2008; Kendall et al., 2013; 

Andersen et al., 2014; Dahl et al., 2014; Hinojosa et al., 2016; Lau et al., 2016; Wang et al., 2016; 

Andersen et al., 2017; Rolison et al., 2017). Oxidative weathering of continental rocks is the 

primary source of U to the oceans (Dunk et al., 2002; Tissot and Dauphas, 2015). In the modern 

ocean, U exists as highly soluble U(VI), with a residence time of ~500,000 years (Ku et al., 1977; 

Langmuir, 1978; Dunk et al., 2002). In the virtual absence of oxygen on the surface of early Earth, 

U would have existed exclusively as insoluble U(IV), and its transport would not have induced U 

isotope fractionation (Brennecka et al., 2011b; Shiel et al., 2013; Jemison et al., 2016). Only 

when Earth’s surface oxygen levels rose above pre-biotic levels would insoluble U(IV) be 

oxidized to soluble U(VI) and transported to the ocean by rivers. Once U(VI) is generated, 

adsorption and partial reduction during transport and within ocean basins can induce large U 

isotope fractionations (Abe et al., 2008; Bopp et al., 2010; Brennecka et al., 2011b; Romaniello et 

al., 2013; Holmden et al., 2015; Noordmann et al., 2015; Stirling et al., 2015; Stylo et al., 2015; 

Rolison et al., 2017). Based on this framework, U isotopes have been widely utilized as a 

paleoredox proxy to reconstruct the oxygen evolution of the ocean (Montoya-Pino et al., 2010; 

Brennecka et al., 2011a; Asael et al., 2013; Kendall et al., 2013; Dahl et al., 2014; Goto et al., 

2014; Kendall et al., 2015; Lau et al., 2016; Wang et al., 2016; Bartlett et al., 2018; Clarkson et 

al., 2018; Wei et al., 2018; Zhang et al., 2018). 
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In contrast to previous studies that utilized mean sedimentary 
238

U to infer past marine redox 

state, here we focus on using the variance of 
238

U to track the onset of oxidation of U(IV)-

bearing minerals, which in turn provides indirect evidence of the onset of oxygenic 

photosynthesis. Previous paleo-redox studies have found some evidence for Archean oxidative 

weathering in specific intervals of some sedimentary successions (Frei et al., 2009; Kendall et al., 

2010; Crowe et al., 2013; Planavsky et al., 2014; Satkoski et al., 2015). Here, we report the 
238

U 

of an expansive suite of stratigraphic units deposited during Archean and Paleoproterozoic times. 

We then combine our data with previously published U isotope data throughout Earth’s history 

and apply statistical approaches to identify changes in the variance of 
238

U. 

 

Igneous baseline δ
238

U 
 

Since our approach is rooted in the variability of 
238

U, it is important to establish a baseline 

variability to which our 
238

U data can be compared. We use previously published igneous δ
 238

U 

data (Table S1) to represent the unfractionated continental crust (Weyer et al., 2008; Amelin et al., 

2010; Brennecka, 2011; Brennecka and Wadhwa, 2012; Telus et al., 2012; Kaltenbach, 2013; 

Andersen et al., 2015; Goldmann et al., 2015; Tissot and Dauphas, 2015). Tissot and Dauphas 

(2015) calculated a narrow range of δ
238

U for the average continental crust (-0.29±0.03‰) based 

on the proportions of different lithologies in the crust. Given that the crustal composition may 

have changed over time (Condie, 1993; Tang et al., 2016), we take the 95% confidence interval of 

available bulk igneous δ
238

U data compiled in Tissot and Dauphas (2015) (-0.40‰ to -0.17‰, Fig. 

1) as an estimate for the unfractionated continental crust, to which sedimentary rocks can be 

compared. 

 

It is possible to fractionate 
238

U/
235

U in high-temperature processes. However, such fractionations 

are typically observed in extraterrestrial materials (Stirling et al., 2005; Amelin et al., 2010; 
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Brennecka et al., 2010; Tissot et al., 2017) and some terrestrial U-bearing minerals (Hiess et al., 

2012). Tissot et al. (2017) proposed that coordination changes involving pyroxene and olivine 

during early differentiation may have caused such high-temperature U isotope fractionation. 

Nevertheless, such anomalous U isotope fractionations are rare in bulk basaltic and granitic rocks 

(compiled in Tissot et al., 2015), which, together with their derived siliciclastic sediments, 

compose most of Earth’s crust. 

 

Primary factor controlling U isotope fractionation 

 
Uranium isotope fractionation in Earth’s surface environments is primarily controlled by redox 

reactions. Although oxidation of U(IV) to U(VI) does not fractionate δ
238

U (Wang et al., 2015a; 

Andersen et al., 2016; Noordmann et al., 2016), subsequent partial reduction of U(VI) can lead to 

>1‰ fractionation, with 
238

U enriched in U(IV) (Weyer et al., 2008; Andersen et al., 2014; 

Noordmann et al., 2015; Stirling et al., 2015; Stylo et al., 2015; Rolison et al., 2017). This 

enrichment of 
238

U in U(IV) during reduction is driven by a “nuclear volume effect” (Abe et al., 

2008). Laboratory experiments have demonstrated that abiotic U(VI) reduction by S
2-
 and 

organics generally induces very small δ
238

U fractionations, compared to microbial U(VI) 

reduction that consistently shows evidence for isotopically heavy U(IV) (Stylo et al., 2015). 

These experimental observations are consistent with observations in natural reducing marine 

environments (Andersen et al., 2014; Rolison et al., 2017). This implies that U(VI) reduction in 

marine environments is likely dominated by microbial processes. Consequently, deviation of 

δ
238

U in ancient sedimentary rocks from the igneous range provides evidence for appreciable 

dissolved U(VI) as well as partial U(VI) reduction. 
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Uranium isotope fractionation during sedimentation  

To use sedimentary rocks to infer seawater δ
238

U variability and thus, surface oxidative 

weathering, it is necessary to understand how dissolved U isotope values are transferred to 

sedimentary rocks. 

 

Iron-rich rocks. Although ancient iron formations have not yet been applied to reconstructing 

seawater δ
238

U, they have been successfully used to reconstruct other marine metal records (e.g. 

Cr, P, REEs) due to their resistance against postdepositional alteration (Fryer, 1977; Derry and 

Jacobsen, 1990; Frei et al., 2009; Planavsky et al., 2010a; Planavsky et al., 2010b; Li et al., 2013; 

Peacock et al., 2016). 

 

Iron formations mainly consist of iron oxides, which can sequester dissolved uranium through 

adsorption or reduction. Uranium(VI) adsorption onto iron oxides tends to cause small δ
238

U 

fractionation (~0.2‰ or less), with 
235

U being preferentially adsorbed (Weyer et al., 2008; 

Brennecka et al., 2011b; Shiel et al., 2013; Goto et al., 2014; Stylo et al., 2015; Jemison et al., 

2016; Wang et al., 2016). Siderite and iron silicate are also major components of iron formations  

(Bekker et al., 2010; Rasmussen et al., 2013). These minerals likely formed during early 

diagenesis (Kaufman et al., 1990; Planavsky et al., 2012). Uranium(VI) reduction in ferruginous 

condition is still poorly understood, but existing experimental work on Fe(II) reduction of U(VI) 

found that 
235

U is enriched in the product U(IV), contrary to biotic reduction of U(VI) (Stylo et al., 

2015). Regardless of adsorptive or reductive sequestration of U into iron-rich rocks, however, 

generation of U isotope fractionation requires the presence of U(VI), which requires relatively 

high levels of oxygen. 

 

Black shales. Black shales have been frequently utilized to reconstruct past seawater redox state 

because of their high frequency of appearance and their high abundance of redox-sensitive 
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elements. During formation of black shales U(VI) is reduced to U(IV), with U(IV) being typically 

isotopically heavier (Anderson et al., 1989a; Anderson et al., 1989b; Rolison et al., 2017), with an 

exception that U(VI) reduction by Fe(II) appears to generate isotopically light U(IV) (Stylo et al., 

2015). The size of the effective fractionation factors has been observed to range from ~0.6‰ to 

~0.8‰ (Andersen et al., 2014; Holmden et al., 2015; Noordmann et al., 2015). The observed 

fractionation factors are smaller than intrinsic fractionation factors predicted by nuclear volume 

effect and determined in experiments (Florence et al., 1975; Abe et al., 2008; Basu et al., 2014; 

Stirling et al., 2015; Stylo et al., 2015; Wang et al., 2015b). The discrepancy between field and 

laboratory observations can be attributed to a reductive-diffusive process: since U(VI) reduction 

typically occurs below the sediment-water interface, seawater U needs to diffuse into reducing 

sediments and the remaining U(VI) needs to diffuse back into the water column, and thus the 

overall effective isotope fractionation is dampened by this diffusional process. The net 

fractionation depends on the diffusional length and reaction kinetics (Clark and Johnson, 2008; 

Andersen et al., 2014). In addition, the effective U isotope fractionation factor may depend on 

many other processes such as location of reduction (within sediments vs. water column), basin 

restrictedness, bottom water condition, and sedimentation rates (Andersen et al., 2014; 

Noordmann et al., 2015; Rolison et al., 2017).  

 

Uranium isotope fractionation during weathering  

Paleosols have been proposed as archives for reconstructing the chemical evolution of the 

atmosphere (Ohmoto, 1996; Rye and Holland, 1998). Uranium can be lost to weathering fluids 

during granite and basalt weathering (Guthrie and Kleeman, 1986; Huang et al., 2015), or can be 

enriched in the residual parent rock as oxidized species during paleosol formation, likely hosted 

in calcite or organic matter (McCall et al., 2001). Laboratory experiments and natural 

observations show lack of U isotope fractionation during U loss (DeCorte et al., 2015; Huang et 

al., 2015; Wang et al., 2015a). However, gaining uranium during weathering may change parent 
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rock U isotopic composition, because the mobile U(VI) species may have experienced partial 

reduction and/or adsorption processes, both of which fractionate U isotopes (Bopp et al., 2009; 

Brennecka et al., 2011b). This gain of isotopically unconstrained U may be responsible for the 

fractionated U isotope compositions observed in modern soils (DeCorte et al., 2015). In summary, 

uranium isotopic composition in paleosols can be used to track the presence of mobile U(VI), and 

thus oxidative weathering. 

 

It is important to emphasize that the exact U isotope fractionation factors during weathering, 

transport, and sedimentation are not critical in our approach, since it is the variance of δ
238

U, not 

absolute values, that are used in our approach to track the onset of oxidative mobilization of U, 

and by inference, oxygenic photosynthesis. 

 

Sensitivity of U(IV) oxidation to atmospheric oxygen 

 
To use δ

238
U to track biogenic oxygen level, one needs to ascertain that oxidation of U(IV) and 

transport of produced U(VI) to marine depositional environments requires oxygen levels 

significantly higher than those obtainable on a planet without oxygenic photosynthesis. To 

investigate the relationship between oxidation rates and surface oxygen levels, we adopted the 

following rate equation (Grandstaff, 1976; Ono, 2001; Johnson et al., 2014): 

 

where R is the radial oxidation rate (Johnson et al., 2014). RF is the retardation factor; NOC is the 

fraction of non-uranium component in the crystal; ΣCO2 and H
+
 are the total dissolved carbonate 

and hydrogen ion concentrations in weathering fluids (Grandstaff, 1976); pO2 is the atmospheric 

oxygen level relative to present atmospheric level, or PAL; T is temperature, and MWu is the 

molecular weight of uraninite. Model parameters are summarized in Table S2.  
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Based on the above equation, the dissolution time scale of uraninite can be plotted against oxygen 

levels (Fig. 2). Uraninite grains with reasonable sizes will take 10
6
–10

10 
years to dissolve at pre-

biotic O2 levels, under a wide range of other environmental conditions. The sensitivity of 

dissolution time scales on these parameters is generally low, and increases in the following order: 

retardation factor, grain size, pCO2, and pH. In a wide range of conditions, the dissolution 

timescales are generally much longer than estimated 10
4
-10

5
 year sediment transport timescales 

(DePaolo et al., 2012). That a uraninite particle is unlikely to be in contact with oxygen during the 

full comminution timeframe makes uraninite dissolution timescale even longer. Therefore, 

without biological O2 production, significant cycling of dissolved U(VI) in surface environments 

would have been unlikely. Without a mobile dissolved U(VI) pool, it is impossible to generate 

isotopically distinct U in ancient sedimentary environments through partial reduction or 

adsorption. By contrast, an active U redox cycle leads to significantly variable 
238

U values, as 

observed in modern sediments ranging from -0.9 to 0.4 ‰ (Andersen et al., 2014; Hinojosa et al., 

2016), or even more variable in groundwater systems, ranging from ~0 to ~ -3‰ (Brown et al., 

2016). 

 

Samples 

 
We report an expansive U isotope record including iron-rich rocks, organic-rich shales and 

paleosols to better constrain the spatiotemporal extent of oxidative weathering before the GOE. 

Drill core samples were preferred to minimize the possibility of supergene alteration. Table S3 

and Table S4 summarizes the ages, depositional environments, and metamorphic grades of all 

rock units investigated in this study. Sample descriptions are provided in the supplementary 

materials. 
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Methods 

For black shales, powders were ashed at 550C for 24 hours to destroy organic matter. Ashed 

shale powders and paleosols were then completely dissolved in mixed HNO3 (15 N) and HF (29 

N) acids on a hotplate. We used 1 mL HF and 0.2 mL HNO3 for every 100 mg powder. After 

heating at 130C for 2–4 days, samples were dried down at 100C on hotplates. To dissolve 

fluorides, the samples were repeatedly refluxed with 6 N HCl (dry-down in between, 15 mL 6 N 

HCl for 1 g sample powder). For iron-rich and carbonate samples, powders were first treated with 

6 N HCl to dissolve iron oxides and carbonates, respectively, then the residual silicates, if any, 

were dissolved by the aforementioned HF-HNO3-HCl procedures.  

 

We also used an acid leaching procedure to isolate authigenic (i.e. hydrogenous) U from detrital 

U in black shales. We gauge if our leaching technique generated an isotopic fractionation by 

leaching the same sample with different strengths of acid: 0.5 N HNO3, 2 N HNO3, and 7 N 

HNO3, which resulted the same δ
238

U (Table S8). 2 N HNO3 was chosen as the leaching acid. 

 

U concentrations of dissolved samples were measured on a Thermo Scientific Element XR ICP-

MS. Proper amounts of 
233

U-
236

U double spike (see Wang et al., 2016 and references therein) 

were mixed and equilibrated with digested sample solutions (in 6 N HCl). Spiked samples were 

passed through a UTEVA ion exchange procedure to extract U from the matrix (Weyer et al., 

2008). Uranium isotope ratios were measured on a Thermo Neptune Plus MC-ICP-MS. The 

instrument was operated at 1100 W plasma power and was set at low mass resolution (M/M  

500). N2 was used to stabilize the signal. The sample introduction system comprises a 50 μL/min 

PFA μFlow nebulizer (Elemental Scientific), Apex IR, a Jet sampler cone, and an H skimmer 

cone. With this configuration, 50-60 volt 
238

U was achieved on a 10
11

 Ω resistor with a 50 ppb U 

solution. 
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Given the large contrast between 
238

U and other U isotopes, we corrected the tailing of 
238

U onto 

adjacent peaks. Specifically, signals were measured at half masses below and above the nominal 

masses for 30 seconds, and then subtracted from on-peak signals (Hiess et al., 2012). Thorium 

was monitored and shown to be at very low levels (
232

Th/
233

U < 10
-2

) due to effective ion 

exchange separation and, therefore, ThH hydride correction was not performed. Tail-corrected 

233
U/

236
U was used to calculate mass bias using the exponential law ((Taylor et al., 1995)), which 

was then used to extract sample 
238

U/
235

U. 

 

Amplifier gain factors were measured before each session. 
234

U was measured with a 10
12

 Ω 

resistor while other isotopes (
232

Th, 
233

U, 
236

U,
 238

U) were measured with 10
11 

Ω resistors. One 

measurement comprised 5 blocks of 10 cycles, with each cycle lasting 4.19 seconds. Every three 

samples were bracketed by spiked CRM 112a (New Brunswick Laboratory, U.S. DOE) standard 

solution with a similar concentration as samples. During this project, the long-term 

reproducibility of CRM 112a measurement was 0.020.07‰ (2SD, n = 223). Sample values were 

normalized to the bracketing CRM112a during each analytical session, with errors propagated 

using 2SD of CRM112 in that session, which is typically smaller than the long-term 0.07‰ due 

to differing day-to-day instrument tuning. 

 

The total procedure blank (digestion and column chemistry) ranged from 20 to 60 pg, which was 

negligible compared to 50–100 ng samples (<0.1%). Therefore, blank correction was not 

performed because the correction is smaller than the instrument counting error. To assess 

reproducibility of the method, we routinely processed various geological reference materials 

through the digestion and column chemistry. We also routinely analyzed unprocessed secondary 

standard solutions, with CRM129a = -1.70±0.02‰ (Brunswick Laboratory, U.S. DOE), IRMM 

REIMEP 18a = -0.16±0.02‰ (JRC, Brussels, Belgium), BHVO-2 = -0.24±0.02‰ (USGS), Nod-
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a-1 = -0.59±0.03‰ (USGS), and BCR = -0.26±0.03‰ (USGS). The results of these standards 

agree well with previous studies (Table S5). The external precision for δ
238

U measurement is 

0.07‰, the largest 2 SDs of various measured geological reference materials and bracketing 

CRM 112a measured throughout the projects. 

 

Results 

 
Our δ

238
U new data (Table S6–8), combined with published data (Table S9), exhibit an overall 

trend of increasing variability through time (Fig. 3A). Black shale δ
238

U values were largely 

within the igneous range before 2.4 Ga, but increased above the igneous range after 2.4 Ga (Fig. 

3B). Iron formation and published carbonate data are largely within or below the igneous range 

(Fig. 3C and D). U concentration data show similar patterns (Fig. 3E-H). Paleosol samples 

(2.2Ga–3.0 Ga) are plotted in Fig. 4A, which shows fractionated values both above (up to 0.1‰) 

and below (down to -0.8‰) the igneous range. There is a weak correlation between U and Th (r
2
 

= 0.580, p < 0.0001, Fig. 4B), and the slope in the U-Th space is slightly steeper than that of the 

average continental crust (Rudnick and Gao, 2003). No correlation between δ
238

U and U/Th was 

observed. 

 

Discussion 

 

Temporal increase in the variability of sedimentary δ
238

U 

 
To quantitatively evaluate how δ

238
U and its variability have evolved over geological time, we 

binned the δ
238

U data into 200 Myr time windows. Then the standard deviation (SD) is calculated 

for each time window through 1000 bootstrapping replicates. When different lithologies are 

combined, the bootstrapped SD shows an increasing trend (Fig. 5c), consistent with the general 

view that Earth’s oxidation is a protracted process. The SD is below that of published igneous 

rocks before ~3.0 Ga, and shifts to above igneous after ~3.0 Ga. Similarly, the mean δ
238

U values 



  

 13 

of time bins before 3.0 Ga are within the UCC range, whereas those after 3.0 Ga are mainly 

distributed below the UCC range, with one exception between 2.4 Ga and 2.6 Ga (Fig. 3D). 

Importantly, the lack of δ
238

U fractionation in pre-3.0 Ga rocks (and many post-3.0 Ga ones) 

suggests that background processes (e.g., lightning-generated minor oxidants such as nitrate and 

hydrogen peroxide (Hazen et al., 2009; Ettwig et al., 2010) do not substantially mobilize uranium.  

 

Two lines of reasoning support our approach of evaluating the δ
238

U variability on combined 

lithologies. First, combined lithology leads to larger sample number in each time bin and, thus, a 

more robust statistic framework. Second, this approach does not inherently produce false 

positives. Although different lithologies will have different δ
238

U values even when they 

precipitate from the same seawater due to different fractionation mechanisms, such lithological 

offset can only occur under an oxic world when U(VI) is present. Therefore, combining different 

lithologies would not generate ostensibly enhanced δ
238

U variance if there were no oxidative U 

mobilization (i.e., ‘false positives’). However, we also plotted the data of individual lithologies, 

with the same overall trend observed in each sedimentary archive, albeit with some exceptions 

(Fig. S1). 

 

A shift in δ
238

U variability at or before ~3.0 Ga is compatible with earlier findings from other 

isotope systems about biogenic oxygen production in the Mesoarchean (Planavsky et al., 2014; 

Satkoski et al., 2015). On an early Earth, biogenic oxygen production would have occurred under 

a generally reducing atmosphere. Therefore, oxygen distribution on early Earth was likely highly 

heterogeneous and dynamic (fluctuating spatiotemporally). Therefore, some “oxygen oases” may 

have existed before Earth’s surface was widely oxygenated enough to generate U isotope 

fractionation with statistical significance.  
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Change point test for δ
238

U variability 

 
To pinpoint the turning point in the history of δ

238
U variability from a statistical perspective, we 

used a likelihood-based framework to independently identify changes in δ
238

U variance through 

time (Killick and Eckley, 2014). The cpt.var function in the R package changepoint was used to 

statistically assess significant changes in variance (note that no change will be found if variance 

structure remains constant throughout a data series). The cpt.varmean and cpt.mean functions 

were used to search for significant change points in variance+mean and mean, respectively. We 

searched for multiple breaks in variance using both an assumed distribution and a distribution-

free method for our test statistic, with the mean estimated via maximum likelihood. Both methods 

returned equivalent results and, thus, we present only those for the normal test statistic. 

 

For all lithologies or for iron rich-rocks considered alone, the CPT returns the same earliest break 

point in δ
238

U variance at 2.95 Ga (Fig. 6 A and B, respectively). The CPT result for shales (2.43 

Ga, Fig. 6C) postdates that for iron-rich rocks. We attribute this offset in timing to varying 

detrital influences in these lithologies. Specifically, iron-rich rocks precipitate directly from 

seawater and have minimal detrital contributions. In contrast, U in shales includes both authigenic 

and detrital components, with the former being sourced from seawater (Andersen et al., 2014; 

Rolison et al., 2017). If dissolved U is very low, the authigenic signal would be muted by the 

unfractionated detrital component (see below for acid leaching test). This provides a plausible 

scenario for the unfractionated δ
238

U (Fig. 3B) and low U/Th in black shales deposited before 2.4 

Ga (Partin et al., 2013). Combining observations based on CPT tests for iron formations and 

shales, we suggest that dissolved U(VI) was present in seawater at small concentrations between 

~3.0 Ga and ~2.4 Ga, and significantly increased after 2.4 Ga. 
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δ
238

U in iron formations 

The statistical finding of the turning point in δ
238

U variability at 2.95 Ga depends on the iron-rich 

samples from the Sinqeni Formation. Therefore, it is critical to consider the preservation of these 

rocks. We did not conduct new petrographic work on these samples given previous reflected light 

microscopy, backscatter electron microscopy, and laser ablation work. Specifically, abundant 

reduced Mn and Fe mineral phases in Sinqeni iron formations suggest that these rocks have not 

been subject to postdepositional supergene alteration (Planavsky et al., 2014; Albut et al., 2018).  

 

The lack of δ
238

U variability in pre-3.0 Ga iron formation samples suggests minimal presence of 

dissolved U(VI) in rivers and seawater. It also suggests that ferric iron in terrestrial and marine 

sediments–for instance, generated by photochemical reactions (Konhauser et al., 2007)–does not 

lead to U oxidation and δ
238

U variability. In contrast, samples deposited after 3.0 Ga vary widely, 

mostly below the igneous range and, thus, consistent with adsorption of dissolved U(VI) to oxides. 

Alternatively, the light δ
238

U values could be tied to reduction of U(VI) by Fe(II) (Stylo et al., 

2015). Either way, fractionation of δ
238

U in iron formations will require appreciable dissolved 

U(VI) that requires relatively high level of oxygen. Three samples (GL56 299.23 from the 2.4 Ga 

Hotazel Formation, and DGM3/B and DGM6/B from the 2.48 Ga Dales Gorge Formation) have 

positive δ
238

U values relative to igneous rocks. These three samples have lower U concentrations 

(<70 ppb) than other iron-rich samples and can be explained by trapping the small amount of 

residual, isotopically heavy U(VI) at the end stage of reduction by Fe(II) (Stylo et al., 2015). 

Nevertheless, removing these three anomalous samples does not alter the statistical results. 

δ
238

U in black shales 
 

Unlike iron formations, where U is almost exclusively derived from seawater, black shale U is a 

mixture of seawater-derived (authigenic) and detrital U. The black shale U concentrations vary 

widely (Fig. 3F), reflecting different extents of authigenic U enrichment. Most pre-2.95 Ga 
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samples fall into this category. With very low oxygen on Earth’s surface, there would be limited 

dissolved U(VI) and low U enrichments. Such low dissolved U(VI), when sequestered in black 

shales, can easily be overwhelmed by unfractionated detrital U. This can be illustrated by 

comparing δ
238

U in the iron-rich rocks from the Sinqeni Formation and shales from the Ntombe 

Formation, both of which belong to the Pongola Supergroup and were deposited at approximately 

the same time. The light values in the Sinqeni iron-rich rocks likely reflect partial adsorption or 

partial reduction by Fe(II) of the low level U(VI) dissolved in seawater, but such low level of U 

would not be enough to escape the overwhelming signal from detrital U in black shales in the 

Ntombe Formation. When oxygen increased at a later time, however, more U(VI) can be 

generated and delivered to the ocean, leading to higher authigenic U enrichment and positive 

δ
238

U values (after 2.4 Ga, Fig. 3B and F).  

 

To test the hypothesis that the lack of fractionated δ
238

U between 2.95 Ga and 2.43 Ga is due to 

domination of detrital U over authigenic U, in the late stage of this project we conducted acid 

leaching experiment on a suit of ca. 2.7 Ga organic-rich shales from Abitibi Greenstone Belt. 

Using 2 N HNO3 leaching, we observed fractionated authigenic U in the Abitibi shales (Table S8). 

This confirms that dissolved U(VI) existed at 2.7 Ga, but was too small to generate enough 

authigenic U in shale to compete against the effect of unfractionated detrital U, leading to muted 

bulk shale δ
238

U values. Future studies should focus on the authigenic U in more Archean black 

shales and compare with our δ
238

U record in iron-rich rocks. 

 

There is a positive linear relationship between δ
238

U and [U] (r
2
 = 0.351, p < 0.0001, Fig. 7A, 

notice the log scale on the x-axis). However, the linear relationship is weaker if δ
238

U is plotted 

against U/Al (r
2
 = 0.11, p < 0.00001, Fig. 7B). Aluminum, like Th, is considered as solely 

sourced from detrital materials and it has little ability to move during diagenesis. Therefore, 

normalizing metal concentrations to Al concentration can remove U concentration variation due 
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to dilutions by carbonate, opal, or detrital materials (Brumsack, 1989; Calvert and Pedersen, 

1993; Morford and Emerson, 1999; Piper and Perkins, 2004; Tribovillard et al., 2006). The 

triangular shape of the fractionated samples in the δ
238

U-U/Al plot (Fig. 7B) can be explained by 

the diffusive-reactive process, which has previously been described in detail (Clark and Johnson, 

2008; Andersen et al., 2014; Rolison et al., 2017). Briefly, as seawater U(VI) diffuses down 

across the sediment-water interface, partial reduction pushes the remaining U(VI) in porewater to 

lower δ
238

U. At certain depth below the SWI, porewater dissolved U(VI) would become 

undetectable (Olson et al., 2017). The δ
238

U values of the reduced U(IV) near the SWI would be 

positive, offset from seawater by a positive fractionation factor of roughly 0.6‰ (Andersen et al., 

2014), although this value could be smaller or even negative if Fe(II) is present (Stylo et al., 

2015). Uranium(IV) produced in deeper sediments would be lighter (potentially negative). As 

sediments are buried deeper and receive more later-stage U from porewater, the isotopically light 

U could become dominant, until the sediments are buried below the point where no new U(IV) is 

produced. Taken together, these processes could lead to the triangular shape of the fractionated 

shales shown in Fig. 3B. 

 

δ
238

U in paleosols 
 

Compared to igneous rocks, the paleosol samples have slightly more variable and more negative 


238

U values (Fig. 8). About 10% of the paleosol samples are fractionated, which is comparable to 

modern soils (DeCorte et al., 2015). Although the average 
238

U of paleosol samples overlap with 

igneous data, paleosols have slightly wider spread, especially for lower 
238

U values (Fig. 8). 

 

Although weathering does not generate a significant U isotope fractionation (Wang et al., 2015a; 

Andersen et al., 2016), fractionated 
238

U values in soils may be due to receiving U(VI) through 

adsorption, receiving U(IV) through partial reduction of U(VI) carried in weathering fluids, or 
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inheriting parent sedimentary rocks with fractionated 
238

U values. Some of our paleosol samples 

have fractionated 
238

U and high U/Th ratios, relative to the UCC (Fig. 4C). Since the parent 

rocks of our paleosol samples are igneous rocks, the starting 
238

U should be close to the UCC (-

0.17‰ to -0.40‰). Therefore, samples with positively fractionated 
238

U can be attributed to 

capturing U(IV) through reduction, and samples with negatively fractionated 
238

U can be 

attributed to capturing U(VI) through adsorption. 

Reconciling U isotope data with the sulfur MIF record 
 

Our U isotope evidence of early oxygenation is compatible with the mass-independent sulfur 

isotope record. Archean pO2 was thought to be low (< 10
-7 

- 10
-5
 PAL) before the GOE (~2.4 Ga), 

based on mass-independent S isotope (MIF-S) signatures in sedimentary rocks (Farquhar and 

Wing, 2005; Zahnle et al., 2006). Even at 10
-7 

- 10
-5
 PAL pO2 levels, U(IV) oxidation would be 

limited but still present (Fig. 2), at least sporadically if not pervasively. Further, not all pre-2.4 Ga 

rocks have MIF-S signals, suggesting that oxygen levels likely fluctuated dramatically during the 

Archean Era (Ohmoto et al., 2006; Ono et al., 2006). With a small O2 reservoir, atmospheric 

oxygen levels were likely highly dynamic, with oxygen concentrations varying significantly on 

short time scales. Uranium oxidation could have occurred during short-lived excursions to higher 

atmospheric oxygen levels in an overall low-oxygen Earth system. This dynamic oxygenation 

hypothesis is consistent with our observed oscillation in the SD of 
238

U throughout Archean (Fig. 

5C). Moreover, U oxidation could also have occurred within locally oxygenated 

microenvironments. For instance, microbial mats in shallow marine or lacustrine settings have 

been suggested to host locally high-O2 environments conducive to oxidative weathering of 

substrate rocks, even under an anoxic atmosphere (Lalonde and Konhauser, 2015). 

 

Coupling with the iron isotope record 
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Existing iron isotope records are consistent with a significant shift in the oxidative capacity of 

Earth’s surface around 3.0 Ga (Fig. 5D). The most pronounced shift in sedimentary Fe isotope 

values occur at ~3.0 Ga, determined using the same statistical change point test we used to track 

shifts in U cycling (Fig. 6D). Iron isotope values in iron-rich rocks prior to 3.0 Ga are generally 

positive, which is most likely due to minor Fe(II) oxidation by anoxygenic photosynthesis or 

photochemical oxidation (Konhauser et al., 2002; Rouxel et al., 2005; Johnson et al., 2008; 

Satkoski et al., 2015). After 3.0 Ga, however, sedimentary iron isotope values are highly variable, 

including strong negative δ
56

Fe values. This increase in iron isotope variability is more likely 

explained by extensive water column oxygen production and intense microbial iron cycling 

(Rouxel et al., 2005; Planavsky et al., 2012; Busigny et al., 2014), consistent with our U isotope 

records. 

 

Concluding Remarks 
 

Uranium isotope records in black shales, iron formations, and paleosols, together with iron 

isotopes in iron formations suggest that biogenic oxygen production on Earth likely started at 

least 3.0 billion years ago, consistent with previous conclusions based on other redox-sensitive 

proxies (Crowe et al., 2013; Planavsky et al., 2014; Satkoski et al., 2015) and some phylogenic 

predictions (David and Alm, 2011; Dvořák et al., 2014). Given an early rise in oxygenic 

photosynthesis, the protracted oxygenation of Earth’s surface was likely linked to other factors 

such as continental emergence, shifting crustal composition from mafic to felsic, or the 

drawdown of large masses of reducing gases and minerals required to enable the later rise of 

atmospheric O2 at the GOE (Zahnle et al., 2006; Campbell and Allen, 2008; Lalonde and 

Konhauser, 2015; Smit and Mezger, 2017). 
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Figures 

 

 

Fig. 1. Distribution of igneous δ
238

U data. 

Right axis (blue): normalized counts, 

bins=normalized histogram, blue solid line 

=kernel density estimation (bandwidth=0.2), 

blue dashed line = idealized normal 

distribution using mean value of -0.285‰ 

and SD value of 0.09‰. Left axis (red): 

cumulated probability, vertical red lines = 

95% confidence interval (-0.40‰ to -0.17‰). 
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Fig. 2. Oxidative dissolution timescale of uraninite under different conditions (see text). The 

horizontal bars represent the upper end of typical sediment transport timescales (DePaolo et al., 

2006). The vertical bars represent prebiotic oxygen levels (Haqq-Misra et al., 2011). r: radius of 

assumed spherical uraninite grains; RF: retardation factor. 
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Fig. 3. Boxplots for δ
238

U and U concentrations binned into 200 million year time windows, with 

all lithologies plotted together in A and E, and individually in other subplots. The red line in each 

box represents the mean of that time window. The horizontal bars in A–D represent the δ
238

U of 

igneous rocks. The horizontal line in E–H represents the U concentration (2.6–2.8 ppm) of the 

upper continental crust (Condie, 1993). 

  



  

 31 

 

Fig. 4. Results for paleosols. The horizontal gray bars in A and C represent the igneous δ
238

U. 

The vertical gray bar in C represent the U/Th in the upper continental crust (Rudnick and Gao, 

2003). The red line in B represents the expected relationship between U and Th in the UCC 

(Rudnick and Gao, 2003), whereas the blue line is a least square linear regression of data (r
2
 = 

0.580, p <0.0001). 
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Fig. 5. Compiled geochemical records. A, a view of oxygen evolution; B, the U isotope record 

from this study and previous studies (n = 933, this study n = 372), with the horizontal bar 

representing the δ
238

U range for igneous rocks (see SI); C, SD of the U isotope record, with each 

point representing 200-Myr data, with the horizontal line denoting the SD of δ
238

U in igneous 

rocks; D, previous iron isotope record (n = 1445) (Rouxel et al., 2005; Planavsky et al., 2012; Li 

et al., 2013; Satkoski et al., 2015), with the horizontal bar representing the -0.1–+0.1‰ range for 

igneous rocks), same legend as in B. Vertical dashed lines represent 2.95 Ga and 2.43 Ga 

identified by change point tests. 
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Fig.6. Results of change-point tests for different lithologies. A, δ
238

U in all lithologies (break 

point in variance); B, δ
238

U in iron-rich rocks (break point in variance); C, δ
238

U in black shales 

(break point in mean+variance); D, previously published δ
56

Fe record (break points in 

variance+mean). 
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Fig.7. Cross-plots between δ
238

U and U enrichment, with corresponding histograms for δ
238

U and 

U distributions. A–B, shales; C, iron-rich rocks; D, carbonates. The red line in A is a linear fit to 

all δ
238

U-[U] data except samples with [U] > 60 ppm (deemed as outliers for this plot only) (r
2
 = 

0.35, p < 0.00001, more in SI). The red line in B is a second order polynomial fit to all δ
238

U and 

U/Al data (r
2
 = 0.23, p < 0.00001, more in SI). The horizontal bars in all figures represent the 

δ
238

U range of igneous rocks (Tissot and Dauphas, 2015) (Fig. 1). The vertical bars in A–D 

represent the U concentration or the U/Al ratio of the average upper continental crust (Rudnick 

and Gao, 2003). 
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Fig. 8. Comparison of δ
238

U values between igneous rocks and paleosols investigated in this study. 

A: histograms with corresponding Gaussian Kernel Density Estimations; the vertical bar shows 

the 95% level of unfractionated BSE (Fig. 1). B: cumulated probability of 
238

U values. 

 


