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ABSTRACT: We investigate changes in the ocean circulation due to the variation of isopycnal diffusivity (kiso) in a global
non-eddy-resolving model. Although isopycnal diffusion is thought to have minor effects on interior density gradients, the
model circulation shows a surprisingly large sensitivity to the changes: with increasing kiso, the strength of the Atlantic
residual overturning circulation (AMOC) and the Antarctic Circumpolar Current (ACC) transport weaken. At high
latitudes, the isopycnal diffusion diffuses temperature and salinity upward and poleward, and at low latitudes down-
ward close to the surface. Increasing isopycnal diffusivity increases the meridional isopycnal fluxes whose meridional
gradient is equatorward, hence leading to a negative contribution to the flux divergence in the tracer equations and
predominant cooling and freshening equatorward of 408. The effect on temperature overcompensates the countering
effect of salinity diffusion, such that the meridional density differences decrease, along with which ACC and AMOC
decrease. We diagnose the adjustment process to the new equilibrium with increased isopycnal diffusion to assess how
the other terms in the tracer equations react to the increased kiso. It reveals that around 6408 latitude, the cooling in-
duced by the increased isopycnal flux is only partly compensated by warming by advection, explaining the net cooling.
Overall, the results emphasize the importance of isopycnal diffusion on ocean circulation and dynamics, and hence the
necessity of its careful representation in models.

SIGNIFICANCE STATEMENT: The effect of mixing by mesoscale eddies, represented as diffusion along surfaces
of constant density in models, on the ocean circulation is not well understood. Here, we show that an increase in the
eddy diffusivity in different setups of a global ocean model leads to a surprisingly large change of the ocean circulation.
The strength of the Atlantic overturning circulation and the Antarctic Circumpolar Current decrease. We find that the
interior ocean becomes cooler and fresher and that the temperature effect on density dominates over salinity, resulting
in a decrease in the density gradients. Our results point out the importance of eddy diffusion on ocean circulation, and
hence the necessity of its correct representation in ocean and climate models.
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1. Introduction

The large-scale global ocean circulation is driven by winds,
tidal forces, and density mixing induced to a large extent by
the breaking of internal gravity waves. In addition to the omni-
present internal wave field, geostrophically balanced ener-
getic mesoscale eddies are present in the ocean and they mix
properties along rather than across isopycnals [see, e.g.,
McDougall et al. (2017) for a recent discussion of this issue].
The eddy-induced isopycnal mixing becomes most pro-
nounced at high latitudes, western boundary currents, and in
frontal regions such as the Antarctic Circumpolar Current
(ACC). The mesoscale eddies, with typical horizontal scales
of less than 100 km, cannot be resolved by climate models
and coarse ocean models which have too coarse a resolution
to explicitly represent any but the largest eddies. Conse-
quently, many present-day climate models still rely on diffu-
sive parameterizations of the effects of mesoscale eddies,
usually involving a diffusion tensor consisting of an advective
(antisymmetric) and a diffusive (symmetric) part. The advective

part seeks to parameterize the advection of properties by an ad-
ditional eddy driven velocity (sometimes called skew diffusion)
and is often parameterized with the Gent–McWilliams (GM)
closure (Gent et al. 1995) involving the so-called GM coeffi-
cient kgm. The diffusive part of the mixing tensor can be inter-
preted as turbulent mixing of properties along isopycnal
surfaces, and is often (as we do here) parameterized with the
isotropic, so-called Redi scheme (Redi 1982) involving a single
scalar isopycnal diffusivity kiso.

The effect of isopycnal diffusion on the oceanic tracer up-
take is well studied (e.g., Gregory 2000; Kuhlbrodt et al. 2015;
Abernathey and Ferreira 2015; Gnanadesikan et al. 2007,
2015a,b; Jones and Abernathey 2019), but its role for the
ocean’s dynamics, however, remains unclear. As the meso-
scale eddies, predominantly generated by baroclinic instabil-
ity, are of leading-order importance in setting up the ocean
stratification, tracer transport, and uptake (e.g., Karsten
et al. 2002; Booth and Kamenkovich 2008; McWilliams
2013; Kamenkovich et al. 2017), a better understanding of
the influence of isopycnal diffusivity on ocean circulation
becomes important. In this paper, we investigate the effect
of changing isopycnal diffusivity in a model with global
ocean configuration.
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The sensitivity of the ocean circulation to the GM coeffi-
cient kgm has extensively been studied (Danabasoglu and
McWilliams 1995; Kamenkovich and Sarachik 2004; Griesel
and Morales Maqueda 2006; Viebahn and Eden 2010; Farneti
and Gent 2011; Kuhlbrodt et al. 2012; Jochum and Eden
2015). However, since along-isopycnal diffusion of tempera-
ture and salinity in the ocean interior has to first order no ef-
fect on density gradients, apart from supposedly minor
nonlinear effects, its potential effect on ocean circulation has
received less attention and studies have focused mainly on
the sensitivity of passive tracer and heat uptake: Pradal and
Gnanadesikan (2014) discuss the effect of an increase in iso-
pycnal diffusivity in a global climate model and find that the
poleward transport of salt increases and suggest that this
would enhance convection, with further discussion on feed-
back loops involving sea ice. Abernathey and Ferreira (2015)
find that stronger Southern Ocean wind stress increases eddy
kinetic energy resulting in an increase in isopycnal diffusivity,
which is a crucial factor controlling Southern Ocean ventila-
tion. Using a coupled Earth system model with a constant
isopycnal diffusivity, Gnanadesikan et al. (2015a) show that a
higher isopycnal diffusivity kiso leads to a significant increase in
oceanic carbon uptake.

Studies have also looked at the connection between isopyc-
nal diffusivity and circulation and water mass formation. Sijp
et al. (2006) and Sijp and England (2009) discuss that isopycnal
diffusion affects the stability of North Atlantic Deep Water
(NADW) formation making it more stable to freshwater per-
turbations and attribute this to the increased diffusion of sa-
linity, preventing a halocline, that otherwise suppresses
sinking. Sévellec and Fedorov (2011) also study the stability
of the Atlantic meridional overturning circulation (AMOC)
and describe a weakening of the circulation with increasing
isopycnal diffusivity in a zonally averaged model, but they
did not further explain this decrease. A recent study by Jones
and Abernathey (2019) shows a reduction in the fraction of
NADW in the deep Pacific with an increase in isopycnal dif-
fusivity in an idealized-geometry ocean model while keeping
the circulation fixed. Ragen et al. (2020) explicitly address cir-
culation changes in the Southern Ocean due to increased iso-
pycnal diffusion and find a decrease in ACC transport in a
coupled climate model for increased isopycnal diffusivity.
They suggest a role for feedback between changed SST and
increased wind stress curl contributing to the decrease. How-
ever, it is difficult to understand the primary driver of the
coupled model results, whether it is the atmosphere–ocean
feedbacks related to wind stress and sea ice [as suggested by
Ragen et al. (2020)], or the transmission of the surface condi-
tion changes to the interior that changes the pressure gra-
dients, and thus the circulation. Here, in an uncoupled model
where the wind stress is fixed, we find similar changes in the
ACC transport, thus narrowing the possible mechanisms, and
show explicitly how the diffusive fluxes along isopycnals are
affected, and also discuss a decrease in the meridional over-
turning circulation.

In this study, we employ a global ocean model with realistic
geometry and allow the circulation to change with the chang-
ing isopycnal diffusivity kiso. We focus on the role of isopycnal

diffusivity on ocean circulation by changing isopycnal diffusiv-
ities kiso in the range of observed values in the ocean and as-
sess its effects on the two active tracers’ temperature and
salinity. Estimates of isopycnal diffusivities from observations
vary widely and are still uncertain. Groeskamp et al. (2017)
estimate an isotropic diffusivity kiso with an average value of
350 m2 s21 from observation-based inverse methods in the
ocean interior, while larger values up to 10 000 m2 s21 are
found closer to the ocean surface from drifter observations
(Zhurbas et al. 2014), consistent with a general decrease of
eddy diffusivities with depth as inferred from Argo float data
(Cole et al. 2015; Roach et al. 2016). Regional estimates of
isotropic isopycnal eddy diffusivities around 1000 m2 s21 have
been estimated from floats and tracer releases in the ACC
and North Atlantic (Ledwell et al. 1998; Tulloch et al. 2014).
However, not much is known in general about the anisotropy
of isopycnal mixing so far, though there is evidence that in the
presence of strong jets the mixing is reduced in the cross-
stream direction (e.g., Ferrari and Nikurashin 2010; Griesel
et al. 2010; Klocker and Abernathey 2014; Griesel et al. 2014).
Therefore (and also in this study), ocean models use isotropic
GM and Redi schemes, with values close to 1000 m2 s21 for
both the Redi and GM coefficients, kiso and kgm, but this
equality has no further justification. In fact, linearized quasi-
geostrophic theory predicts the PV diffusivity (which can be a
surrogate of isopycnal diffusivity) to not be equal to the buoy-
ancy (GM) diffusivity (Smith and Marshall 2009). We will
vary only the Redi coefficient, i.e., kiso and keep the GM coef-
ficient kgm constant in our model experiments. To compare
the circulation changes attributed to changes in kiso, we also
assess the impact of changing the formulation of the surface
fluxes of heat and freshwater on the ocean circulation in a
suite of model experiments. Our results suggest that, in addi-
tion to the tracer uptake, the along-isopycnal diffusion con-
trolled by the isopycnal diffusivity plays a more dominant role
than the surface flux restoring time scales in controlling the
circulation, at least with a fivefold increase of isopycnal
diffusivity.

The paper is arranged as follows: section 2 describes the nu-
merical model used and different model experiments; section 3
compiles the results on changes in circulation, isopycnal
tracer gradients, and isopycnal diffusive fluxes, including the
effect on meridional heat and freshwater transports as well
as the effect of fixed fluxes; and a summary and conclusions
follow in section 4.

2. Model and experiments

We use the realistic global non-eddy-resolving ocean model
by Eden (2016) with a horizontal resolution of ∼28 3 28 and
45 vertical levels. The across isopycnal mixing by internal
wave breaking is provided by the IDEMIX closure (Internal
Gravity Wave Dissipation, Energy and Mixing) (Olbers and
Eden 2013) and the prognostic closure by Gaspar et al.
(1990) is used to parameterize small-scale turbulent mixing.
Mesoscale eddy mixing is implemented with the mixing op-
erator following Griffies (1998), where the additional eddy-
driven advection velocity is implemented in form of an
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antisymmetric (skew) component. In the case of isopycnal
slopes being too steep, the mixing scheme by Griffies (1998)
becomes unstable. Therefore, the isopycnal diffusivity is
multiplied by the factor dtaper 5 {1 1 tanh[(sc 2 |s|)/sd]}/2,
where sc 5 0.001 and sd 5 0.001 are parameters controlling
the maximal allowed isopycnal slopes, and the isopycnal
slope s 5 2∇hr/­zr with r being the locally referenced po-
tential density. In regions where the isopycnal slopes are too
steep, isopycnal mixing is replaced by lateral mixing with a
prescribed constant diffusivity of ksteep 5 500 m2 s21 multi-
plied with the factor (1 2 dtaper). We set kgm 5 1000 m2 s21

for all the model experiments and isopycnal diffusivity kiso
is varied from 1000 to 5000 m2 s21 (see Table 1). We choose
kiso 5 1000 m2 s21 as an average value commonly used in
ocean models and kiso 5 5000 m2 s21 which is within the
range of isopycnal diffusivities as derived from observations
or eddying ocean models (e.g., Vollmer and Eden 2013;
Tulloch et al. 2014; Griesel et al. 2015; Cole et al. 2015).

We also found the surface boundary condition formulation
to be important in the model experiments. The model by
Eden (2016) uses a monthly climatology of realistic forcing
datasets for momentum and heat fluxes and a restoring
boundary condition for surface salinity. The surface heat flux
boundary condition follows Barnier et al. (1995) and is also
called a Haney-type surface boundary condition (Haney
1971). The forcing as in Barnier et al. (1995) is based on the
linearized bulk formulas and assumes an infinite heat reser-
voir of the atmosphere, but allows for an evolving ocean
circulation. The restoring time scale for surface salinity is
30 days for the 10-m-thick surface grid box. There is no explicit
sea ice model. In the case of surface temperatures below the
freezing point, surface heat fluxes out of the ocean and salinity
restoring are set to zero (but not the momentum fluxes). In the
remainder of this paper, we will refer to the combination of Ha-
ney-type boundary conditions for temperature and restoring
boundary conditions for salinity as restoring boundary conditions.

Since the restoring formulation for the surface fluxes by
Barnier et al. (1995) allows the heat and freshwater fluxes to
change with increasing isopycnal diffusivity, we test whether
similar changes in ocean circulation are obtained when the
surface fluxes are not allowed to change as much by

increasing the restoring time scales. Therefore, as alternative
surface boundary condition formulation, we diagnosed the re-
sulting heat and freshwater fluxes in the simulations using the
restoring conditions in form of monthly means over a 10-yr
time period at the end of the model experiments. These diag-
nosed surface fluxes are then applied directly in a subsequent
simulation as monthly means to the model, which we call fixed
surface fluxes in the following. To allow for varying degrees
of restoring time scales we use the following formulation:

F(T) 5 F1(T) 1 k 3
Q

r0 cp
(Ts 2 T?), (1)

F(S) 5 F1(S) 1 k 3
Dzs
tS

(Ss 2 S?), (2)

where F1(T) denotes the fixed monthly mean heat flux diag-
nosed from the simulation with kiso 5 1000 m2 s21 using re-
storing conditions, and F1(S) denotes the corresponding
fixed monthly mean surface salt flux. The second terms on
the RHS of Eqs. (1) and (2) are the restoring terms for tem-
perature and salinity, where T? and S? are the surface clima-
tologies from Barnier et al. (1995); Ts and Ss are the model’s
sea surface temperature and salinity; tS 5 30 days; and Dzs
the uppermost level thickness. The term Q/(r0cp) can be in-
terpreted as a piston velocity that restores the surface tem-
peratures using the heat flux climatology Q leading to
restoring time scales between 40 and 70 days (Barnier et al.
1995). The factor 0 # k # 1 allows to vary the restoring time
scales. For decreasing k, the restoring time scale is increased
allowing the surface flux to adjust less to a changing isopycnal
diffusivity, k 5 0 means the fluxes are fixed to F1T,S, while k 5 1
allows the surface fluxes to adjust toward the climatologies.

All model setups are described below in Table 1. Naming
conventions for the experiments (Table 1 and hereafter in the
paper) are such that the first part refers to the chosen value of
the isopycnal diffusivity and the second part refers to the sur-
face flux formulation. The first set of experiments use the re-
storing formulation for the heat flux and freshwater flux.
Initial conditions are climatologies for temperature and

TABLE 1. Description of the model setups along with the initial conditions, the prescribed along isopycnal diffusivity (kiso) values and
the length of each run. The value of kgm, representing effect of eddy advection, is fixed to 1000 m2 s21 for all the model setups.

Acronym Surface flux formulation Initial conditions Length of the run (yr) kiso (m2 s21)

K05_REST Restoring to SST, SSS State of rest 8218 500
K07_REST Restoring to SST, SSS State of rest 8205 700
K1_REST Restoring to SST, SSS State of rest 6789 1000
K2_REST Restoring to SST, SSS State of rest 5726 2000
K5_REST Restoring to SST, SSS State of rest 5221 5000
K5_REST_K1TOK5 Restoring to SST, SSS K1_REST after 6500 yr 7500 5000
K1_FORC1 FK1, fixed flux diag. from K1_REST K1_REST after 5500 yr 6500 1000
K5_FORC1_RESTk0 Eqs. (1), (2) with k 5 0 K1_REST after 5500 yr 6500 5000
K5_FORC1_RESTk0.01 Eqs. (1), (2) with k 5 0.01 K1_REST after 5500 yr 3623 5000
K5_FORC1_RESTk0.1 Eqs. (1), (2) with k 5 0.1 K1_REST after 5500 yr 3660 5000
K5_FORC1_RESTk0.5 Eqs. (1), (2) with k 5 0.5 K1_REST after 5500 yr 3450 5000
K5_FORC1_RESTk1 Eqs. (1), (2) with k 5 1 K1_REST after 5500 yr 3880 5000
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salinity and a state of rest. These sets of experiments are
called K1_REST and K5_REST with isopycnal diffusivities
kiso 5 1000 m2 s21 and kiso 5 5000 m2 s21, respectively. We
also diagnose the adjustment process to an ocean state with in-
creased isopycnal diffusivity, by performing an additional sim-
ulation in which the K1_REST ocean state after 6500 years of
integration is used as the initial condition and the diffusivity is
abruptly increased to kiso 5 5000 m2 s21. This simulation is
then further integrated for another 1000 years to reach a new
equilibrium state with kiso 5 5000 m2 s21 using the restoring
formulation for the surface heat and freshwater fluxes. This
setup is called K5_REST_K1TOK5. Five model runs using
fixed surface fluxes in addition to varying degrees of restoring
time scales will be discussed: K1_FORC1 and K5_FORC1
both use a fixed forcing derived from K1_REST (corre-
sponding to k 5 0), but in K1_FORC1, kiso is left unchanged
at 1000 m2 s21, while for K5_FORC1 kiso is increased to
5000 m2 s21. The K5_FORC1_RESTk experiments use the
surface flux formulation given by Eqs. (1) and (2) with the
restoring time scale from the REST experiments (k 5 1,
K5_FORC1_RESTk1), the restoring time scales increased
by a factor 2 (k 5 0.5, K5_FORC1_RESTk0.5), by a factor 10
(k 5 0.1, K5_FORC1_RESTk0.1) and by a factor 100 (k 5 0.01,
K5_FORC1_RESTk0.01). All the analyses presented in this
study are conducted after all the model experiments have
reached a steady state. The next sections describe the results
from the different model experiments.

3. Results

We first consider the changes in ocean circulation and den-
sity in experiments K1_REST and K5_REST in section 3a,
discuss the changing isopycnal tracer gradients in section 3b, and
the direction of the isopycnal diffusive fluxes in section 3c.
We show the effect on heat and freshwater transports in
section 3d, consider the adjustment process to the in-
creased isopycnal diffusion in section 3e, and discuss the
role of the surface forcing in section 3f explaining different
sensitivity experiments enlisted in the Table 1. We focus
on large-scale temperature and salinity changes, zonal
transports, and the residual meridional overturning circu-
lation. The latter is here taken as the sum of the Eulerian
mean meridional overturning and the parameterized eddy-
induced one (Olbers et al. 2012).

a. The effect of increased isopycnal diffusion on
circulation and density

We begin by comparing the changes in circulation in the ex-
periments with restoring flux formulation, i.e., the experi-
ments K1_REST and K5_REST. By increasing the isopycnal
diffusivity kiso from 1000 to 5000 m2 s21, the residual meridio-
nal overturning circulation in the North Atlantic decreases
from 20.79 to 14.33 Sv (1 Sv ≡ 106 m3 s21; Fig. 1 and Table 2).
In the Southern Ocean the volume transport of the residual
circulation is not affected very much and decreases only
slightly from 28.62 to 27.12 Sv which is within the limits of the
standard deviation, but the circulation cell extends in depth.
The positive cell in the Southern Ocean associated with

Antarctic Bottom Water (AABW) formation increases
slightly. The most significant change for the Southern Ocean
is that the ACC volume transport decreases from 149.5 to
107.60 Sv (Table 2). Understanding these surprisingly large
changes is the task of this study. We also note that the sensi-
tivity of the circulation to isopycnal diffusivity is reduced for
values , 1000 m2 s21. We find that in those experiments
there still is a slow drift of increasing ACC and AMOC and
larger values will be reached after the circulation has
reached a steady state. The ACC and AMOC in the experi-
ment with Kiso 5 2000 m2 s21 are reduced by about 14 and
2 Sv, respectively.

Temperature and salinity for K1_REST and the difference
between the experiments K5_REST and K1_REST are shown
for the zonally averaged temperature and salinity in Fig. 2.
The strongest signals are the cooling and freshening of the
deep ocean below 500 m in the NADW and the cooling and
freshening in the upper ocean between latitudes 208 and 408.
This means that around the 408 latitudes in the Northern and

FIG. 1. Residual meridional overturning circulation for the
model setups (a) K1_REST and (b) K5_REST. The color shad-
ing indicates the volume transport (Sv) with overlaid black con-
tours indicating the same. The negative contours indicate the
volume transport in the clockwise direction, and the positive
contours indicate the volume transport in anticlockwise direc-
tion. The minimum in the Northern Hemisphere streamfunction
between 408 and 808N corresponds to the maximum AMOC, the
minimum of the Southern Hemisphere clockwise circulation be-
tween 408 and 608S corresponds to the maximum Southern
Ocean residual circulation (cf. Table 2). The counterclockwise
cell south of 608S is related to AABW formation.
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Southern hemispheres the meridional temperature gradients
decrease, whose effect is a decrease in meridional density gra-
dient, while the decrease in salinity would lead to an increase
in meridional density gradients.

To analyze the degree of compensation between both
factors, we show the effects of the temperature and salinity
changes on the (dynamically relevant) in situ density in
Figs. 3a and 3b. Figure 3a shows the density r(T, S, z), us-
ing temperature T from K5_REST but salinity S from
K1_REST, where r(T, S, z) using T and S from K1_REST
is removed, and then zonally averaged. That is, it shows
the density change is only due to the temperature change.

Between 408S and 408N for depths below 200 m, water
masses become all denser. At depths between 250 and 1000 m
around latitudes of 6408, the maximum density increases
by up to ≈0.24 kg m23 in the Southern Hemisphere and by
more than ≈0.26 kg m23 in the Northern Hemisphere. The

corresponding density changes due to salinity while keeping
temperature at its value from K1_REST (Fig. 3b), show a
general lightening of all water masses between 408S and 408N
of similar structure, but note that the minima associated with
the salinity decrease are not exactly collocated with the max-
ima due to the temperature decrease. The water becomes
lighter in the upper ocean by only about 0.18 kg m23. Hence
the effect of the temperature change on density dominates,
and the net effect on the in situ density}r(T, S, z) from
K5_REST minus r(T, S, z) from K1_REST shown in
Fig. 3c}is a decrease in the meridional density gradient
around the 6408 in the upper 200–1500 m. In particular be-
tween 6208 and 6508, density increases by about 0.16 kg m23

in the Southern Ocean between depths of 500 and 1200 m and
by about 0.18 kg m23 in the Northern Hemisphere between
depths 300 and 700 m. The density poleward of those latitudes
decreases slightly. The effect of temperature and salinity

TABLE 2. Volume transports (Sv; 10-yr average and associated standard deviation) for the residual Atlantic meridional overturning
circulation (AMOC), the Southern Ocean meridional residual circulation, and the Antarctic Circumpolar Current (ACC) (through
Drake Passage) for the different model setups (first column) described in Table 1. The ↑ indicates still increasing trend.

Model setups Volume transport (Sv)

Acronym kiso (m2 s21) AMOC Southern Ocean ACC

K05_REST 500 20.08 6 1.91 ↑ 28.14 6 3.17 148.2 6 3.45 ↑
K07_REST 700 20.83 6 1.96 ↑ 28.57 6 3.13 149.7 6 3.47 ↑
K1_REST 1000 20.79 6 1.95 28.62 6 3.17 149.5 6 3.47
K2_REST 2000 18.64 6 1.73 28.09 6 3.29 135.7 6 3.57
K5_REST 5000 14.33 6 1.38 27.12 6 3.22 107.6 6 3.39
K5_REST_K1TOK5 5000 14.30 6 0.49 27.61 6 3.09 111.60 6 3.56
K1_FORC1 1000 22.35 6 0.52 28.23 6 2.83 142.20 6 3.09
K5_FORC1_RESTk0 5000 17.89 6 0.60 27.10 6 2.16 86.54 6 3.18
K5_FORC1_RESTk0.01 5000 15.44 6 1.36 27.59 6 3.23 105.3 6 3.02
K5_FORC1_RESTk0.1 5000 13.92 6 1.24 26.93 6 3.32 107.7 6 3.04
K5_FORC1_RESTk0.5 5000 11.67 6 1.01 27.67 6 3.55 109.2 6 2.88
K5_FORC1_RESTk1 5000 11.22 6 0.93 28.25 6 3.77 111.5 6 2.59

FIG. 2. Zonally averaged latitude–depth sections for (a),(b) temperature and (c),(d) salinity. (left) The results from the setup
K1_REST and (right) the difference K5_REST 2 K1_REST. The color shading and overlaid black contours indicate temperature (8C)
in (a) and (b) and salinity (g kg21) in (c) and (d).
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cancel each other to a larger part in the deep ocean below
1500-m depth, where the density decreases only by up to 0.1
kg m23.

Other than the GM diffusivity, the isopycnal diffusivity does
not directly change density in the ocean interior, unless effects
of the nonlinear dependency of r on T and S play a role, or
where isopycnals outcrop and there is an interaction with the
surface fluxes. To explore the effect of the nonlinear equation
of state, we show in Fig. 3d the corresponding density change
due to temperature and salinity using a linear equation of state

Drlin 5 r0(b0DS 2 a0DT), (3)

with b0 5 0.78 3 1023 kg g21, a0 5 1.65 3 1024 K21, and
r0 5 1027 kg m23 (Vallis 2006), instead of the nonlinear equa-
tion of state used in the model integration (IOC et al. 2010).
The Drlin is similar to the density difference using the model’s

nonlinear equation of state (cf. Figs. 3c,d), but there are also
differences, with the largest deviation occurring in the deep
ocean below 1000-m depth. These differences can be partly
but not completely decreased by different choices of b0 and
a0 (not shown). The effect of thermobaricity Drtb (increase of
the thermal expansion coefficient a0 with depth) and cabbeling
Drcb (increase of a0 with temperature) can be quantified using
the formulations of Vallis (2006) and Roquet et al. (2015) as

Drtb 5 r20a0gSgzDT,

Drcb 5 2
1
2
r0bTS [(T5 2 T0)2 2 (T1 2 T0)2] (4)

with gs 5 1.113 1028 s2 m kg21, bTS 5 1025 K22, T0 5 9.85 K,
S05 35. The Drtb and Drcb are the most important contributions
by nonlinearities in the equation of state, other contributions are
of much smaller magnitude than Drtb and Drcb (not shown).

FIG. 3. Zonally and yearly averaged in situ density differences (kg m23) for K5_REST2 K1_REST as a function of
latitude and depth. (a) In situ density difference due to temperature change with model nonlinear equation of state,
(b) in situ density difference due to salinity change with model nonlinear equation of state, (c) actual in situ den-
sity change with model nonlinear equation of state, and (d) density change using a linear equation of state (with
constant thermal expansion coefficient, a 5 1.65 3 1024 K21 and contraction coefficient, b 5 0.78 3 1023 kg g21).
(e) Contribution of cabbeling to density difference and (f) contribution of thermobaricity to density difference.
The overbar denotes zonal and time average.
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The negative effect of cabbeling on the density difference
shown in Fig. 3e is compensated to a large extent by the posi-
tive effect of thermobaricity shown in Fig. 3f in the deep ocean
below 1000 m. In the upper ocean, as expected, there is no
large effect of the thermobaricity, but the cabbeling contrib-
utes with a positive density correction in the shallow subtropi-
cal thermocline, where the deviation from the basic state
temperature used for the linearization is largest. We conclude
that even though the exact contribution of the nonlinearities is
difficult to quantify due to the dependence on the choice of
coefficients and background state, the contribution from
cabbeling to the density difference could be significant in
the shallow subtropical thermocline. For the dominant density
difference occurring between depths of 250 and 1000 m around
the 408 latitudes (Fig. 3c) the contribution from nonlinearities
is less significant.

b. The effect of increased isopycnal diffusion on
isopycnal tracer gradients and horizontal distributions
of density changes

We now look at the contributions of the different ocean basins
to the zonally averaged tracer gradient changes. Figures 4a–d
show temperature and salinity averaged over 200–1000 m
depth. It can be seen that the isopycnal gradients of temper-
ature (Figs. 4a,b) and salinity (Figs. 4c,d) decrease from
K1_REST (left panels) to K5_REST (right panels) as ex-
pected for stronger isopycnal diffusion. It can also be seen
that the strongest isopycnal temperature and salinity gra-
dients occur in the Southern Ocean around 408S and in the
North Atlantic between 408 and 608N, most notably in the
Western boundary currents. Associated with these changes
in isopycnal tracer gradients are cooling and freshening
around the 208–408 latitudes in the upper 600 m (Figs. 2b,d)
in the western boundary currents of all basins (Figs. 5a,b).
The strongest cooling and freshening are seen in the Brazil
Current, the Gulf Stream, and the Agulhas Current. The
cooling is clearly associated with increased densities in the
western boundary currents (Fig. 5d).

c. Direction of isopycnal diffusive fluxes

The direction and magnitude of the isopycnal diffusive
fluxes of temperature and salinity in the upper ocean can be
seen from the positioning of isotherms and isohalines with
respect to the isopycnals, shown for the setup K1_REST in
Fig. 6. The slopes of the isotherms are more aligned with iso-
pycnal slopes than for the isohalines, indicating that the tem-
perature is to first order proportional to the density. The
slopes of isohalines show much more misalignment with the
isopycnal slopes, hence large isopycnal gradients of salinity.
The diffusive flux is from higher concentration to lower con-
centration along the isopycnals and Fig. 6 indicates that for
both temperature and salinity the diffusive flux is from the
oceanic interior toward the surface for latitudes poleward of
about 208–308. Equatorward of 308, where the thermocline
depth is deepest, the fluxes change direction and are equator-
ward and downward. The diffusive flux hence tends to trans-
port heat and salt along the isopycnals toward the surface in

higher latitudes, consistent with the cooling/freshening and
warming/salinification seen equatorward and poleward of 408,
respectively (Fig. 2).

Within the small-slope approximation ( s| |,, 1), the is neu-
tral diffusive flux of temperature is given by

Fx
iso 5 2kiso(­xT 1 sx­zT), Fy

iso 5 2kiso(­yT 1 sy­zT),
Fz
iso 5 2kiso(s · ∇hT 1 s| |2­zT), (5)

where s 5 (sx, sy) 5 2(b∇hS 2 a∇hT)/(b­zS 2 a­zT) is
the isoneutral slope vector. The divergence of the flux
Fiso 5 (Fx

iso,F
y
iso,F

z
iso) changes temperature, and equivalently for

salinity. The zonally averaged meridional isopycnal diffusive
flux Fy

iso diagnosed from K1_REST for the upper 1500 m is
shown in Figs. 7a and 7b. We see a predominantly poleward
flux poleward of 308–408, consistent with Fig. 6. Equatorward
of about 408, the flux increases with decreasing latitude
and there is a sign change poleward of 308, which is due to
the thermocline “dip” in isolines of temperature, salinity, and
density, changing the sign of ­yT. The northward increase in
isopycnal diffusive fluxes leads to cooling (2­yF

y
iso), which

explains the cooling equatorward from 408 to about 208 in
both hemispheres. The cooling is largest where the flux
changes sign. Equivalently, the meridional gradients in the
isopycnal salt fluxes (Fig. 7b) explain the freshening between
408 and 208.

d. Surface fluxes and meridional heat and
freshwater transports

The along isopycnal fluxes of temperature and salinity are
related to the isopycnal gradients and connect to the surface
fluxes when the isopycnals outcrop. The zonally averaged sur-
face heat and salt fluxes are shown in Figs. 7c and 7d, where
negative salt flux indicates freshwater gain by the ocean sur-
face and negative heat flux indicates heat loss of the ocean
surface. Poleward of 408 (and both heat and salt fluxes pre-
dominantly decrease with increasing isopycnal diffusivity,
whereas equatorward of about 408 heat and salt fluxes in-
crease. This is consistent with Fig. 6, since the increased iso-
pycnal diffusive fluxes of temperature and salinity poleward
of 408 make the ocean surface warmer and saltier, hence lead-
ing to a decrease in the surface restoring fluxes. The opposite
occurs equatorward of 408 where the increased downward dif-
fusive fluxes tend to make the ocean surface colder and
fresher leading to an increase in the predominantly positive
surface restoring fluxes of temperature and salinity.

In equilibrium, the zonally averaged surface heat and freshwa-
ter fluxes are directly related to the zonal and vertical integral of
the meridional heat and freshwater transports. Figures 7e and 7f
show those meridional transports for K1_REST and K5_REST
split up into the advective (including the GM eddy advection)
and the isopycnal diffusive contributions. The increase of the
predominantly poleward isopycnal diffusive transport with in-
creasing isopycnal diffusivity is apparent for both hemispheres
(purple lines). The northward advective heat and salt fluxes in
the Northern Hemisphere decrease, related to the decrease
in overturning circulation. In the Southern Hemisphere, the
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southward advective heat and salt transports increase (more
precisely south of 408S for the salt transport), consistent with
the net surface heat and salt loss (Figs. 7c,d). As a result of the
increased isopycnal diffusion, mixed layers become deeper in
the Southern Ocean, consistent with enhanced heat loss south
of 608S. The advective transports are dominant, but the iso-
pycnal transports contribute significantly south of 208S.

e. Diagnosing the adjustment process to the ocean state
with increased isopycnal diffusion

The comparison of the two equilibrium states in the previ-
ous sections gave insight into the changes after the adjustment
to the new equilibrium. In particular, the density changes
shown in Figs. 2 and 5 are also the result of the adjusted circu-
lation. Those changes are the consequence of an interplay of
the advective, isopycnal and diapycnal diffusive fluxes, but
they are initiated by the increase in isopycnal diffusion. To
isolate the effect of those individual processes we therefore
now discuss the adjustment to the equilibrium with increased
isopycnal diffusion to kiso 5 5000 m2 s21 with the experiment
K5_REST_K1TOK5, in which isopycnal diffusivity is abruptly
increased starting from the equilibrium of K1_REST after
6500 years and then integrated for another 1000 years with
kiso 5 5000 m2 s21. We note that this experiment has the
same residual overturning circulation in the new equilibrium

for the North Atlantic and Southern Ocean as K5_REST but a
slightly larger ACC of 111 Sv compared to 107 Sv for
K5_REST. This difference occurs because high-latitude surface
fluxes in the Southern Ocean adapt to this sudden increase in
isopycnal diffusivity and less cold water is mixed downward
leading to a less cold AABW on the poleward side of the ACC
below 1500 m. This reduces the meridional density gradient in
the deep ocean contributing to a smaller ACC decrease than in
K5_REST. We note that the salinity difference distributions
across the full depth and temperature difference distributions
in the upper 1500 m are not affected and we focus in the fol-
lowing discussion on the upper 1500 m.

The local time rate of change of tracer concentration T can
be written as

­tT 5 2∇ · (uT) 2 ∇ · [(jiso 1 jgm) · ∇T] 1 ­(j­zT) (6)

5 2∇ · Fadv 2 ∇ · (Fiso 1 Fgm) 1 ­zFvdiff, (7)

where (the tensor) kiso 1 kgm is the Redi-GM isoneutral mix-
ing tensor, e.g., given by Olbers et al. (2012), that includes the
contributions both from the diffusive fluxes Fiso 5 (Fx

iso,F
y
iso,F

z
iso)

related to kiso, and the skew diffusive fluxes Fgm related to kgm.
The last term in the two rows is the cross-isopycnal diffusive
flux with vertical diffusivity k. The change in temperature

FIG. 4. (a),(b) Temperature (8C) and (c),(d) salinity (g kg21) averaged over 200–1000 m depth for (left) K1_REST
and (right) K5_REST.
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and salinity due to the individual flux terms F in Eq. (7) is
given by the integral in time TF(t0)2 TF(t1)5 2

�t0
t1
∇ · Fdt,

where the divergence of the flux F is integrated in time from the
equilibrium with kiso 5 1000 at time t0 to the equilibrium with
kiso 5 5000 at time t1.

Figures 8a–c and 8e show the integral of the temperature
change due to advection [first term on the RHS of Eq. (7)],
isopycnal advection and diffusion [second term on the RHS
of Eq. (7)] and vertical diffusion [third term on the RHS of
Eq. (7)]. We first note that there is a large cancellation be-
tween the advective and isopycnal flux contributions, and
the individual flux terms integrated over time (Figs. 8a–c)
are three orders of magnitude larger than the sum of the
three terms (Fig. 8e), which gives the actual temperature
change. The isopycnal term is the only one that leads to
cooling between 208 and 408 south and north, consistent
with the equatorward increase and sign change of the iso-
pycnal-diffusive fluxes (Fig. 7a), and it leads to warming
equatorward of 208. This cooling/warming pattern is consis-
tent with the meridional isopycnal diffusive flux changes
shown in Fig. 7e and is balanced by the opposite warming/
cooling pattern due to the advective term (Fig. 8a). Overall,
the combined effect of the advective (adv) and isopycnal
(iso) flux terms is a cooling equatorward of 408 and some
warming poleward (Fig. 8c). Vertical mixing (vmix) contrib-
utes strongest in the upper 200 m and otherwise leads to

cooling poleward of 408 and minor warming equatorward
(not shown).

We now focus on the prominent cooling between 208 and 408S
and between depths of 400–1000 m (also evident in Fig. 2b) and
show the evolution with time of the three terms (the divergence
of the advective (adv), isopycnal (iso), and vertical diffusive
(vmix) fluxes) averaged zonally and over these latitude and
depth ranges for both temperature and salinity (Figs. 8e,f).
At time t 5 t0, the local time rate of change of temperature
and salinity is zero in the annual mean and so the sum of the
three terms adds up to zero (blue line). Then the change to
increased isopycnal diffusivity occurs leading to an abrupt
increase in the cooling rate due to the isoneutral mixing
term (black line). The advective term (red line) reacts with
an increase in the rate of warming, while the time rate of
change due to vertical mixing (green line) is unaffected by
the change in isopycnal diffusivity. The total time rate of
change (i.e., the sum of all three terms, blue line) means
cooling due to the excess cooling caused by the increased
isopycnal diffusivity. After about 400 years, the sum of the
three terms is zero and the new equilibrium with higher iso-
pycnal diffusion is reached (not shown). It is one in which
the sum of the advective and isopycnal terms lead to con-
tinuing (small) cooling, balanced by (small) warming from
vertical mixing. We see a similar scenario for the salinity
time tendencies with freshening by the isopycnal fluxes,

FIG. 5. (a) Temperature difference K5_REST-K1_REST averaged over 200–1000 m depth, (b) salinity difference
K5_REST-K1_REST averaged over 200–1000 m depth, (c) density of K1_REST averaged over 200–1000 m depth,
(d) density difference K5_REST-K1_REST averaged over 200–1000 m depth.
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balanced by salinification from the advective tendency term
(Fig. 2f).

To summarize: increasing isopycnal diffusivity increases the
meridional isopycnal fluxes whose gradient is equatorward,
leading to predominantly cooling and freshening equatorward
of 408, that is only partly compensated by advection. Since the
effect of temperature on density dominates over the effect of
salinity on density, meridional density gradients are reduced.
Along with the density changes, both ACC and North Atlantic
residual overturning transports decrease. Nonlinear effects of
the equation of state may play a significant role in explaining
those density changes particularly in the shallow subtropical
thermocline. To shed light on the influence of using restoring
surface fluxes, we next consider experiments where the fluxes
have been fixed.

f. Toward fixed flux experiments

In this section, we discuss the model experiments where the
surface fluxes of freshwater and heat are fixed to varying de-
grees as stated in section 2. While a restoring to sea surface
temperature may be justified (it is realistic that the atmos-
phere–ocean heat flux responds to a warming ocean surface),
a restoring surface flux for salinity is not realistic, since the

freshwater flux should not depend on the sea surface salinity.
Hence the restoring surface fluxes respond to the changing
isopycnal diffusivity and may introduce feedbacks that
over or underestimate the sensitivity to isopycnal diffusiv-
ity. Before we compare the sensitivity to the isopycnal dif-
fusivity for varying restoring time scales, we test whether
the circulation changes when we change from restoring to
fixed surface fluxes. For example, the sea ice edge position
in the prescribed surface fluxes could be inconsistent with
the changed model dynamics and lead to model drift. We
see that the AMOC and ACC volume transports change by
about 2 and 7 Sv, respectively (K1_REST compared to
K1_FORC1). This ACC change is still not as large as the
changes we see when the isopycnal diffusivity is increased
under varying surface forcing (K5_FORC1_RESTk experi-
ments compared to K1_FORC1). We first discuss the simu-
lation where a fixed surface flux diagnosed from K1_REST
(k 5 0) is used with kiso 5 5000 m2 s21. The ACC in this
simulation is drastically decreased to about 86 Sv, while
the sensitivity of the AMOC is reduced and changes only
by about 4 Sv (Table 2). As in the experiments with restor-
ing surface boundary condition, we see an increase in
the density for latitudes equatorward of 408, but the

FIG. 6. Zonally averaged isosurfaces of (a) temperature (isotherms) and (b) salinity (isoha-
lines) shown along with the isosurfaces of density (isopycnals). Isopycnals are shown in black
contours, and isotherms and isohalines in red contours, shown here for the setup K1_REST for
the upper 280 m.
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density difference is now much larger, exceeding 0.24 kg
m23 in the upper ocean (Fig. 10a, note the different color
scale as compared to Fig. 10b). This experiment is allowed
to drift far away from realistic surface temperature and
salinity distributions and hence unrealistic upper-ocean
density.

With a short restoring time scale (k 5 1), the surface flux
adjusts to the change in isopycnal diffusivity and is closer to
the restoring flux from K5_REST (the difference to the
K5_REST runs is 3 Sv for AMOC and 4 Sv for ACC).
Around6408 latitude, the increased diffusion transports warm
waters toward the surface and the restoring surface heat flux
reacts by pumping cold water into the surface (cf. section 3d)
that subsequently mixes thereby increasing the density of the
isopycnal layer that outcropped there. For k 5 0.01, the restor-
ing time scale is 100 times larger and the surface fluxes are
closer to the fixed fluxes diagnosed from K1_REST so they
are allowed to vary less in response to the increased isopycnal
diffusion. However, even with this very long restoring time
scale, the surface fluxes are still significantly different from
K1_FORC1 (not shown). The upper-ocean density differences
for k 5 0.01 (Fig. 9b) are much smaller than the ones with the
fixed flux and are more similar to K5_REST-K1_REST (cf.
Fig. 3c to Fig. 9b). We find that the AMOC is reduced by
about 7 Sv for k 5 0.01 and it is reduced by about 11 Sv when
the flux is allowed to adjust (k 5 1). The ACC is reduced by
30 Sv for k 5 1 and by 34 Sv for k 5 0.01. We see a consistent
decrease in the sensitivity to isopycnal diffusivity for the
AMOC when going toward a fixed flux formulation, while the
sensitivity of the ACC increases with decreasing k with a sud-
den decrease from k5 0.01 to k5 0.

Overall, the impact of the changed surface flux formulation
on the ACC is small as compared to the impact of increasing the
isopycnal diffusivity, and the surface flux formulation does not
seem to play a significant role for the sensitivity to the increase
in isopycnal diffusivity. In particular, the sensitivity of the ACC
to increased isopycnal diffusion is not reduced when the restor-
ing time scale is increased as one might expect when surface
fluxes are held fixed. This leaves nonlinear effects in the equa-
tion of state to explain the density changes. Figure 9 shows that
the contribution from nonlinear terms is very similar for the
varying length of restoring time scales, except for an effect at
high latitudes. The largest density difference occurs again close
to the surface where the effect of cabbeling is strong, but be-
tween 250- and 1000-m depth, and equatorward of 408, the con-
tribution from the nonlinear terms is again less significant. There
is no dependence of nonlinear effects on the surface flux formu-
lation equatorward of 608, and in particular we do not see non-
linear terms to become more significant when k is decreased.

Overall, the analyses with the different restoring time scales
show that the largest changes occur in the ACC, whose re-
sponse is highly sensitive to the increase in isopycnal diffusivity.
The AMOC on the other hand is less sensitive. Given that it is
the isopycnal diffusion of temperature that is crucial in deter-
mining the density gradient changes, allowing the heat fluxes to
change as in the restoring surface heat flux might actually more
realistically represent the sensitivity to isopycnal diffusion.

4. Discussion and conclusions

The analysis presented in this paper shows a previously not
much discussed sensitivity of ocean circulation to isopycnal

FIG. 7. (left) Zonally averaged latitude–depth section of meridional isopycnal diffusive flux of (a) temperature (m s21 K) and
(b) salinity (m s21) for the upper 1500 m in K1_REST. The overlaid black contours indicate potential density referenced to the surface
(kg m23) (center) Zonally averaged surface (c) heat flux (8C m s21) and (d) salt flux (g kg21 m s21) for the setups K1_REST and
K5_REST shown with solid and dashed lines, respectively. Positive freshwater flux is equivalent to negative salt flux. (right) Zonally
and vertically integrated meridional (e) heat transport (PW) and (f) salt transport (Sv). Solid and dashed lines are for K1_REST
and K5_REST, respectively. The purple curve is the contribution from isopycnal diffusion and the green curve from advection.
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diffusivity. Using a ∼28 3 28 non-eddy-resolving global ocean
configuration and changing isopycnal diffusivity kiso along
with different formulations of surface forcing, we assess the
changes in ocean circulation resulting from the changes in
horizontal tracer gradients. A suite of model experiments is
set up with varying initial conditions, restoring surface fluxes
and fixed surface fluxes, and with different values of isopycnal
diffusivity; most prominent choices are kiso 5 1000 m2 s21and
kiso 5 5000 m2 s21. Changes in isopycnal diffusivity affect the
tracer gradients, density, and the resulting circulation. The
ACC transport consistently decreases with increasing isopycnal
diffusivity using surface boundary fluxes with different restoring

time scales. The AMOC also decreases with increasing isopyc-
nal diffusivity but becomes less sensitive once the surface fluxes
become more fixed. The effect of the isopycnal diffusivity in-
crease is to decrease the isopycnal gradients of temperature and
salinity, leading to a shallowing of isopycnals and a decrease in
the in situ density gradients around 408 latitude in the Northern
and Southern Hemisphere. The density in the experiments with
restoring heat and salt fluxes as well as in the experiments
where the surface fluxes are varied using different restoring
time scales has decreased poleward of 408 latitude (upward/
poleward salinity and temperature diffusion) and increased
equatorward (downward/equatorward salinity and temperature

FIG. 8. Zonally averaged temperature change
�t1
t0
∇ · Fdt, where t1 2 T0 5 1000 years, due to (a) the divergence of

the advective flux (103 K; adv), (b) the divergence of the isopycnal fluxes Fiso 1 Fgm (103 K; iso), and (c) the sum of
the divergence of the advective, isopycnal, and vertical diffusive fluxes (K; adv 1 iso 1 vmix), as a function of depth
and latitude. (d) As in (c), but for salinity (g kg21). (e) Rate of change of temperature (K yr21) zonally averaged and
averaged over the black box in (c) due to advection (red), isopycnal fluxes (black), vertical diffusion (pink), the sum of
the advective and isopycnal fluxes (green) and total time rate of change (blue). The switch to kiso 5 5000 m2 s21 occurs
at year 10. The time rate of change for only the first 100 years are shown. (f) As in (e), but for salinity (g kg21 yr21).
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diffusion). Even though there is a compensating effect on
density gradients between the diffusive fluxes of temperature
and salinity inducing cooling and freshening or warming and
salinification, the net effect is dominated by the temperature:
the along-isopycnal poleward of around 408 latitude and up-
ward diffusion of heat leads to cooling equatorward of 408
and warming poleward of 408. This leads to a significant de-
crease in meridional density gradients around 408 latitude
in both hemispheres. Note that the way how such gradients
effect the circulation (AMOC) is beyond the scope of the
current discussion, but it is clear that density changes will
affect it. Since the ACC is in geostrophic balance with the
meridional density gradients, the related decrease of the
ACC is not surprising. The relation of meridional density
gradients and the overturning circulation is less clear as dis-
cussed by, e.g., Straub (1996), Greatbatch and Lu (2003),
and Brüggemann et al. (2011). References to a parallel

recent discussion can be found in Johnson et al. (2019), but
the issue is not the scope of this study.

Figure 11 summarizes the processes that influence density
in an isopycnal surface around 6408 latitude. The isoneutral
diffusion scheme does not introduce any spurious diapycnal
mixing, except in regions with steep slopes}essentially the
surface mixed layer}where weak horizontal mixing is intro-
duced for stability with a horizontal diffusivity that is the
same in all experiments. We find that the difference in the
number of grid points along any latitude between K1_REST
and K5_REST where this slope threshold is exceeded, is
smaller than 2% (not shown), and occurs mainly in the Southern
Ocean at high latitudes. We thus conclude that the tapering
does not contribute to a significant change in diapycnal flux.
This leaves the surface fluxes (and their formulation) and the
nonlinear equation of state as the two candidates responsible
for the density changes described above and illustrated in

FIG. 9. In situ density differenceDr (kgm23) for experiments (a)K5_FORC1k02K1_FORC1 and (b)K5_FORC1k0.012
K1_FORC1.

FIG. 10. In situ density difference Dr 2 Drlin (kg m23) for experiments (a) K5_FORC1k1 2 K1_FORC1,
(b) K5_FORC1k0.52 K1_FORC1, (c) K5_FORC1k0.12 K1_FORC1, and (d) K5_FORC1k0.012 K1_FORC1.
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Fig. 11. We find that nonlinear effects in the equation of state
likely play a role for explaining the changes in density. Stud-
ies comparing the ocean circulation when running ocean
models using linear and nonlinear equations of state find sig-
nificant differences (Nycander et al. 2015; Roquet et al.
2015). In these studies, nonlinear effects are of importance
owing to their influence on the static stability of the water col-
umn thereby influencing the atmosphere–interior ocean ex-
changes. In fact, stratification, water mass distributions, and
circulation are significantly different from realistic conditions
using a linear equation of state in those simulations.
Nycander et al. (2015), for example, show that cabbeling is
crucial for the formation of AAIW. Groeskamp et al. (2016)
show that enhanced isopycnal diffusivity on the flanks of the
ACC contributes to enhanced AAIW transformation by
cabbeling. Likely, the sensitivity to isopycnal diffusivity will
be different in an ocean simulation run with a linear equation
of state, but the scope of this study was to investigate the sen-
sitivity in a realistic model simulation with nonlinear equa-
tion of state. We quantified the contribution from the most
significant nonlinear terms with a formulation as in Roquet
et al. (2015) for given temperature and salinity distribu-
tions. With this diagnostic we find that the contribution
from cabbeling to the density difference could be significant
in the shallow subtropical thermocline, but that for the
dominant density difference occurring between depths of
250–1000 m around 6408 latitude the contribution from
nonlinearities is less significant. Below 1000 m, the effect of
thermobaricity and cabbeling on the density change tend to
cancel each other to some extent.

The restoring surface flux is the other factor that influences
density; the increased isopycnal diffusivity diffuses heat and
salt poleward toward the surface and the restoring heat and
freshwater fluxes react by pumping cold and freshwater into
the surface waters that subsequently mix downward and

increase the density of the outcropping isopycnal layer around
the 6408 latitude since temperature dominates the effect on
density. We found that different restoring time scales for the
surface flux formulation do not significantly affect the sensitiv-
ity of the circulation to increased isopycnal diffusivity. The ex-
periment with fixed surface flux exhibits the largest sensitivity
of the ACC, pointing at the role of nonlinearities for the den-
sity difference, but it also produces unrealistic upper-ocean
densities.

While we find the dominance of temperature diffusion for
the effect on circulation, Pradal and Gnanadesikan (2014)
also discuss an increased poleward diffusion of heat and salt
with a sixfold increase in isopycnal diffusivity employing a
global climate model. They stress the importance of the salt
diffusion toward the surface, suggesting that this then exerts
a strong control over Antarctic Sea ice. Without an explicit
sea ice component, we can exclude in our experiments such
feedbacks on the circulation response to increased kiso. In the
same coupled model Ragen et al. (2020) report a 20% de-
crease in Drake Passage transport with a sixfold increase in
isopycnal diffusivity, which is comparable to the decrease
seen here of 25%–30% with a fivefold increase in isopycnal
diffusivity. While Ragen et al. (2020) attribute this decrease to
both an increase in the density of the intermediate and deep
waters on the northern edge of the ACC as well as an increase
in the wind stress curl, we find similar reduction in ACC trans-
port in our uncoupled model, suggesting that the feedback on
the wind stress must be of minor importance for the ACC
transport changes.

We note that once isopycnal diffusivity is increased, there is
a possible feedback of the eddy-induced overturning where
even though kgm is kept constant, skew fluxes decrease when
density gradients decrease. Using a smaller GM coefficient
kgm could potentially increase the sensitivity to the isopycnal
diffusivity. Ocean models sometimes set the GM coefficient
equal to the isopycnal diffusivity primarily for computational
convenience. Estimates of both coefficients based on quasi-
geostrophic theory, however, suggest that this may be un-
realistic (Smith and Marshall 2009; Vollmer and Eden
2013). Kamenkovich and Sarachik (2004) discuss density
and circulation changes similar to what we find here by
varying the GM and isopycnal diffusivity, but setting them
both equal. Our study suggests that part of the circulation
sensitivity can be attributed to the increase in isopycnal
diffusivity.

Our study shows that the strength of isopycnal diffusion
not only controls the uptake of carbon and other passive
tracers as shown in previous studies, but is also as impor-
tant as the surface fluxes in shaping the circulation in the
ocean. The results emphasize that constraining both kgm
and kiso is crucial to improve climate models. Estimates
from observations and eddying ocean models suggest that
the eddy diffusivities are large where eddy kinetic energy
is large and that mixing is suppressed across strong cur-
rents (Eden and Greatbatch 2008; Ferrari and Nikurashin
2010; Bates et al. 2014; Griesel et al. 2015). Flow-dependent
parameterizations can induce additional feedbacks not only on
the passive tracer concentrations but also on the circulation.

FIG. 11. Summary of the processes that influence density in the
isopycnal layers around 6408 latitude under increasing isopycnal
diffusivity.
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The eddy-compensation and saturation feedback effects com-
monly diagnosed to varying degrees from ocean models (e.g.,
Hallberg and Gnanadesikan 2006; Spence et al. 2009; Farneti
and Gent 2011; Hofmann and Morales Maqueda 2011; Jochum
and Eden 2015) have been associated with the advective ef-
fects of the eddies. Our study suggests that similar feedbacks
on the circulation might operate with respect to the diffusive
effects of eddies. Care should therefore be taken on the
choice of isopycnal diffusivity, and more studies are needed
to quantify the effect of spatially varying isopycnal diffusion
on climate.
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